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Abstract

The Green Point Formation in western Newfoundland, Canada, includes the Global
Boundary Stratotype Section and Point (GSSP) of the Cambrian-Ordovician (€-O) boundary.
This formation consists mainly of slope deposits of alternating lime mudstone and shale interbeds
(rhythmites). In this study, we conducted an analysis of the isotopic and elemental signals of Mo
and U in the shale and limestone. Additionally, we examined the textures and bulk §**Spy signals
of biological pyrite in the shale and investigated the I/Ca ratios of the limestone. These analyses
aim to provide a more comprehensive understanding of the depositional environments and marine
redox conditions during the €-O transition.

The analysis revealed broad ranges of the shale authigenic §”*Moaut (—0.40 to +3.16%o)
and the limestone §°*Mocarb (—0.30 to +2.34%o) values. These observations, combined with
significantly low Mo concentrations and the lack of fossils and bioturbations, suggest that the
shale and limestone were both deposited under weakly oxygenated (dysoxic to anoxic) bottom
conditions. Furthermore, an inverse correlation between the shale 8°*Moauth and 8%*Uau values,
similar to those observed in modern semi-restricted basins, indicates that the local continental
margin seawater was probably partially isolated from the open ocean. In accordance with this
inference, significant inverse relationships are observed between the §**Spy values and the
contents of terrigenous elements (Al, Th, and Y REE), indicating that terrestrial inputs might have
influenced the regional seawater sulfate level. Interestingly, parallel changes are noted between

the bulk §**Spy values and abundances of pyrite precipitated in sedimentary porewaters,
il



suggesting that the 8°*Spy variability could also be influenced by varying amounts of pyrite
formed at different diagenetic stages within the samples. As a result, the fluctuation of bulk §**Spy
signals alone may not necessarily indicate perturbations of the global marine sulfur cycle.

Despite the evidence for partial basin isolation, the average shallow seawater ***U
signals (—0.70 + 0.24%o, 1), inferred from the limestone §***Uecar values, were probably close to
coeval open oceans. With this estimated mean oceanic §***U value, our three-sink U-isotope mass
balance model predicts that the €-O transition was a time of expanded marine anoxia with anoxic
to euxinic seawater covering 1.0 to 21.1% of the ocean floor. This prediction aligns with the
observation of substantially low I/Ca ratios ranging from 0.02 to 0.33 umol/mol in the limestone.
These ratios fall well below the Proterozoic Eon background I/Ca values of ~0.5 to 1 pmol/mol,
indicating the presence of a shallow marine oxycline along the regional continental margin.
Similar observations have been reported in several other age-equivalent sections deposited along
the shelf and slope of the ancient lapetan and Laurentian continental margins. Consequently, it is
plausible to suggest that seawater surrounding the Iapetan and Laurentian continental margins
during the €-0 transition might have been poorly oxygenated, with shallow oxyclines or
expanded oxygen minimum zones in the shelf and/or slope areas. These findings agree with
earlier viewpoints that the middle-late Cambrian to the Early Ordovician marine biodiversity

plateau was linked to widespread oceanic anoxia.
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Preamble

This thesis is written in a manuscript style, where the main body comprises three peer-
reviewed journal papers (Chapters 2 to 4). Chapter | introduces the geological background, the
early Paleozoic marine biodiversity and redox conditions, and objectives of this thesis. Chapter 5

summarizes conclusions reached in Chapters 2 to 4 and offers suggestions for future work.



Chapter 1

1. Introduction
1.1. Geological background

1.1.1. Lithostratigraphy and biostratigraphy

The Green Point Formation in western Newfoundland (Figure 1.1a), which has the Global
Stratotype Section and Point (GSSP) for the base of the Ordovician system, is part of the Humber
Arm Allochthon in the northeast Canadian Appalachians (James and Stevens, 1986; Waldron et
al., 1998; Cooper et al., 2001). This formation accumulated at a slope toe area within the Taconic
Seaway during the Cambrian-Ordovician transition and was later buried under low-energy
carbonates of the St. George Group (James and Stevens, 1986; Knight et al., 2007, 2008; Lavoie
et al., 2012; White and Waldron, 2022). The Taconic Seaway was likely a retroarc basin
separating the eastern Laurentian continental margin from a series of off-margin microcontinents
(White and Waldron, 2022). The lithology of the Green Point Formation has been studied and
discussed in detail by James and Stevens (1986). This formation consists of three conformable
members: the basal Martin Point Member, the middle Broom Point Member, and the upper St.
Pauls Member. These members are dominated by shale, siltstone, and ribbon to parted

limestone', with minor conglomerate or breccia beds.

' Ribbon limestone refers to alternating limestone and argillaceous beds with similar thicknesses,
while the limestone beds of parted limestones are several times thicker than the alternating
argillaceous layers.



The basal Martin Point Member, a 100—150 m thick late Cambrian sequence, is
dominated by green, gray, and black shale with minor thin conglomerate beds and a few layers of
thin siltstone, fine-grained calcareous sandstone, and ribbon to parted limestone. The Broom
Point Member, early Tremadocian age, is a ~80 m sequence of ribbon to parted lime mudstone
with thin green, gray, black shale, and sporadic conglomerate beds. The upper St. Pauls Member,
a 130 to 150m mid-late Early Ordovician sequence overlain by the Lower Head sandstone,
consists primarily of red, green, and black shale with minor parted to ribbon limestone,
conglomerate beds, and buff-weathering siliceous dolomite layers of variable thicknesses. The
shale, siltstone, and ribbon/parted limestone are hemipelagites that were probably deposited by
gravity flows and/or pelagic fallout (James and Stevens, 1986; Coniglio and James, 1990). The
conglomerates were likely deposited as a result of margin collapses linked to subaerial erosions
or large storm waves (James and Stevens, 1986).

The studied interval of the Green Point Formation spans the upper part of the Martin
Point Member and the lower part of the Broom Point Member (Beds 17 to 27, Figure 1.1b). This
interval has been mildly affected by thermal alternation as suggested by low conodont alteration
indices (< 1.5, Cooper et al., 2001). Petrographic and geochemical evidence supports the good
preservation of the near-micritic limestone (Azmy et al., 2014, 2015). In addition, a reasonable
Re-Os age of 484 + 16 Ma obtained from the shale points to insignificant influence from

postdepositional diagenesis and weathering (Tripathy et al., 2014). Earlier studies revealed that
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Figure 1.1: (a) Location (49° 40’ 51” N, 57° 57’ 36” W, marked by inverted pyramids) of the
Cambrian-Ordovician GSSP boundary section at Green Point in western Newfoundland, Canada
(following Cooper et al., 2001). (b) Stratigraphic framework of the investigated interval of the
Green Point Formation showing bed numbers and the reconstructed sea-level variation across the
boundary (modified from Azmy et al., 2015). Abbreviations: HST= high stand systems tract, LST
= low stand systems tract, TST = transgressive systems tract, MRS = maximum regressive

surface, MFS = maximum flooding surface, and SQB = sequence boundary.

this interval was deposited under oxygen-depleted but non-euxinic bottom conditions as indicated

by the lack of fossils and bioturbations, relatively high carbonate Ce/Ce* values (~0.8 to 1.0), and



depletions of shale Mo, U, and Re compared to Phanerozoic euxinic shale (James and Stevens,
1986; Azmy et al., 2014; Tripathy et al., 2014).

The conodont zone of this interval consists of, in ascending order, the Cordylodus
proavus Zone, the Cordylodus caboti Zone, the Cordylodus intermedius Zone, the lapetognathus
Sfluctivagus Zone, and the Cordylodus angulatus Zone (Barnes, 1988; Cooper et al., 2001; Zhang
and Barnes, 2004). The first appearance datum of the lapetognathus fluctivagus Zone, the marker
of the Cambrian—Ordovician boundary in the GSSP section at Green Point, was identified within
Bed 23 at the bottom of the Broom Point Member (Cooper et al., 2001).

1.1.2. Tectonics

The Green Point Formation of the Cow Head Group in western Newfoundland was
deposited along the eastern Laurentian margin developed by active rifting of the Rodinia during
~570 to 550 Ma (Cawood et al., 2001). The passive Laurentian margin began to transform into a
convergent continental margin in the latest Cambrian due to Taconic Orogeny, which resulted in
the transformation of the continental shelf to a foreland basin and the progressive destruction of
the Taconic Seaway (Knight et al., 1991; Waldron et al., 1998; White and Waldron, 2022). This
formation then experienced several episodes of uplift and subsidence and was deformed and
transported westward to the present position attributed to the middle-late Ordovician Taconic, the
Silurian Salinian, and the Early Devonian Acadian orogenic events (Jacobi, 1981; Knight et al.,

1991; Waldron et al., 1998; van der Velden et al., 2004 and references therein).



1.2. The early Paleozoic marine biodiversity and redox conditions

During the early Paleozoic, the marine realm experienced remarkable radiations of
organisms, prominently highlighted by two notable events, namely the Cambrian Explosion (CE)
and the Great Ordovician Biodiversification Event (GOBE) (e.g., Harper et al., 2006; Payne and
Finnegan, 2006; Schmitz et al., 2007; Alroy et al., 2008, 2010; Servais et al., 2008, 2010; Terfelt
et al., 2014; Nowak et al., 2015; Algeo et al., 2016; Buatois et al., 2016; Stigall et al., 2019). The
early-middle Cambrian (Terreneuvian—Epoch 2) witnessed a significant surge in marine diversity,
commonly referred to as the CE, which was probably rooted in the late Ediacaran radiation (Zhu
et al., 2017). Paleontological evidence shows that radiation of the early Cambrian marine life
started in open shallow marine settings and then expanded to deeper marine environments
(Méngano et al., 2014). After this rapid biodiversification, the marine biodiversity reached a
plateau from the middle Cambrian (Epoch 3) to the earliest Ordovician (early Tremadocian) (e.g.,
Buatois et al., 2016; Stigall et al., 2019). The GOBE later took place during the mid-late
Tremadocian to Katian, marking another phase of spectacular diversification of marine life at
nearly all taxonomic levels and the development of more complex marine ecosystems than those
of the Cambrian (Trotter et al., 2008; Servais et al., 2010; Kroger, 2017). Following the GOBE,
the latest Ordovician witnessed dramatic mass extinctions that may have led to the loss of ~85%

of marine species (Harper et al., 2014; Zou et al., 2018; Bond and Grasby, 2020).



The breakup of continents (Rasmussen et al., 2019) and increased interplay between
faunas (Kroger and Landing, 2010; Fan et al., 2021) might have played roles in the CE and the
GOBE. However, rises in oceanic and atmospheric oxygen levels have been widely accepted as
the key triggers for rapid biodiversifications in the early Paleozoic (Trotter et al., 2008; Sperling
et al., 2013; Marenco et al., 2016; Servais et al., 2016, 2019; Adiatma et al., 2019; Dahl et al.,
2019; Kozik et al., 2019; Goldberg et al., 2021). Mass extinctions during this time period have
been commonly attributed to expansions of ocean anoxia linked to enhanced primary
productivities (Zhang et al., 2010; Dahl et al., 2014, 2019; Gerhardt and Gill, 2016; Marenco et
al., 2016; D'Arcy et al., 2017; Li et al., 2017; Zou et al., 2018; Pruss et al., 2019; Wei et al., 2020;
Young et al., 2020) or upwelling of deep anoxic waters onto shallow marine settings (Elrick et

al., 2011; Pagés and Schmid, 2016; Li et al., 2019; LeRoy et al., 2021).

1.3. Motivation and objectives

The early Paleozoic witnessed two spectacular radiations of marine organisms, namely
the CE and the GOBE, as mentioned above. However, the period between them was
characterized by a marine biodiversity plateau, which has been attributed to recurrent biocrises
linked to expanded marine anoxia and greenhouse climates (e.g., Saltzman et al., 2015; LeRoy et
al., 2021). To substantiate this explanation, further studies on marine redox states during this time
interval are necessary. Additionally, the lime mudstone of this interval exhibits a pronounced

negative 8'3Cearb excursion of ~6.0%o near the €-O boundary likely linked to variations in



primary productivity (Azmy et al., 2014, 2015). Nonetheless, the factors contributing to changes
in primary productivity at the €-O boundary and whether this prominent §'*Ccarb excursion was
associated with oscillations of the marine carbon cycle have not been thoroughly understood.
Furthermore, the depositional environments and the potential role of basin restriction effects
during the deposition require further investigations. Geochemical proxies, including sedimentary
pyrite 8**S signals, U and Mo isotopic and elemental signatures of shale and carbonate, and
carbonate I/Ca ratios, are essential tools for studying depositional environments and
reconstructing paleo-oceanic redox conditions (e.g., Algeo et al., 2009; Lu et al., 2010, 2016; Gill
etal., 2011; Kendall et al., 2011, 2013, 2015, 2020; Dahl et al., 2014, 2019; Hardisty et al., 2014,
2017; Song et al., 2014; Zhou et al., 2014, 2015; Gilleaudeau and Kah, 2015; Gerhardt and Gill,
2016; Edwards et al., 2018; Siedenberg et al., 2018; Lu et al., 2018; Luo et al., 2018; Wei et al.,
2018, 2020, 2021; Gilleaudeau et al., 2019; Raven et al., 2019; Thomazo et al., 2019; Tostevin et
al., 2019; Paiste et al., 2020; Goto et al., 2021). Therefore, various tools like the isotopic and
elemental signals of Mo and U, I/Ca ratios, and pyrite textures and §**S signals in the
shale/limestone from the €-O boundary GSSP section at Green Point in western Newfoundland

are employed to address the aforementioned questions.

1.4. Thesis outline

In Chapter 2, the isotopic and elemental data of Mo and U in shale and lime mudstone of

the Green Point Formation were employed to understand the local depositional environments and



coeval marine redox states. This chapter has been published as “Li, J., Azmy, K., Kendall, B.,
2022. The Mo- and U-isotope signatures in alternating shale and carbonate beds of rhythmites: A
comparison and implications for redox conditions across the Cambrian-Ordovician boundary.
Chem. Geol. 602, p.120882”.

Chapter 3 investigates factors (e.g., positions of sedimentary pyrite formation and the
basin restriction effect) influencing the bulk biological pyrite §**S variability as well as the
depositional redox conditions. This chapter has been accepted by the journal Chemical Geology
as “Li, J., Azmy, K., 2023. Variability of sedimentary pyrite $**S records: A case study of slope
shale of the Green Point Formation in western Newfoundland, Canada”.

Chapter 4 explores the local continental margin seawater and global marine redox
conditions using the lime mudstone I/Ca ratios and a three-sink U isotope mass balance model.
This chapter is under review in the journal Marine and Petroleum Geology as “Li, J., Karem, A.,
2023. Expanded marine anoxia at the Cambrian-Ordovician transition: Evidence from lime
mudstone I/Ca and §**%U signatures of the GSSP in western Newfoundland, Canada. Mar. Pet.
Geol., IMPG-D-23-00344".

Chapter 5 provides a summary of the key findings and general conclusions derived from

this research. In addition, this chapter also provides suggestions for future work.
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Abstract

The Green Point Formation (GPF) of the Cow Head Group in western Newfoundland
(Canada) includes the Global Boundary Stratotype Section and Point (GSSP) for the Cambrian-
Ordovician (€-O) boundary on Laurentia. This formation is composed primarily of thick, deep
subtidal to slope deposits (rhythmites) of alternating lime mudstone and shale interbeds. Here, we
employ isotopic and elemental data of Mo and U of the shale and carbonate to better understand
their depositional environments and the open ocean redox conditions at the €-O transition. The
variability of §”*Moaun (—0.40 to +3.16%o) indicates variable aqueous sulfide concentrations
([H2S]aq) in the bottom water or porewater during deposition of the shale. A significant positive
correlation of shale [Mo]auth With [UJauth, coupled with low Mo concentrations compared to
Phanerozoic euxinic shales further, points to weakly reducing (~dysoxic/suboxic to anoxic)
benthic conditions with H2Saq primarily confined to porewaters. For the lime mudstone, the
5”®Mo variability (—0.30 to +2.34%o) suggests variable [H2S]aq in porewaters during early
diagenesis. Low Mo concentrations ([Mo]earb = 0.25 £ 0.80 pg/g, 20) and a poor correlation of
[Mo]carb With §”®Mocars indicate weak sulfidic ([H2S]aq < 11 uM) porewater conditions and
possibly dysoxic to suboxic bottom environments. Thus, the §°*Mocab may not track the §**Mo of
basin water because of low [H2S]aq in porewaters and insignificant accumulation of authigenic
Mo during early diagenesis. This explanation is consistent with a poor correlation between

3” Mocars and the §%38U of basin water (estimated from §?*®*Ucar). A cautious examination of
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Mokr/Uer, 8**Moauth, and 8**Uaum of the shale suggests that the GPF was likely deposited in a
basin with topographic barriers. During deposition of the lower and middle part of the studied
interval, the barriers in combination with sea-level fluctuations may have caused partial isolation
of the local basin from the open ocean.” Rapid sea-level rises in the earliest Ordovician greatly
increased the connectivity between the basin and the open ocean, resulting in remarkable
increases in Moer/Ugr, [Mo Jauth, and [UJaum of the shale. The §**%U of the earliest Ordovician
open oceans, inferred from 8**Ucar, exhibited perturbations and an average value of —0.78 +
0.33%o (20), reflecting oceanic redox oscillations and expanded ocean euxinia compared to the

modern oceans.

2.1. Introduction

The early Paleozoic was characterized by spectacular radiations of marine organisms
(Harper et al., 2006; Servais et al., 2008, 2010; Van Roy et al., 2010, 2015; Terfelt et al., 2014;
Candela, 2015; Nowak et al., 2015), whereas the late Cambrian and the Early Ordovician only
witnessed a moderate increase in marine biodiversity (Buatois et al., 2016; Servais et al., 2016;
Rasmussen et al., 2019; Stigall et al., 2019). This rate change could be attributed to greenhouse
climates (Trotter et al., 2008; Goldberg et al., 2021) and repetitive ocean anoxic events (Saltzman

etal., 2015; D'Arcy et al., 2017; Edwards et al., 2018; Pruss et al., 2019). Nonetheless, Saltzman

2 New evidence suggests that the whole studied interval was likely deposited in a partially isolated

basin. Please check Section 3.5.2.2.
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et al. (2011) proposed a dramatic increase in atmospheric pO:2 to 28% in the earliest Ordovician
compared to 21% today, favoring the expansion of ocean oxygenation. Thus, the Cambrian-
Ordovician transition was likely a time of significant oscillations in oceanic redox conditions
(e.g., Saltzman et al., 2015). This proposition, however, has not been well constrained by redox-
sensitive elements and their isotopes (e.g., Mo and U).
2.1.1. Mo and U in non-carbonate sediments

Isotope compositions and concentrations of Mo and U in sediments have been widely
applied to study local depositional environments and reconstruct paleo-ocean redox conditions
due to their redox sensitive natures (e.g., Wille et al., 2007; Dahl et al., 2010b, 2014; Scheiderich
et al., 2010; Duan et al., 2010; Brennecka et al., 2011; Wen et al., 2011; Kendall et al., 2011,
2013, 2015, 2020; Zhou et al., 2012; Baldwin et al., 2013; Proemse et al., 2013; Herrmann et al.,
2018; Zhang et al., 2020; Wei et al., 2021). In oxygenated ocean waters, Mo and U exist
primarily as soluble molybdate (MoO4*) and uranyl complexes (e.g., UO2(CO3)3*", Djogi¢ et al.,
1986; Morford and Emerson, 1999). Dissolved Mo and U in the modern oceans have much
longer residence times (~ 440 kyr and ~ 320-560 kyr, respectively, Dunk et al., 2002; Miller et
al., 2011) compared with the ocean mixing time (~1kyr, Sarmiento and Gruber, 2006). This
resulted in homogeneous §**Mo and 6**3U signatures of the modern seawater (§°*Mosw = +2.34 +
0.10%o0 (26), 5**%Usw = —0.39 £ 0.01%o (20), Nigler et al., 2013; Tissot and Dauphas, 2015).

Under oxic conditions ([O2]aq > ~ 60-90 uM), the **Mo isotope is preferentially adsorbed

by Mn-Fe (oxyhydr)oxides, which are isotopically lower than seawater by ~3.0%o (Barling et al.,
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2001; Siebert et al., 2003). Dissolved MoO4?" ions are reduced to particle-reactive thiomolybdates
(MoOxS4—~*", where x = 0 to 3) in sulfidic porewaters or bottom waters, and the reduced Mo
species can be removed into sediments by fixing into reactive polysulfides, iron or iron-sulfur
phases, or organic matter (Helz et al., 1996; Erickson and Helz, 2000; Siebert et al., 2006; Nagler
etal., 2011; Dahl et al., 2010a; Noordmann et al., 2015; Wagner et al., 2017; King et al., 2017;
Helz and Vorlicek, 2019).

Sediments deposited under dysoxic/anoxic ([Oz2]aq = 0 to ~ 60-90 uM) to weak sulfidic
(H2SJaq <11uM) bottom conditions are commonly lower than seawater in °*Mo by ~ 0.7 to
2.8%o, probably attributed to non-quantitative removal of aqueous Mo because of incomplete
conversion of MoO4>" to MoS4?". In contrast, under strong sulfidic ([H2S]Jaq > 11uM) benthic
conditions, sediments usually exhibit seawater-like 3°*Mo signatures due to complete conversion
of MoO4?" to tetrathiomolybdate (Mo0S4*") and the subsequent quantitative removal of Mo from
bottom waters (Erickson and Helz, 2000; Poulson et al., 2006; Dahl et al., 2010a; Négler et al.,
2011; Scott and Lyons, 2012; Noordmann et al., 2015; Goldberg et al., 2016; Wagner et al.,
2017; Helz and Vorlicek, 2019). However, the §°*Mo of reducing sediments could become lower
than expected as the result of the operation of particulate Fe-Mn shuttle processes (e.g., Ostrander
et al., 2019; Kendall et al., 2020).

The §**8U of modern oxic marine sediments (e.g., Mn-Fe (oxyhydr)oxides) are commonly
lower than that of the seawater by ~ 0.1 to 0.2%o, whereas reducing sediments are generally more

enriched in the heavier U isotope attributed to incorporation of reduced U*" phases (Weyer et al.,
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2008; Stirling et al., 2015; Tissot and Dauphas, 2015 and references therein). Dissolved U®* can
be reduced to U*" by bacteria at the Fe?"—Fe** redox boundary, which primarily occurs in
sedimentary porewaters (Zheng et al., 2002a,b; Algeo and Tribovillard, 2009; Bura-Naki¢ et al.,
2018). Theoretically, this process can cause large U isotope fractionations (AZ¥Uu*"_¢*") of ~
+1.2%o0 (Andersen et al., 2014). However, the observed AZUu*"_u®" in reducing sediments are
generally lower than this value because of U diffusive-reactive processes in porewaters
(Andersen et al., 2014; Lau et al., 2020). The product U*" ions are then removed into sediments
as organic matter-associated U species or uraninite precipitates (Weyer et al., 2008; Stirling et al.,
2015; Stylo et al., 2015). The §***U of sediments formed under weakly oxygenated and
anoxic/euxinic waters are usually heavier than that of seawater by ~ 0 to 0.2%o and ~ 0.3 to 0.8%o,
respectively (Weyer et al., 2008; Andersen et al., 2014; Rolison et al. 2017; Bura-Naki¢ et al.,
2018; Briiske et al. 2020). The average U isotope fractionation associated with U pore-water
diffusion and reduction under anoxic/euxinic benthic conditions is ~ +0.6%o (Andersen et al.,
2014; Tissot and Dauphas, 2015). In addition to redox conditions, the isotope fractionation
between U* and U** can also be affected by organic matter burial rates, sedimentation rates, and
basin reservoir effects (Andersen et al., 2014; Lau et al., 2020).
2.1.2. Mo and U in carbonates

Molybdenum exists in carbonates primarily as authigenic Mo phases formed during early
diagenesis (e.g., Romaniello et al., 2016) and Mo accommodated on calcite surfaces (Midgley et

al., 2020). Natural non-skeletal carbonates (e.g., ooid sands) and synthesized carbonates have
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been reported to exhibit negligible Mo isotope fractionations from ambient solutions (Voegelin et
al., 2009; Chen et al., 2021). Seemingly, ancient limestone may have the potential to capture the
5”®Mo of coeval ocean waters (Voegelin et al., 2010). However, the §**Mo of bulk carbonates
would be lower than that of seawater if they are formed within weak sulfidic porewaters
(Romaniello et al., 2016) or mixed with Mo adsorbed onto Fe-Mn (oxyhydr)oxides and organic
matter (King et al., 2017; Bura-Naki¢ et al., 2020; Chen et al., 2021). In fact, only carbonate
sediments deposited within strong sulfidic porewaters and with significant enrichments of
syndepositional authigenic Mo are likely to capture the §°*Mo of seawater (Romaniello et al.,
2016).

Uranium can be incorporated into calcite by substituting calcium with U%* or U**
(Sturchio et al., 1998; Reeder et al., 2000; Kelly et al., 2003, 2006). Both biogenic and abiogenic
primary carbonates are found to capture seawater-like $***U (Romaniello et al., 2013; Stirling et
al., 2015). Nonetheless, §?*®U of modern bulk carbonates are commonly heavier than that of
seawater by ~ 0.25%o, which have been attributed to the addition of reduced U phases during
early diagenesis (Romaniello et al., 2013; Chen et al., 2018; Tissot et al., 2018; Bura-Naki¢ et al.,
2020). Consequently, this §***U offset needs to be corrected when using §***U of ancient bulk
carbonates to constrain ancient seawater redox conditions (Chen et al., 2018; Tissot et al., 2018;

Bura-Naki¢ et al., 2020).
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2.1.3 [Mn] and Mn/Al of non-carbonate sediments

[Mn] and Mn/Al of non-carbonate sediments can be applied as independent local redox
proxies (e.g., Scheiderich et al., 2010; Scott and Lyons, 2012; Bond et al., 2020). The insoluble
oxidized Mn*"*" can be transformed to soluble Mn?* under suboxidized conditions, and thus the
rise in [Mn] and Mn/Al of sediments may indicate increased redox potentials (Algeo and Li, 2020
and references therein). A [Mn] higher than 850 pg/g (the average crust) is usually used as an
indication of oxidized conditions (Young et al., 2020 and references therein).

In this study, we present new Mo and U isotope data of the Green Point shale, together
with geochemical data of the Green Point carbonate and shale previously reported by Azmy et al.
(2014, 2015) and Bisnaire (2018), to 1) improve the understanding of the depositional conditions
of the investigated interval and 2) provide an estimate of global redox conditions for the earliest

Ordovician oceans.

2.2. Geological background

2.2.1. Geologic Settings

The Green Point Formation in western Newfoundland (Figure 2.1) is a part of the Humber
Arm Allochthon in the northern Appalachian Orogen. It was deposited along the low latitude (~
30°S, Scotese, 2014) Laurentian margin during the late Cambrian to early Ordovician (James and
Stevens, 1986; Waldron et al., 1998; Cooper et al., 2001). The Laurentian plate developed by

active rifting of Rodinia around 570 to 550 Ma, which also resulted in the opening of the Iapetus
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Figure 2.1: Location of the Cow Head Group and the Green Point Formation in western
Newfoundland (modified from Cooper et al., 2001).

Ocean (Cawood et al., 2001). Then, a pre—platform shelf formed and was eventually covered by
clastic sediments during the Neoproterozoic to early Cambrian (James et al., 1989). A major
transgression flooded the Laurentian platform margin and resulted in the accumulation of thick

carbonate deposits between the early Cambrian and early Ordovician (Wilson et al., 1992; Lavoie
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et al., 2013). The platform deposits, dominated by high-energy carbonates, were deposited during
the middle to late Cambrian and similarly the coeval carbonate/shale slope deposits of the Cow
Head Group. Those sediments were later buried under the low-energy carbonates of the St.
George Group during the early to earliest middle Ordovician (cf. Knight et al., 2007, 2008;
Lavoie et al., 2013). Then, they were deformed and transported westward by the mid-late
Ordovician Taconic, the Silurian Salinian, and the Early Devonian Acadian orogenic events
(Jacobi, 1981; Knight et al., 1991; Waldron et al., 1998; van der Velden et al., 2004 and
references therein).
2.2.2. Lithostratigraphy

The lithostratigraphy of the €-O boundary section, which is part of the Green Point
Formation (GPF) of the Cow Head Group (Figure 2.2), has been studied and discussed in detail
by James and Stevens (1986) and references therein. The GSSP boundary section spans the
uppermost Cambrian Martin Point and lowermost Ordovician Broom Point members. The GPF
comprises the fine-grained siliciclastic-carbonate hemipelagic slope deposits of the Cow Head
Group, which are generally composed of dark gray to black fissile shale alternating with thin (~
lem-thick) interbeds of ribbon limestone rhythmites. Siltstone interbeds (up to 1 cm thick) may
co-occur with shale, and the limestone interbeds vary from isolated and thin to up to 20 cm thick.
Conglomerate beds may occur and contain debris of shallow-water carbonates and/or early

lithified upper slope deposits that were transported into deep-water facies along the slope of the
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Laurentian margin, possibly by turbidity currents (James and Stevens, 1986; Coniglio and James,
1990).

The current spike marking the €-O boundary in the GSSP section at Green Point (Figure
2.2) is placed within Bed 23 (Cooper et al., 2001). A geochemical anomaly marked by a negative
813Cearb excursion (~6%o, Figure 2.3) has been documented starting at a stratigraphic level

approximately in the middle of Bed 22 (Azmy et al., 2014, 2015).

2.3. Methodology

2.3.1. Samples and sample digestion

Shale samples were collected from the rhythmites of the Martin Point Member and
Broom Point Member of the GPF (Figure 2.2, Table 2.1) at high resolution (sampling intervals as
small as 10 cm) from the €-O GSSP boundary section (49° 40" 51" N; 57° 57' 36" W) at Green
Point, western Newfoundland (Figure 2.1). Around 9g of material from each sample was
powdered using a mechanical mill. Powdered samples (75-100 mg each) were then ashed
overnight at 550 °C and dissolved completely by HF—-HNO3—HCI acid digestion.
2.3.2. Uranium Isotopes

Uranium isotope measurements for the carbonates were previously reported in Azmy et
al. (2015). In this study, we report U isotope data for the shale following methods outlined in
Weyer et al. (2008) and Kendall et al. (2013). Before ion-exchange chromatography, a portion of

each sample solution was equilibrated with an appropriate amount of double spike solution
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Figure 2.2: Stratigraphic framework of the Cambrian-Ordovician GSSP boundary section in
western Newfoundland, Canada showing bed number and detailed measured section with the
positions of investigated samples (GP and GPS refer to carbonate and shale samples,
respectively) and the reconstructed sea-level variation across the boundary (modified from Azmy
et al., 2015 and Bisnaire, 2018). Abbreviations as follows: HST- high stand systems tract, LST -
low stand systems tract, TST - transgressive systems tract, MRS - maximum regressive surface,
MES - maximum flooding surface, and SQB - sequence boundary.

(33U-?%U) to facilitate the correction for isotope fractionation during column chromatography

and mass spectrometry. Uranium was isolated and purified from sample solutions using
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Eichrom® UTEVA resin. The U isotope compositions of the samples were determined using a
Thermo Scientific Neptune multiple collector (MC) ICP-MS instrument equipped with an ESI
Apex desolvating inlet system at Arizona State University. Sample U isotope compositions
(82°%U) were reported relative to the CRM 145 standard as follows:
828U (%0) = (P*¥23U sampte / 2¥233U crmiss— 1) x 1000

Repeated measurements of the U isotope standards Ricca and CRM129a during the
course of this study yielded average §***U values of —0.21 + 0.06%o (20; n = 12) and —1.69 +
0.09%o (20; n = 12), respectively. The values for Ricca and CRM129a agree well with those
reported in previous studies (Yang et al., 2017; Zhang et al., 2018). During this study, the United
States Geological Survey (USGS) standards SBC-1 and SGR-1b were processed and analyzed in
an identical manner as samples and yielded average 6**3U values of —0.20 + 0.05%o (20, n = 2)
and —0.22 + 0.06%o (20, n = 3), respectively. These values are statistically identical to those
reported by Rolison et al. (2017) and Yang et al. (2017).
2.3.3. Molybdenum Isotopes

Molybdenum isotope measurements for the carbonates have been reported by Bisnaire
(2018). The measurements for the molybdenum isotope compositions of the shale followed
methods outlined in Duan et al. (2010) and Herrmann et al. (2012). After equilibration of a
portion of the sample solution with an appropriate amount of double spike (°’Mo—'"’Mo), Mo
was isolated and purified using first anion exchange chromatography (isolates Mo + Fe) and then

cation exchange chromatography (to separate Mo from Fe) (Barling et al., 2001; Arnold et al.,
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2004; Duan et al., 2010). The Mo isotope compositions of the samples were determined using the
Neptune MC-ICP-MS at Arizona State University. Sample Mo isotope compositions (§°*Mo) are
calculated relative to in-house standard RochMo2 and then corrected to be reported relative to the
NIST SRM 3134 standard by taking into consideration the measured isotopic composition of
NIST SRM 3134 relative to RochMo2 during the course of the study. Following Négler et al.
(2013), the NIST SRM 3134 standard is set to 0.25%o. Sample Mo isotope data are thus reported
as follows:
57 Mo (%o0) = 1000 x [(**Mo/**Mo)sample /(**Mo/*Mo)Nist srm 3134) — 1] + 0.25

The USGS standard SDO-1 was measured alongside samples and yielded an average
5”8 Mo of 1.05 £ 0.04%o (26, n=10), in agreement with previous studies (Kendall et al., 2015; Lu
et al., 2017). We also report average 5°*Mo values of 0.66 = 0.04%o (20, n=4) and 0.63 = 0.02%o
(20, n=3) for SBC-1 and SGR-1b, respectively, which are potential standards to replace the now-
exhausted SDO-1 standard.
2.3.4. Calculation of authigenic 6>*U and 6°Mo of the Green Point shale

Bulk sample §°*Mo and §**®U for shale with low Mo and U concentrations can be
influenced significantly by the U- and Mo-bearing detrital minerals, which is particularly
important for siliciclastic-dominated shale. In this study, we estimate the authigenic U and Mo
isotope compositions for the shale using the following formulas:

c(M)det = [c(M)/c(A])Jiocal crust X ¢(Al)sam

C(M)auth = C(M)sam - C(M)det
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82*8Uauth = [6**¥Usam % ¢(U)sam — 8%*8Udet X ¢(U)det] / ¢(U) auth

8" Moauth = [8”*Mosam % ¢(Mo0)sam — 8”*Modet X ¢(Mo0)det] / ¢(MO auth
where ¢(M) refers to the concentration of Mo or U, auth = authigenic, sam = sample, and det =
detrital (following Noordmann et al., 2015).

The average upper continental crust is often used to approximate the composition of
detrital components (e.g., Bura-Naki¢ et al., 2018; Briiske et al., 2020). However, the detrital
[Mo] and [U] in the Green Point Shale could be overestimated (indicated by numerous negative
inferred [Mo]auth and [U]Jauth values, Supplementary data) if the detrital correction was based on
the average upper crust ([Al] = 8.15 wt%, [Mo] = 1.1 pg/g, [U] = 2.7 ng/g, Rudnick and Gao,
2014). This scenario may be caused by the spatial heterogeneity in the composition of detrital
material to marine basins (e.g., Cole et al., 2017).

Here, the average eastern Canadian Precambrian Shield (Northern Quebec) ([Al] =9.05
wt%, [U] = 1.2 ng/g, Eade and Fahrig, 1973) is used to represent the detrital component. It is
dominated by granitic rocks (Eade and Fahrig, 1971) and was the possible source of terrestrial
materials to the investigated stratigraphic interval. However, the average [Mo] of the eastern
Canadian Precambrian Shield has not been constrained, and thus it is represented by the average
[Mo] of granitic rocks (~ 0.5ng/g, Hu and Gao, 2008; Greber et al., 2011; Neubert et al., 2011;
Voegelin et al., 2012). The isotopic compositions of detrital Mo and U are assumed to be similar
to average granitic rocks (8°*Mo = +0.5%o and §?*%U = —0.3%o, Greber et al., 2011; Neubert et al.,

2011; Voegelin et al., 2012; Tissot and Dauphas, 2015).
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Detrital Mo and U could be the primary components of the Mo and U budgets of shale if
their bulk Mo and U EFs (enrichment factors, Xer = (X/Al)sampie/(X/Al)iocal detrital component, Where X
and Al denote concentrations of X and Al) are lower than 2 (e.g., Lu et al., 2020). Therefore,
shale with bulk Mo and U EFs less than 2 are not used to calculate the abundances and isotope
compositions of authigenic Mo and U in this study.

In addition to detrital Mo and U, the Green Point shale may also contain carbonate-
associated Mo and U as they were deposited on a slope adjacent to a carbonate platform (James
and Stevens, 1986). However, the carbonate-associated Mo and U of the shale may be negligible
because of their low [Ca] (4.2 £ 5.7 wt%, 20, Table 2.1) and poor correlations of [Ca] with
[Mo]auth and [Ulaun (R?>= 0.003 and 0.007, respectively, Figure 2.4a). Thus, the calculation results
(Figure 2.3, Table 2.1) will be treated as the abundances and isotopic compositions of authigenic
Mo and U phases of the shale.

2.3.5. Estimation of basin water §*3%U signatures

The §?*8U of ocean or basin waters can be estimated by carbonate §***U (e.g., Dahl et al.,
2014, 2019; Wei et al., 2018, 2020; Tostevin et al., 2019; Zhang et al., 2020). A moderate
positive correlation of §?*¥Ucab with U/Ca (R? = 0.51, p < 0.01, Figure 2.4b, Table 2.2) implies
that §?*8U of the primary carbonate precipitates were likely altered by >**U-enriched
syndepositional authigenic U (e.g., Romaniello et al., 2013). Therefore, §?*%U of the basin water
(82*8Usw) are estimated based on the finding that the addition of syndepositional authigenic U

can increase the 5?*%U of primary carbonates by ~ +0.25%o (6**¥Usw = 8?**Ucarb — 0.25%o0) (Chen
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et al., 2018; Tissot et al., 2018; Bura-Naki¢ et al., 2020). Noteworthily, the calculated 5?**Usw
(Figure 2.3, Table 2.2) should represent the surface basin water as the carbonates were primarily

derived from the carbonate platform (James and Stevens, 1986).

2.4. Results

The TOC, [Al], [Ca], [Mn], [Mo]buik, and [U]buik of the shale (Figure 2.3, Table 2.1) are
collected from Bisnaire (2018). To investigate depositional redox conditions of the shale, only
concentrations and isotope compositions of the authigenic Mo and U are considered in this study.
The [Mo]auth and [U]Jauth of the shale vary between 0.16 and 24.30 pg/g (3.97 + 10.26 pg/g, 20)
and between 0.46 and 12.61 pg/g (2.94 £ 5.20 ng/g, 26), respectively. §’*Moaun values exhibit a
wide range from —0.40 to +3.16 %o, and 5?**Uaut values span from —0.62 to +0.12 %o and are also
highly variable. Poor correlations of [Mn] with [Mo]auth and 8°®*Moaut values (R? = 0.0004 and
0.02, respectively, Figure 2.4c) and of [Mo]auth with §?*Moauth values (R? = 0.001, Figure 2.4d).
These observations suggest negligible influences of the operation of particulate Fe-Mn shuttle
processes on the shale.

The 8'3C, TOC, [Al], [Mn], [Mo], [U], 8**Mo, §***U, and §**3U of the Green Point
carbonates (Figure 2.3, Table 2.2) have been reported by Azmy et al. (2014, 2015) and Bisnaire
(2018). In this study, detrital corrections for Mo and U concentrations and isotopic compositions
of carbonates are unnecessary as these samples are depleted in Al and were leached by weak acid

to avoid dissolving detrital silicate materials (Azmy et al., 2015; Bisnaire, 2018). The [Mo] and
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Figure 2.3: Stratigraphic and geochemical profiles across the Cambrian-Ordovician GSSP boundary in Green Point (western
Newfoundland, Canada) (Modified from Cooper et al., 2001 and Azmy et al., 2014). The dashed horizontal black line marks the
current level of the Cambrian-Ordovician biostratigraphic boundary (Cooper et al., 2001). The solid gray line refers to the level of the
geochemical anomaly documented by Azmy et al. (2014, 2015). The modern seawater Moger/Ugr value is calculated based on the
concentrations of Mo and U in modern ocean waters (~10.05ug/g and ~3.238ug/g, respectively) reported by Sun et al. (2000) and
Chen et al. (1986). MSW = modern seawater, the solid red line represents the three-point moving average of the Mo/Ugr values. This
figure is a modified version of the original figure.
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[U] of the carbonate interbeds range from 0.02 to 1.91 pg/g (0.25 + 0.80 pg/g, 26) and 0.11 to
3.10 png/g (1.06 £ 1.76 ng/g, 20), respectively. The §**Mocar values vary between —0.30 and
+2.34 %o, which are generally lower than that of modern seawater (~+2.34%o, Négler et al., 2013)
except for sample GP46 (8°*Mo = +2.34%o). The 8**¥Ucary and the estimated §23*Usw values span
from —0.97 to 0 %o and from —1.22 to —0.25%o, respectively. Poor correlations of [Mn]carb With
[Mo]carb and §”*Mocars (R? = 0.04 and 0.002, respectively, Figure 2.5a) suggest that the §**Mocarb
variability was not caused by the operation of Mn-Fe (oxyhydr)oxide shuttle processes. Limited

variation is observed in §***U, with most samples falling within 15%o of secular equilibrium.
2.5. Discussion

2.5.1. Evaluation of diagenetic influence

The evaluation of the diagenetic control on the geochemical signatures of the carbonates
has been discussed in detail by Azmy et al. (2014, 2015) and will be summarized here. The
petrographic examination indicated dominant fabric retentive lime mudstone (rhythmites of
micritic to near-micritic grain size) with insignificant recrystallization and non- to dull-
luminescence under cold cathodoluminoscope, thus supporting a high degree of petrographic
preservation (Azmy et al., 2014). The geochemical preservation was supported by the
insignificant correlations of the §'3Corg with TOC wt. % (R? = 0.01) and the §?**U with §23%U (R?
=0.02) values and the limited deviation in §***U from secular equilibrium, thus suggesting the
minimal modification of §?*U signatures by recent fluid flow during the past ~2 Myr. Also, the
insignificant correlations (R* < 0.1) between elements known to be sensitive to diagenesis and
enriched in crustal clastic rocks, such as Sr, Al, and Ti with the [U], [Mo], §***U, and §°*Mo
values argue for good preservation of depositional signatures and minimal overprint by silicate

inclusions (Azmy et al., 2015; Bisnaire, 2018).
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(R?=0.003 and 0.007, respectively) indicate minimal carbonate-associated Mo and U in the
shale. A moderate correlation between §***Ucarb and U/Ca (R? = 0.51, p <0.01) implies that §**3U
of the primary carbonates were likely altered by >**U-enriched syndepositional authigenic U.
Negligible correlations of [Mn] with [Mo]auth and 8**Moaut (R? = 0.0004 and 0.02, respectively)
and of [Mo]auth With §*Moauth (R? = 0.001) imply insignificant influences of the operation of Mn-
Fe (oxyhydr)oxide shuttle processes on the shale. The black, blue, and red solid lines are
regression lines for data with corresponding colors. These figures are updated versions of the
original figures.

The shale samples are free of obvious diagenetic features such as quartz/carbonate veins
and secondary macroscopic pyrite nodules. Weathered materials with altered pyrite were avoided
during field sampling. Significantly, a geologically reasonable Re-Os age of 484 + 16 Ma has

been obtained for the Green Point shale that supports insignificant postdepositional disturbance
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from both outcrop weathering and diagenesis (Tripathy et al., 2014). Although the relatively large
uncertainty on the Re-Os age (3.3%) indicates some disturbances, the agreement between the Re-
Os age and biostratigraphy suggests that mobilization of Re and/or Os was likely spatially
limited. Diffusion between beds in the finely interbedded shale and carbonate could produce
chemical variability only on a millimeter scale. Consequently, the petrographic and geochemical
evidence of preservation of carbonate (more susceptible to diagenetic modification relative to
shale) and similarly the alternating shale interbeds support a high degree of preservation of
sediments in the investigated section.
2.5.2. Depositional redox conditions of the Green Point shale and carbonate
2.5.2.1. The Green Point shale

The 8°®Mout of the shale shows a large range (—0.40 to +3.16%o) and stratigraphic
variations. These observations can be explained by variable Mo isotope fractionations between
authigenic Mo and basin water due to incomplete conversion of MoO4>~ to MoS4?~ under weak
sulfidic (H2S]aq <11uM) conditions (e.g., Poulson et al., 2006; Dahl et al., 2010a; Scott and
Lyons, 2012; Wagner et al., 2017). A strong positive correlation of [Mo]aun with [UJaun (R? =
0.73, p < 0.05, Figure 2.5b) further indicates that Mo adsorption may take place along with U
sequestration, with generally low Mo concentrations (compared to Phanerozoic euxinic shales, cf.
Scheiderich et al., 2010; Proemse et al., 2013; Noordmann et al., 2015; Goldberg et al., 2016;
Kendall et al., 2020) suggesting that dissolved sulfide was mainly confined to porewaters (e.g.,
Briiske et al., 2020). Therefore, the shale could be mainly deposited under variable and non-
sulfidic (perhaps dysoxic/suboxic to anoxic) benthic redox conditions, consistent with the color
variation (dominated by green, green-gray, and gray colors) exhibited by the shale (James and

Stevens, 1986).
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Table 2.1: Statistics of the geochemical results of the shale samples (data source: TOC, [Al], [Ca], [Mn], [Mo]buk, and [UJbuik from

Bisnaire, 2018).
TOC* Al Ca Mn Mobuk  Mobuk ~ Ubuk ~ Ubui Moauth Uauth Moatr  Usun  Mo/Uaue®  8**Mo® 28y 3" Moaun® 8" Uaum'

SampleID  wt% wt% wt% ng/g ng/g EF ng/g EF ngl/g ngl/g EF EF EF %o 26 n %0 20 n %0 %0
Shale
GPS1 0.96 33 13.7 4544 429 2353 240 548 4.11 1.96 2253 448 5.02 -0.02 0.01 3 -0.28 1 -0.04 -0.28
GPS3 5.8 4.2 1934  0.83 2.60 322 4.19 0.51 2.45 1.33 3.19 0.42 040 0.01 3 -039 005 3 0.34 -0.42
GPS4 4.10 5.8 3.4 1740 736 23.05 6.86 896 7.04 6.09 18.38  7.96 2.31 0.10 0.04 3 -0.10 0.05 3 0.08 -0.07
GPS7 5.0 6.4 2917 051 1.88 142 2.16 * 0.76 * 1.16 *
GPS8 0.25 6.7 32 219.1  0.81 2.18 239 2.69 0.44 1.50 0.98 1.69 0.58
GPS10 1.80 7.2 1.9 172.8  4.00 10.10 5.09 536 3.60 4.14 9.10 4.36 2.09 0.38 0.04 3 -0.27 1 0.37 -0.26
GPS13 5.2 59 250.1 13.87 4835 693 10.06 13.59 6.24 4735 9.06 5.23 025 0.07 3 -0.07 005 3 0.24 -0.04
GPS13rpt 025 0.02 3
GPS14 1.86 7.0 2.7 173.1  3.62 933 4.03 433 3.23 3.10 8.33 3.33 2.50 079 0.05 3 -027 0.10 3 0.82 -0.26
GPS14rpt -0.29 0.05 3
GPS16 0.12 7.1 1.0 159.0 043 1.08 243 257 1.49 1.57
GPS19 6.3 29 2240 6.76 19.52 393 473 6.41 3.10 18.52  3.73 4.97 054 0.03 3 -0.29 1 0.54 -0.29
GPS26 1.45 7.1 2.3 175.6  2.85 723 398 4.20 2.46 3.03 6.23 3.20 1.95 048 0.01 3 0.48
GPS27 0.74 7.9 0.7 1422 0.58 132 279 2.67 * 1.75 * 1.67 *
GPS30 0.11 7.2 1.3 1344 030 0.74 233 243 * 1.37 * 1.43 * 0.67 0.01 2 *
GPS34 0.17 6.6 2.0 168.2  0.56 1.54 261 299 * 1.74 * 1.99 *
GPS39 0.58 5.8 3.0 1204 049 1.53 241 312 * 1.64 * 2.12 *
GPS41 5.3 8.1 2219 171 5.86 260 3.72 1.42 1.91 4.86 2.72 1.78 069 001 2 -035 0.08 3 0.73 -0.37
GPS44 0.12 6.8 2.4 1754  0.62 1.63 1.61 1.78 * * * * *
GPS47 6.8 2.8 164.0 0.72 1.91 2.00 221 * 1.09 * 1.21 *
GPS49 0.11 5.4 4.4  246.1 1.38 460 145 2.01 1.08 0.73 3.60 1.01 3.57 2.58 0.05 4 3.16
GPS53 1.79 5.9 32 130.6  7.05 21.50 9.74 1238 6.72 8.95 20.50 11.38 1.80 -0.11 002 3 009 0.10 3 -0.14 0.12
GPS57 0.24 4.4 4.0 189.5  0.40 1.68 1.04 1.79 * * * * * 0.73  0.05 2 *
GPS61 0.20 5.0 3.7 1555  0.61 222  1.19 1.79 0.33 * 1.22 * * 146 0.03 3 2.25
GPS63 0.58 53 2.4 1503 142 485 231 3.28 1.13 1.60 3.85 2.28 1.69 1.14 0.02 2 -022 0.12 3 1.31 -0.18
GPS66 5.8 2.8 1509 451 14.09 7.79 10.13 4.19 7.02 13.09 9.13 1.43 -0.04 001 3 008 004 3 -0.08 0.12
GPS68 1.04 5.1 3.6 163.0 237 841 271 399 2.09 2.03 7.41 2.99 2.47 047 0.03 3 -030 0.04 3 0.47 -0.30
GPS71 6.4 2.8 169.7 2.72 7.66 3.17 3.71 2.36 2.31 6.66 2.71 2.45 0.67 0.04 3 -0.06 0.07 3 0.70 0.03
GPS75 0.95 4.0 7.8 1659  1.04 474 1.72 3.26 0.82 1.19 3.74 2.26 1.66 083 0.03 4 -052 0.06 2 0.92 -0.62
GPS79 1.10 4.7 7.2 2753  1.78 6.82 254 4.05 1.52 1.91 5.82 3.05 1.91 0.13 0.05 4 -021 0.06 3 0.07 -0.18
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Table 2.1 (continued)

TOC* Al Ca Mn Mobuik  Mobuk ~ Ubuik Ubuik Moauth Usth  MoOautn  Uaun  M0/Uaur®  3**Mo® 338y 3”Moaun® 8P Uaum'
Sampleid# wt% wt% wt% pg/g ng/g EF ng/g EF ng/g ng/g EF EF EF %o 206 n %0 26 n %0 Y0
Shale
GPS82 0.45 3.2 1.8 1665 0.57 3.21 1.80 4.22 0.39 1.37 2.21 3.22 0.69 0.63 0.01 2 -039 0.06 3 0.69 -0.42
GPS84 5.0 6.1 161.3  0.75 2.71 1.19 1.80 0.47 * 1.71 * *
GPS149 5.5 2.9 175.1 1.54 5.10 2.09 2.88 1.24 1.36 4.10 1.88 2.18
GPS150 7.1 1.0 2004  0.60 1.53 2.56 2.72 * 1.62 * 1.72 *
GPS151 2.37 4.4 7.5 233.6 732 3032 3.30 5.70 7.08 272 2932 4.0 6.24 054 004 3 -031 008 3 0.54 -0.31
GPS157 1.24 6.1 4.8 188.9 2,96 8.85 3.19 3.98 2.62 2.39 7.85 2.98 2.63 -0.30 003 3 -0.14 002 3 -0.40 -0.09
GPS166 8.81 5.9 4.3 163.3 2463 7533 13.40 17.07 24.30 12.61 7433 16.07 4.63 1.50 0.03 3 -0.08 0.06 2 1.51 -0.07
GPS166rpt 1.51 0.03 3 -0.04 0.05 3

EF denotes the enrichment factor.
Rpt refers to a replicate analysis.
4 TOC = total organic carbon.
® Ratios of Mokr to Ugr (authigenic).
¢4 The bulk §***23°U and §°*°*Mo.

® The authigenic $***?**U and §°*°*Mo.
* The detrital fraction of [Mo]buk and [UJouik too dominant to estimate authigenic [Mo], [U], Mokr, Uer, Moer/Ugr, and §°¥°°Mo.

Table 2.2: Statistics of the geochemical results of the carbonate samples (data source: [Mo] and §°*Mo from Bisnaire (2018), TOC,
[Al], [Ca], [Mn], [St], [U], $***U, and §***U from Azmy et al. (2015)).

TOC* Al Ca Mn Sr Mo U U/Ca &P %*Mo* F el U8 3%8Upw*
Sample ID wt% ng/s wt% ng/s pg/g ng/ls ng/ls 10¢ %0 26 n %0 20 n %0 20 n %0

Carbonates

GP2 1.5 372 3636 800 285 0.17 156 0.04 1.9 1.7 4 0.71 0.01 -0.27 0.04 4 -0.52
GP 2rpt 53 79 2 -0.30 0.09 2

GP 7 4.1 520 36.84 346 261 007 244 0.07 0.8 55 3 0.66 001 2 -046 0.05 3 -0.71
GP 14 0.8 878 3420 671 227 029 253 007 282 52 4 -030 012 3 -0.18 0.08 4 -0.43
GP 18 24 640 37.50 280 297 0.09 1.62 0.04 53 1 0.94 0.03 2 -0.23 1 -0.48
GP 22 1.6 371 4078 369 250 0.10 3.10 0.08 -143 14 3 0.82 0.04 -0.19 0.01 3 -0.44
GP 25 0.7 1083 36.14 628 190 0.04 0.78 0.02 9.8 1 -0.37 1 -0.62
GP 28 0.8 1104 34.15 365 482 041 1.83 0.05 6.3 48 3 0.10 004 3 -041 0.09 3 -0.66
GP 28rpt 6.7 0.7 4 -039 0.15 4

GP 29 0.4 766 36.14 405 179 0.05 046 0.01 146 57 4 -049 0.10 4 -0.74

47



Table 2.2 (continued)

TOC* Al Ca Mn Sr Mo U U/Ca &P 3%*Mo*® Fiaad U 878Uw*

Sample ID wt% ng/s wt% ng/s pg/g ng/ls npgls 104 %0 206 n %0 20 n %0 20 n %0
GP 30 0.4 703 3895 376 246 0.03 024 0.01 2.3 23 3 1.23 028 4 -070 0.04 3 -0.95
GP 33 0.3 1571 3842 273 397 191 1.19 0.03 1 1.26 0.03 3 -0.21 1 -0.46
GP 34 0.3 920 3377 325 222 0.09 0.60 0.02 112 21 4 0.93 004 3 -069 0.12 4 -0.94
GP 35 0.2 1188 3332 474 180 020 2.08 0.06 3 -010 0.18 2 0.00 005 3 -0.25
GP 38 0.1 706 3490 122 379 0.10 035 0.01 23 53 4 1.48 005 3 -0.63 0.09 4 -0.88
GP 40 745 3376 254 215 0.02 030 0.01 7.9 63 4 0.55 002 3 -097 0.15 4 -1.22
GP 41A 579 34.03 210 243 021 030 0.01 -2.5 37 3 -0.41 0.02 3 -0.66
GP 45 427 3592 824 189 0.08 0.24 0.01 -7.3 09 3 -0.82 0.02 3 -1.07
GP 46 0.3 286 3335 834 213  0.09 020 0.01 -213 1 2.34 0.19 3 -041 1 -0.66
GP 47 644 3351 385 211 0.17 041 0.01 94 30 3 1.03 0.10 3 -053 0.06 3 -0.78
GP 48 0.7 1371 2939 449 232 038 0.77 0.03 8.1 06 2 1.24 007 3 -044 0.09 2 -0.69
GP 53 0.2 406 36.47 128 325 0.19 0.11 0.00 -208 1.7 4 1.38 006 3 -0.66 0.11 4 -0.91
GP 59 1.4 487 3355 129 295 0.62 125 0.04 6.1 57 4 0.89 004 3 -033 0.13 4 -0.58
GP 59rpt 4.9 1.2 3 -0.37  0.06 3

Rpt refers to a replicate analysis.
4 TOC = total organic carbon.

b,c,d The 6234/238U, and 698/95M0, and 6238/235U.

®The estimated 23¥235U of surface basin water.
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Noteworthily, two particularly high §**Moauth (+2.25%0 and +3.16%o, respectively) values
recorded by GPS 49 and GPS 61 seem to indicate strong sulfidic bottom conditions. However,
they do not show much greater enrichments of Mo and significant lower [Mn] and Mn/Al
compared to adjacent samples with much lighter 8°*Moaun signals. High enrichments of the **Mo
isotope in these samples might be explained by 1) the diffusion of **Mo-enriched shallower weak
sulfidic porewaters into more intensely sulfidic deeper porewaters, and 2) the subsequent
(near)quantitative removal of aqueous Mo during early diagenesis (e.g., Scheiderich et al., 2010).
2.5.2.2. The Green Point carbonates

The carbonates exhibit large variations in 8°*Mo and generally low [Mo]carb (0.13 £ 0.05
ng/g, 2o, Table 2.2) that are significantly lower than shale [Mo]auth (3.97 + 10.26 ng/g, 2c). The
8”*Mocar variability may reflect variable [H2S]aq in porewaters and the addition of authigenic Mo
with different isotopic fractionations from basin water during early diagenesis (e.g., Romaniello
et al., 2016).

Unlike a positive correlation of [Mo] with §*®Mo shown by the modern Bahama
carbonates (Romaniello et al., 2016), we observe an insignificant correlation of [Mo]carb With
8" Mocars values (R* = 0.003, Figure 2.5c). This poor correlation, together with the depletion of
Mo in the carbonates, suggests weak sulfidic ([H2S]aq < 11 uM) porewater conditions during
early diagenesis, which could have reduced the effect of authigenic Mo on the §’*Mo signatures
of some carbonate samples. This interpretation is consistent with the previous view that these
carbonates were deposited under dysoxic to suboxic environments (Azmy et al., 2015, Bisnaire,
2018). As a result, §°*Mo of the carbonates may fail to track the °*Mo of the basin water due to
weak sulfidic porewater conditions during early diagenesis (e.g., Romaniello et al., 2016) in
concert with the poor correlation of 8**Mocars with the §**®Usw values inferred from §?*%Ucar (R?

=0.11, p >0.05, Figure 2.5d).
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Figure 2.5: Scatter diagrams of (a) [Mo]carb and 8**Mocars vs. [Mn], (b) 8 Moauth vs. 8**%Uauth, (c)
[Mo]carb vS. 8”*Mocarb, (d) §”*Mocars vs. §**8Usw. Poor correlations of [Mn]carb with [Mo]cars and
8” Mocars (R? = 0.04 and 0.002, respectively) suggest negligible influences of the operation of a
Mn-Fe (oxyhydr)oxide shuttle process on the carbonates. The strong positive correlation of shale
[Mo]auth with [UJaun (R? = 0.73, p <0.01) implies that Mo adsorption may take place along with U
sequestration in sedimentary porewaters. The limestone [Mo]carb are poorly correlated with

8" Mocars (R? = 0.003), suggesting weak sulfidic ([H2S]aq < 11 uM) porewater conditions during
early diagenesis. The negligible correlation of 8**Mocars with §?*®Usw (R? = 0.11) indicates that
the 8”*Mocarb may fail to track the basin water. The black, blue, and red solid lines are regression
lines for data with corresponding colors. These figures are updated versions of the original
figures.

2.5.3. Evidence for basin restriction
The Moer/Ukr values of the shale decrease gradually from ~ 1.7xMSW (the modern
seawater value) at the middle of Bed 18 and reaches a minimum of ~ 0.3xMSW at the bottom of

Bed 25, followed by a significant rebound at Bed 26 (Figure 2.3). Usually, the decrease/increase
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in authigenic Moer/UEr reflects decreased/increased Mo removal efficiency due to the
decline/rises in [H2S]aq in bottom waters or porewaters (Algeo and Tribovillard, 2009;
Tribovillard et al., 2012). However, the moderately fluctuating [Mn] and Mn/Al suggest that
redox variations may not be the sole cause of highly variable Mogr/UEr.

Instead, the Mogr/UEgr variability was probably caused by changing connectivity between
the local basin and the open ocean influenced by sea-level fluctuations. The gradual decline in
Mokr/Ugr from the middle of Bed 18 to the bottom of Bed 25 was likely attributed to more
intensified depletion of Moag than Uaq as the result of slower bottom-water renewal, decreased
depositional redox potentials, and more effective Mo removal to the sediments (e.g., Algeo and
Tribovillard, 2009; Noordmann et al., 2015; Bura-Naki¢ et al., 2018). Probably, the local basin
was partially isolated from the open ocean by topographic barriers driven by episodic regressions
during deposition of this interval. Shale above this interval exhibit significant increases in
Mokr/UEgr, [Mo]auth, and [UJauth, implying that the basin was probably highly connected to the
open ocean due to rapid sea-level rises in the earliest Ordovician.

The forgoing explanation is further supported by an inverse correlation of 8°*Moaum with
8238Uauh values (R? = 0.36, p <0.05, Figure 2.6) recorded by shale from the middle of Bed 18 to
the bottom of Bed 25. Similar inverse correlations of $**Moaun with §?*®Uaun have been observed
in modern semi-restricted basin sediments (e.g., Black Sea, Cariaco Basin, and Mediterranean
basin, Andersen et al., 2018; Briiske et al., 2020). These negative correlations have been
attributed to changes in the [H2S]aq and 833U of bottom waters and porewaters due to changing
deep-water renewal rates (Andersen et al., 2018; Bura-Naki¢ et al., 2018; Briiske et al., 2020).
Likely, the shale with higher §**Moaut was deposited under more reducing conditions caused by
slower deep-water renewal, where the removal of aqueous Mo was more quantitative because of

higher [H2S]aq in porewaters. However, the shale was more depleted in the *3U isotope as the
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result of decreased §*3®U of benthic waters driven by more efficient U reduction and *3U
removal to sediments. Conversely, the shale with higher 8***Uaun and lower §**Moaun was
possibly formed under less reducing conditions with higher §***U in bottom water and lower
[H2S]aq in porewater driven by faster bottom-water renewal.
2.5.4. Implications for global marine redox conditions

The **8Usw variability during basin restriction should primarily reflect basinal scale
redox oscillations. The decrease in 6***Usw could be caused by the expansion of reducing waters
due to decreased bottom-water renewal rates. On the other hand, faster deep-water renewal as
well as the subsequent contraction of reducing waters might have increased the §***Usw.
Although redox oscillations of the open ocean may have impacts on the §**¥U of partially
restricted basin water, this influence should be small because of slow bottom water renewal.’
Above the middle of Bed 25, §***Usw may represent open marine waters because of the high
connectivity between the open ocean and the local basin. The §*3¥Usw variability points to global
oceanic redox perturbations in the earliest Ordovician, probably triggered by changes in marine
productivity (Saltzman et al., 2015). The §**®Usw exhibited an average value of —0.78 = 0.33%o
(20), which is significantly lower than the modern seawater (6***Usw =~ —0.39%o, Tissot and
Dauphas, 2015), suggesting largely expanded ocean euxinia (e.g., Lau et al., 2016; Bartlett et al.,
2018) in concert with the earliest Ordovician greenhouse climates (Trotter et al., 2008; Goldberg

etal., 2021).

31 have updated the interpretation of the estimated 6*®Usw signals in Section 4.3.2. Studies suggest
that the surface water §***U signatures of semi-restricted basins are comparable to open seawaters,
while §***U signatures of the deeper bottom waters are influenced by deep-water renewal rates. All
5%3%Usw values in the current study are estimated from 6*%U values of lime mudstone originated from
the shallow water carbonate platform. Thus, the inferred §***Usw values should represent the shallow
basin water and may be close to coeval open oceans. Please check Section 4.3.2 for details. The
interpretation of the estimated 6**Usw variability is available in Section 4.5.4.
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Figure 2.6: Crossplots of §”*Moauth vs. §**®Uauth. An inverse correlation of §**Moauth with 6**¥Uauth
(R?=0.36, p < 0.05) recorded by shale from the middle of Bed 18 to the bottom of Bed 25
provides further evidence for basin restriction. The black solid lines is the regression line. This
figure is an updated version of the original figure.

Interestingly, a modern seawater-like °*Mo shown by sample GP46 (5°*Mo = +2.34%o)
appears to argue for the existence of transient highly oxygenated oceans during this time interval.
However, the coeval §*8Usw (~0.66%o) points to expanded ocean euxinia compared to modern
oceans (e.g., Gilleaudeau et al., 2019; Cole et al., 2020). One possible explanation is that this
high §*®Mocarb might be caused by the diffusion of **Mo-enriched shallower weak sulfidic
porewaters into more intensely sulfidic deeper porewaters during early diagenesis. It could be
similar to the cause of excessive accumulation of the **Mo isotope in shale samples of Bed 22
and Bed 23 (e.g., Scheiderich et al., 2010, see Section 2.5.2.1). If so, the earliest Ordovician
oceans were not episodically largely oxidized as suggested by this unexpected high §**Mocarb
value.

Alternatively, both aqueous Mo and U were perhaps removed from porewaters without
significant isotope fractionations due to quantitative removal of these metals from bottom waters
(e.g., Nagler et al., 2011; Lau et al., 2020) during deposition of this carbonate layer. Thus, the
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5”8 Mo and §**8U of seawater were likely directly captured by the carbonates. In this case, the
5238U and §”®*Mo values (—0.41%o and +2.34%o, respectively) recorded by GP46 were possibly
close to those of coeval ocean waters, thus suggesting extensively oxygenated open oceans.
However, neither of the above possibilities can be ruled out during this time, and therefore further
study is still needed to verify if the earliest Ordovician oceans had been episodically extensively

oxidized.
Conclusions

The highly variable shale §**Moaut (—0.40 to +3.16%o0) suggests variable and less
intensely reducing (~ dysoxic/suboxic to anoxic) bottom water conditions. A strong positive
correlation of [Mo]auth With [Ulauth, coupled with low Mo concentrations (compared to
Phanerozoic euxinic shale), further indicates that H2Saq was mainly confined to porewaters during
deposition of the Green Point shale. Similarly, the variation in §**Mocars (—0.30 to +2.34%o)
implies changing H2Saq levels in porewaters during the deposition of the lime mudstone. Low Mo
concentrations in the carbonates ([Mo]earb = 0.25 £ 0.80 pg/g, 20) and a lack of correlation
between [Mo]carb and 8**Mocars point to weak sulfidic ([H2S]aq < 11 pM) porewater conditions
during early diagenesis. Therefore, the carbonates may fail to capture the §°*Mo of their coeval
basin waters due to low H2Saq levels in porewaters, in line with an insignificant correlation of
5" Mocarb with §**¥Usw estimated by the §?*®Ucar signals.

During deposition of the investigated interval, the local basin was probably partially
isolated from the open ocean attributed to topographic barriers.* Changing bottom-water renewal

rates during basin restriction resulted in a decline in shale Mogr/Ugr (~ 1.7 to 0.3xMSW) from

* A modification has been made to the original text by deleting “the lower and middle part of” and
“and sea-level variations”.
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the middle of Bed 18 to the bottom of Bed 25, an inverse correlation between authigenic
5”®Moshale and 8***Usnale values, and the variation in basin water 8***U signatures °. Significant
increases in shale Mogr/UEF, [MO]auth, and [U]Jauth indicate that the basin was highly connected to
the open marine after rapid sea-level rises in the earliest Ordovician. Open oceans during this
time interval exhibited §***U perturbations and a low average §?*%U value of —-0.78 £ 0.33%o (20),
which is significantly lower than the modern seawater 8***Usw of ~ —0.39%o. Therefore, the
earliest Ordovician was possibly a time of oceanic redox variations and expanded marine euxinia
compared to modern oceans. Although one of the carbonate samples exhibits a modern seawater-
like 3”*Mo (+2.34%o) value, caution needs to be taken since all other supporting geochemical

evidence does not support extensively oxidized earliest Ordovician oceans.
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Al Mowuk Ubuk  MOwnh U
Sample ID  wt% pg/g uglg ug/g ug/g

Shale

GPS1 33 4.29 2.40 3.84 1.31
GPS3 5.8 0.83 3.22 0.05 1.30
GPS4 5.8 7.36 6.86 6.58 495
GPS10 7.2 4.00 5.09 3.03 2.72
GPS13 5.2 13.87 6.93 13.17 5.21
GPS13rpt

GPS14 7.0 3.62 4.03 2.67 1.70
GPS14rpt

GPS19 6.3 6.76 3.93 5.91 1.85
GPS26 7.1 2.85 3.98 1.89 1.61
GPS30 7.2 0.30 2.33 -0.68 -0.06
GPS41 5.3 1.71 2.60 1.00 0.86
GPS49 5.4 1.38 1.45 0.65 -0.35
GPS53 5.9 7.05 9.74 6.25 7.77
GPS57 4.4 0.40 1.04 -0.19 -0.41
GPS61 5.0 0.61 1.19 -0.06 -0.47
GPS63 5.3 1.42 2.31 0.71 0.55
GPS66 5.8 4.51 7.79 3.73 5.87
GPS68 5.1 2.37 2.71 1.68 1.01
GPS71 6.4 2.72 3.17 1.85 1.04
GPS75 4.0 1.04 1.72 0.51 0.40
GPS79 4.7 1.78 2.54 1.14 0.97
GPS82 32 0.57 1.80 0.14 0.73
GPS149 5.5 1.54 2.09 0.80 0.28
GPS151 4.4 7.32 3.30 6.73 1.85
GPS157 6.1 2.96 3.19 2.14 1.19
GPS166 5.9 24.63 13.40 23.83 11.44
GPS1661pt
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Chapter 3

3. Variability of sedimentary pyrite 5°*S records: A case
study of slope shale of the Green Point Formation in western

Newfoundland, Canada
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Geology in 2024. Dr. Karem Azmy provided research supervision and assisted with the review

and editing of the manuscript.
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Abstract

The Green Point Formation in western Newfoundland, GSSP of the Cambrian-Ordovician
(€-0) boundary, is dominated by slope rhythmites of alternating lime mudstone and shale
interbeds. This formation was deposited in a semi-restricted basin with varying connectivity to
the open ocean. In the current study, we investigate textures and bulk §**S signatures of pyrite
(8°*Spy) in the shale to better understand factors influencing the sedimentary 8°*Spy fluctuation.
Petrographic and SEM examinations reveal two major types of pyrite: (1) framboidal pyrite and
(2) anhedral to euhedral pyrite. The latter is further categorized into two subtypes: type 2a
anhedral to subhedral pyrite characterized by relict framboidal textures and larger sizes (~10 to
300 pm), and type 2b smaller (typically <10 um) subhedral to euhedral pyrite. Type 1 pyrite was
precipitated near the sediment-water interface (SWI), whereas type 2b pyrite was formed in
sediments below the SWI with limited access to the overlying seawater sulfate. Type 2a pyrite
was evolved from framboids during early and burial diagenesis. The bulk §**Spy values, marked
by a significant scatter (16 =10.62%o), range broadly from —17.6 to +22.4%0 (VCDT) and exhibit
a pronounced positive excursion of ~20%o near the €-O boundary. The abundance of type 2b
pyrite generally mimics changes in the 3**Spy, suggesting that the substantial §**Spy dispersion
could be partially attributed to differing proportions of type 2b pyrite within the samples.
Moreover, notable negative correlations exist between the §**Spy values and the abundances of
Al, Th, YREE, and Fe, indicating that riverine fluxes might have influenced the A**Sscawater - pyrite
by modulating the regional seawater sulfate and iron reservoir sizes. Therefore, rather than being
indicative of oceanic redox oscillations, the positive 8**Spy excursion of ~20%o of this interval
was probably driven by decreased sulfate and iron levels in the local waterbody. The decline in

terrestrial input during this §**Spy shift might have also contributed to a negative 8'*Cecarb
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excursion by reducing nutrient supply and inhibiting primary productivity. Collectively, the bulk
sedimentary §>*Spy variability recorded by the Green Point shale may be attributed to a
combination of changes in regional terrigenous input and varying quantities of pyrite formed at
different diagenetic stages. The general opposing trends between the §**Spy signals and the
abundances of Al, Th, > REE, and Fe, however, imply that fluctuations in riverine influxes might
have exerted a stronger influence on the overall **Spy trend. These findings suggest that bulk
sedimentary 8**Spy variations alone may not be reliable evidence for perturbations of the global

sulfur cycle.
3.1. Introduction

Sedimentary biological pyrite sulfur isotope ratios (8°*Spy) have been extensively
employed to study ancient oceanic and basinal sulfur cycles (e.g., Paytan et al., 2004; Hurtgen et
al., 2005, 2009; Thompson and Kah, 2012; Song et al., 2014; Algeo et al., 2015; Fike et al., 2015;
Kah et al., 2016; Shi et al., 2018; Stebbins et al., 2019a; Thomazo et al., 2019). Variations in bulk
sedimentary §>*Spy signatures have been plausibly linked to oceanic sulfur cycle perturbations
(e.g., Hurtgen et al., 2009; Gill et al., 2011; Halevy et al., 2012; Algeo et al., 2015; Sim et al.,
2015; Schobben et al., 2017; Stebbins et al., 2019a,b; Young et al., 2020) or basin isolation effect
(Gomes and Hurtgen, 2013; Kurzweil et al., 2015; Paiste et al., 2020). Sedimentary 6°*Spy
signals, however, can also be influenced by the connectivity between porewater and the overlying
water column affected by sedimentation rate (e.g., Hartmann and Nielsen, 1968; Goldhaber and
Kaplan, 1980; Maynard, 1980; Wijsman et al., 2001; Pasquier et al., 2017, 2021; Liu et al., 2019;
Richardson et al., 2019a), organic matter rain rate (e.g., Wijsman et al., 2001; Pasquier et al.,
2021), and the position of pyrite formation relative to the sediment-water interface (SWI) (e.g.,

Gomes and Hurtgen, 2015; Wang et al., 2021).
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Recent geological findings propose that the Green Point formation was deposited in a
partially restricted basin situated in the Taconic Seaway along the eastern Laurentian margin (Li
et al., 2022; White and Waldron, 2022). This study aims to unravel how the influences noted
above, combined with the potential impact of changing sulfate levels in a semi-restricted basin
(e.g., Algeo et al., 2015; Gomes and Hurtgen, 2013, 2015; Kurzweil et al., 2015; Paiste et al.,
2020), shape the bulk §**Spy variability in the Green Point shale. Additionally, within the
investigated interval, the lime mudstone records a pronounced negative §'*Ccars excursion of
~6.0%o near the €-O boundary, which has been attributed to decreased primary productivity
(Azmy et al., 2014). However, the specific factor contributing to this decline in primary
productivity has not been well understood. Considering that paired changes in global/local sulfur
and carbon cycles have been documented in numerous studies (e.g., Gill et al., 2011, 2021; Dahl
et al., 2014; Edwards et al., 2018; Young et al., 2020; LeRoy et al., 2021), we also seek to provide
a possible explanation for this negative §'*Ccarp shift.

3.1.1. Geochemistry of sulfur in oceans

Sulfur exists in modern oceans primarily as dissolved sulfate with an average
concentration of ~28 mM (Millero, 2013). The modern seawater sulfate has a homogenous §**S
value of ~+21%o and a long residence time of ~20 Myr (Paytan and Kastner, 1998) relative to the
ocean mixing time of ~1kyr (Sarmiento and Gruber, 2006). River runoff has been regarded as the
major source of oceanic sulfate, which is influenced by oxidative weathering of continental
sulfides closely linked to atmospheric oxygen levels (Cameron, 1982; Habicht et al., 2002;
Canfield, 2004; Kah et al., 2004; Hurtgen et al., 2005; Canfield and Farquhar, 2009; Williford et
al., 2009; Scott et al., 2014; Burke et al., 2018). Seawater sulfate can precipitate as sulfate

minerals (e.g., gypsum, anhydrite, and barite) or be incorporated into the carbonate lattice as
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carbonate-associated sulfate (CAS) without significant S-isotope fractionations (Thode and
Monster, 1965; Takano, 1985; Raab and Spiro, 1991; Staudt et al., 1994; Kampschulte and
Strauss, 2004; Barkan et al., 2020; Toyama et al., 2020). Therefore, marine sulfate evaporite and
carbonate phases have been extensively utilized to estimate ancient seawater $**S (Claypool et
al., 1980; Paytan and Kastner, 1998; Kah et al., 2004; Kampschulte and Strauss, 2004; Paytan et
al., 2004; Mazumdar and Strauss, 2006; Gill et al., 2008; Rennie et al., 2018; Toyama et al.,
2020). However, the $**S of CAS in bulk carbonates, such as limestone, is susceptible to
diagenesis (e.g., meteoric, early, and burial digenesis) and can be influenced by depositional
environments (e.g., Rennie and Turchyn, 2014; Present et al., 2015, 2019; Richardson et al.,
2019a, b, 2021; Toyama et al., 2020). Moreover, CAS is susceptible to contamination by sulfate
derived from pyrite oxidation during laboratory extractions (e.g., Edwards et al., 2019). As a
result, caution must be taken when using §**Scas as a proxy for the S-isotopic composition of
ancient seawater.
3.1.2 Microbial sulfate reduction and the sulfur isotope fractionation between
seawater sulfate and biological pyrite

At the other side of the redox spectrum, seawater sulfate can be reduced to hydrogen
sulfide (H2S) by dissimilatory microbial sulfate reduction (MSR) in the water column or within
sedimentary porewater at low temperatures (~0 to 60°C, Hoefs, 2009; Misra, 2012). The 32S-O
bond during this process is preferentially split by microorganisms because of its lower bonding
energy, resulting in the enrichment of *S in the resultant H2S (Faure and Mensing, 2005;
Mazumdar and Strauss, 2006; Misra, 2012; Marin-Carbonne et al., 2014). H2S can then react
with aqueous iron to form sulfide minerals (primarily pyrite) without significant S-isotope

fractionations (Wilkin and Barnes, 1996; Gomes and Hurtgen, 2015). In modern oceans,
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however, a significant fraction (~90%) of the H2S produced by MSR is reoxidized to sulfate or
intermediate sulfur species prior to sequestration as pyrite (Canfield and Thamdrup, 1994; Diaz et
al., 2012; Pellerin et al., 2015; Jorgensen et al., 2019). The sulfur isotope fractionation associated
with this process can vary substantially and depends on somewhat whether the reaction is
abiotically or biologically catalyzed (Fry et al., 1988; Zerkle et al., 2009).

MSR usually depletes the **S isotope in the resultant H2S by ~2 to 70%o relative to the
starting SO4*~ (Canfield, 2001b; Detmers et al., 2001; Habicht et al., 2005; Canfield et al., 2010;
Sim et al., 2011a). This kinetic S-isotope fractionation by MSR (&5sr) is influenced by several
factors, including the type and abundance of electron donors (Canfield, 2001a,b; Detmers et al.,
2001; Sim et al., 2011b), sulfate-reducing species (Canfield, 2001b; Detmers et al., 2001), cell-
specific sulfate reduction rate (Canfield, 2001b; Wijsman et al., 2001; Leavitt et al., 2013),
temperature (Canfield, 2001a,b; Canfield et al., 2006), concentration of aqueous sulfate
(Canfield, 2001a,b; Habicht et al., 2002, 2005; Gomes and Hurtgen, 2013, 2015; Algeo et al.,
2015; Sim et al., 2015; Young et al., 2019), and reversibility of the multi-step intracellular
pathway (Wing and Halevy, 2014; Wenk et al., 2017). Among these factors, sulfate availability
has been considered to be the first-order control on &sr (Kah et al., 2004; Canfield et al., 2010;
Algeo et al., 2015). Studies on natural populations of sulfate reducers suggest that the £sr is
significantly suppressed at [SO4> Jag < ~2—5 mM and becomes negligible at [SO4> Jaq < 200-300
uM (Canfield, 2001a,b; Habicht et al., 2002, 2005; Gomes and Hurtgen, 2013, 2015). The
subdued S-isotope fractionation at low sulfate concentrations is explained by limited exchanges
of sulfate across the bacterial cell membrane (Canfield, 2001a,b; Habicht et al., 2002, 2005) or
Rayleigh distillation (Wijsman et al., 2001; Jorgensen et al., 2004; Williford et al., 2009;

Siedenberg et al., 2018).
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The S-isotope fractionation by MSR in the geological record is not directly measurable,
and it is therefore usually inferred from A3*S (e.g., Gomes and Hurtgen, 2015; Algeo et al.,
2015):

A**S = §**Ssw — 88y
where the §3*Ssw refers to seawater §°*S which is commonly proxied by marine sulfate evaporite
or carbonate phases. The §**Spy denotes sedimentary pyrite 8°*S. The A**S should be close to or
equal to &k only if the pyrite is formed in an open system where the SO4>~ consumed by MSR is
rapidly replenished (Gilleaudeau and Kah, 2015; Gomes and Hurtgen, 2015). On the other hand,
the A**S becomes lower than £sr when pyrite is formed in a system where the SO4>~ consumption
is faster than its replenishment (Kampschulte and Strauss, 2004; Ono et al., 2006; Johnston et al.,
2008; Kurzweil et al., 2015; Gomes and Hurtgen, 2015; Gomes and Johnston, 2017). The A3*S
could also technically be larger than &sr if the §**Ssw is proxied by carbonates recrystallized in
closed-system conditions with limited access to the overlying seawater sulfate (Rennie and
Turchyn, 2014; Murray et al., 2020; Bryant et al., 2022). Moreover, under conditions where
sulfate availability is extremely restricted, the §**Spy may evolve to values similar to or even
higher than the original sulfate source as a result of Rayleigh distillation (Wijsman et al., 2001;
Williford et al., 2009; Gomes and Hurtgen, 2013; Gilleaudeau and Kah, 2015; Fike et al., 2015;

Siedenberg et al., 2018; Luo et al., 2018; Raven et al., 2019).
3.2. Geological background

The Green Point Formation in western Newfoundland (Figure 3.1), part of the Humber
Arm Allochthon in the northeast Canadian Appalachians, contains the Global Stratotype Section
and Point (GSSP) for the €-O boundary (James and Stevens, 1986; Waldron et al., 1998; Cooper

et al., 2001). This formation was deposited at the foot of a bypass slope in a low latitudinal area
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Figure 3.1: (a) and (b) Location of the Green Point Formation (marked by inverted pyramids) of
the Cow Head Group in western Newfoundland, Canada. (c¢) Geology of western Newfoundland.
Modified from Cooper et al. (2001).

(~30°S, Figure 3.2) within the Taconic Seaway, which represents a retroarc basin separating the
eastern Laurentian margin from a series of off-margin microcontinents (Jansa, 1974; James and
Stevens, 1986; White and Waldron, 2022). From the Early Ordovician to the Early Devonian, the
Laurentian margin was transformed into a convergent continental margin, and the Green Point
Formation was deformed and transported westward to the present position by several tectonic
events, including the Taconic, Salinian, and Acadian orogenies (Jacobi, 1981; Knight et al., 1991;
Waldron et al., 1998; van der Velden et al., 2004). However, a recent study suggests that the
transformation from a passive to a convergent continental margin may date back to the latest
Cambrian (White and Waldron, 2022).

The lithostratigraphy of the Green Point Formation has been studied and discussed in

detail by James and Stevens (1986). This formation consists of three conformably contacted
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Figure 3.2: The paleogeographic reconstruction at the Cambrian-Ordovician boundary
(~488.3Ma, modified from Scotese (2014)) showing locations of the Green Point Formation (GP)
in western Newfoundland (Azmy et al., 2014), the Lawson Cove section (LC) in Utah, USA
(Miller et al., 2011), the La Silla Formation (LS) in Argentina (Buggisch et al., 2003), the Black
Mountain section (BM) in Australia (Ripperdan et al., 1992), and the Yeongweol Unit (YU) in
South Korea (Hong et al., 2011).

members: the Martin Point Member (basal), the Broom Point Member (middle), and the St. Pauls
Member (upper). These members are dominated by shale, siltstone, and ribbon to parted
limestone, with minor conglomerate layers. The basal Martin Point Member, a 100—150 m-thick
late Cambrian succession, is composed of green, gray, and black shale with minor thin
conglomerate beds and a few layers of thin siltstone, fine-grained calcareous sandstone, and
ribbon to parted limestone. The early Tremadocian Broom Point Member consists of ~80 m-thick
deposits of ribbon to parted lime mudstone with thin green, gray, black shale, and sporadic
conglomerate layers.

The sampled interval spans the upper part of the Martin Point Member and the lower part
of the Broom Point Member (Figure 3.3 and Figure 3.4). The shale and siltstone are
hemipelagites deposited by gravity flows, while the ribbon to parted limestone was formed

primarily by pelagic fallout (James and Stevens, 1986; Coniglio and James, 1990). The
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conglomerate formed as collapse deposits generated from rapid buildup, subaerial erosion, or
large storm waves affecting the adjacent margin of the carbonate platform (James and Stevens,
1986). The sampled interval was deposited under dysoxic to anoxic conditions as supported by
shale Re/Mo values between ~0.93 and 12.17 (x107*) and carbonate Ce/Ce* values between 0.8
and 1.0 (Azmy et al., 2014; Tripathy et al., 2014). These shale deposits are potential oil source
rock composed mainly of type I/II organic matter. They have undergone mild thermal alteration
with vitrinite reflectance (Ro) values, inferred from Tmax values, ranging between ~0.7 and 0.8%
(Schwangler et al., 2020 and references therein) and an average conodont color alteration index
value of ~1.5 (Weaver and Macko 1988; Cooper et al., 2001). The conodont biozones of this
interval consist of, in ascending order, the Cordylodus proavus Zone, the Cordylodus caboti
Zone, the Cordylodus intermedius Zone, the lapetognathus fluctivagus Zone, the Cordylodus
angulatus Zone, and the Rossodus manitouensis Zone (Barnes, 1988; Cooper et al., 2001; Zhang
and Barnes, 2004; Terfelt et al., 2014). The First Appearance Datum of the lapetognathus
Sfluctivagus Zone, the marker (Golden Spike) of the €-O boundary in the GSSP section at Green
Point, is identified within Bed 23 at the bottom of the Broom Point Member (Cooper et al.,

2001).

3.3. Methodology

3.3.1. Pyrite texture

Eighteen samples (Table 3.1) were cut into polished thin sections, which were examined
using a Zeiss Axioscope 5 microscope under reflected light and an FEI MLA 650FEG scanning
electron microscope at Memorial University of Newfoundland to study pyrite textures. Images of

pyrite taken by the SEM and optical microscope are available in Appendix 3.1.
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Figure 3.3: Sampling positions and the stratigraphic column of the Cambrian-Ordovician GSSP
boundary section at Green Point in western Newfoundland. Abbreviations used in the
reconstructed sea-level variation: HST: high stand systems tract, LST: low stand systems tract,
TST: transgressive systems tract, MRS: maximum regressive surface, MFS: maximum flooding
surface, and SQB: sequence boundary. Following Azmy et al. (2015) and Bisnaire (2018).

3.3.2. Pyrite sulfur isotopes

Thirty-five shale samples (Table 3.2, Figure 3.3) were collected from the Green Point
Formation (€-O GSSP boundary section, 49° 40" 51" N; 57° 57" 36" W) at Green Point, western
Newfoundland, Canada (Figure 3.1). Shale of the GSSP interval at Green Point is absence of
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metamorphism and strong diagenesis (James and Stevens, 1986; Cooper et al., 2001). To obtain
the best-preserved pyrite sulfur isotope signals, shale with weathered materials and visible
diagenetic features was avoided during field sampling. Samples were washed with de-ionized
water and dried overnight. Approximately 9g of each sample was powdered and homogenized
using a mechanical mill.

Pyrite was extracted from the shale as chromium-reducible sulfur (CRS) using the
chromium reduction method modified from Canfield et al. (1986). Measurements of pyrite sulfur
abundance and isotopic compositions were performed at Washington University in St. Louis,
USA. Each powdered sample (~0.2 to 0.5 g) was reacted with 6 M HCI, followed by a reaction
with CrClz at ~186 °C under constant stirring for 4 hours in a nitrogen atmosphere to liberate
pyrite sulfur. The evolved gas was passed through a water trap before being trapped as Ag2S in a
test tube containing AgNOs3 solution in de-ionized water. The AgzS was then weighed after being
rinsed and dried. The pyrite sulfur content (wt%) was calculated from the Ag>S precipitate
relative to the initial mass utilized for the extraction. For sulfur isotope analyses, ~350 pg Ag2S
of each sample was measured as SOz via combustion using a Costech ECS 4010 Elemental
Analyzer coupled to a Delta V Plus mass-spectrometer. Sulfur isotope ratios are reported in per
mil (%o) relative to the Vienna Canyon Diablo Troilite (VCDT), which is expressed as 6°*S =
1000 - (3**2Ssample / 3**Svepr— 1).

The isotopic measurements were calibrated with international standards IAEA-S1 (5**S =
—0.3%o0), IAEA-S3 (8**S = —32.55%0), and NBS127 (8°*S = +21.1%o). The uncertainty of
measurements based on international standards, check standards, and sample replicates

(Appendix 3.2) is better than 0.7%o (10).
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Table 3.1: The §**Spy values, the relative abundances of the pyrite, and framboidal pyrite size distributions of eighteen samples in the
studied interval.

Abundance of type 2
Sample ID *Spy Abundance of type 1 anhedral to euhedral pyrite Framboid
%o framboidal pyrite Type 2a Type 2b diameter/pm
anhedral to subhedral to
subhedral euhedral

GPS3 -12.9 abundant X a few 1.0-11.4

GPS7 -15.1 abundant a few rare 1.2-7.9
GPS10 -3.3 abundant X quite a few 0.8-10.9
GPS27 -13.9 quite a few abundant rare 1.4-9.1
GPS39 -6.4 abundant X quite a few 1.2-30.2
GPS41 2.4 abundant X abundant 1.1-6.9
GPS49 -17.6 abundant rare quite a few 1.5-7.0
GPS53 9.6 abundant X abundant 1.0-11.2
GPS57 11.4 abundant X quite a few 1.0-20.9
GPS61 1.1 abundant a few a few 1.2-12.9
GPS63 3.2 abundant X quite a few 1.1-10.4
GPS66 1.9 abundant rare quite a few 1.0-21.1
GPS71 7.0 abundant rare a few 1.2-11.8
GPS75 13.7 abundant X abundant 0.9-6.4
GPS79 6.1 abundant X abundant 1.2-12.0
GPS82 22.4 rare X abundant *
GPS150 -1.3 abundant a few rare 0.7-9.7
GPS157 11.6 abundant a few abundant 0.9-10.9

Diameters of framboids and relative abundances of the pyrite are determined based on SEM and optical microscopic imaging (images
are available in Appendix 3.1). Rare = very few of the pyrite type can be found (~<10%). A few = some of the pyrite type can be found
but at a low percentage (~10 to 20%). Quite a few = plenty of the pyrite type can be found but its percentage (~20 to 40%) is still
significantly lower than the other two types. Abundant = one of the pyrite types is significantly more abundant (>40%) than the other
two types, or two of the pyrite types exhibit similar percentages (~50%). X = absent.

* The number of framboids is too small to allow an accurate determination of the range of framboid diameter.
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Figure 3.4: Photo of outcrop at Green Point in western Newfoundland (49°40°58.4”N
57°57°52.6”W). The solid yellow line marks the Cambrian-Ordovician boundary defined by the
first appearance of the conodont lapetognathus fluctivagus, € = Cambrian, O = Ordovician.

A portion of the homogenized powder of each shale sample had previously been analyzed
to obtain the organic §'3Corg values, K, Ca, TOC, Al, Th, Y REE, and Fe contents (Bisnaire,

2018).

3.4. Results

Based on petrographic and SEM observations, two major morphological types of pyrite
are identified: (1) framboidal pyrite, including both individual and grouped-multiple framboids,
and (2) anhedral to euhedral pyrite. Framboidal pyrite grains, both as ungrouped individual
framboids and those within grouped-multiple framboids, exhibit a wide size range, spanning
approximately 1 to 30 um in diameter (Table 3.1). The latter category, type 2 pyrite, is further
divided into two subtypes: type 2a anhedral to subhedral pyrite with relict framboidal textures,
and type 2b subhedral to euhedral pyrite lacking framboidal textures (Figure 3.5). Type 2a

anhedral to subhedral pyrite grains are commonly large in size, ranging from 10 to 300 um
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Table 3.2: Geochemical data for the investigated interval of the Green Point Formation in western
Newfoundland, Canada.

Sample Pyrite 8*S,* Al Th YREE Fe TOC" §"Cyy K Ca
ID wt% %0 wt% pg/lg pglg wt% wt% %0 wt% wt %

GPS1 1.3 -6.8 33 49 1104 22 096 -29.84 2.1 13.7
GPS3 0.9 -12.9 5.8 93 1816 2.6 3.8 4.2
GPS4 1.8 -10.7 5.8 8.7 134.1 2.7 410 -29.10 5.1 34
GPS7 0.4 -15.1 5.0 6.0 1423 29 3.0 6.4
GPS8 0.9 -9.5 6.7 6.9 1164 3.1 0.25 -2846 4.2 32
GPS10 1.6 -3.3 7.2 7.5 90.2 2.8 1.80 -29.02 64 1.9
GPS13 2.1 -13.4 5.2 7.5 1341 2.9 3.9 59

GPS14 1.0 -2.1 7.0 7.5 111.8 33 1.86 -28.79 6.2 2.7
GPS16 1.2 -1.8 7.1 57 1357 34 0.12  -28.03 4.8 1.0
GPS19 1.6 -10.7 6.3 7.3 1151 3.2 4.8 2.9
GPS26 1.1 -4.6 7.1 7.4 52.9 2.5 145 -29.10 6.8 23
GPS27 0.4 -13.9 79 10.0 904 4.0 0.74  -2899 5.6 0.7
GPS30 0.1 -14.4 7.2 84 1776 29 0.11  -27.52 49 1.3
GPS34 0.6 -10.7 6.6 7.4 97.8 33 0.17 -28.68 4.9 2.0
GPS39 0.7 -6.4 5.8 69 1154 28 0.58 -29.05 53 3.0

GPS41 0.9 2.4 53 6.7 1355 22 5.1 8.1
GPS44 0.9 -12.0 6.8 73 1568 40 012 -27.88 4.2 24
GPS47 1.1 -17.4 6.8 87 1625 32 4.8 2.8

GPS49 0.9 -17.6 54 64 1617 35 0.11 -27.52 3.8 4.4
GPS53 0.4 9.6 59 74 1567 23 1.79  -2986 5.6 32
GPS57 1.1 11.4 44 52 64.3 34 024 -29.13 25 4.0
GPS61 1.0 1.1 50 65 81.9 30 020 -28.82 27 3.7
GPS63 0.7 3.2 53 5.5 83.0 32 058 -2971 3.1 24

GPS66 1.2 1.9 5.8 70 1154 2.7 4.8 2.8
GPS68 1.1 13.9 5.1 4.8 82.2 2.6 1.04 -2998 5.1 3.6
GPS71 1.2 7.0 64 64 79.5 2.9 6.3 2.8

GPS75 1.1 13.7 4.0 3.6 69.8 24 095 -2980 33 7.8
GPS79 0.3 6.1 4.7 6.4 94.1 2.0 .10 -29.89 3.6 7.2
GPS82 0.6 22.4 3.2 3.8 64.0 1.9 045 -2940 1.8 11.8

GPS84 0.9 14.4 5.0 6.1 66.5 2.6 34 6.1
GPS149 0.3 12.4 5.5 5.1 78.3 2.1 -29.03 4.6 2.9
GPS150 2.5 -1.3 7.1 8.6 186.5 3.7 53 1.0

GPS151 1.4 3.9 4.4 49 1297 23 237  -29.02 45 7.5
GPS157 1.7 11.6 6.1 73 1048 2.7 1.24  -30.10 5.0 4.8
GPS166 1.3 2.0 5.9 87 1220 24 881 -26.01 5.2 4.3

@ The pyrite 5***2S value
® TOC = total organic carbon
¢ org = organic
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(Figure 3.5c¢,d). In contrast, type 2b subhedral to euhedral pyrite grains are typically small, with
sizes predominately falling below 10 um. Qualitative estimates of abundances of these types of
pyrite, determined by SEM and optical microscopic imaging (Appendix 3.1), are summarized in
Table 3.1.

The §**Spy values of the Green Point shale range broadly from —17.6 to +22.4%o and
exhibit a significant scatter with a standard deviation (1c) of 10.62%o. (Figure 3.6, Table 3.2). The
5°*Spy values of the Martin Point member fall between —17.6 and —1.8%o with a mean value of
—9.8 + 10.4%o (20). In contrast, the shale of the Broom Point member has more positive §**Spy
values, which range between —1.3 and +22.4%o and have a mean value of +8.3 £ 12.8%o (20).
Given the scattered nature of the 5°**Spy values, a LOWESS (Locally Weighted Scatterplot
Smoothing) smoothed curve (a = 0.3) is employed to reveal their overall trend. The curve
displays a distinct positive shift of ~20%o (from ~—10 to +10%o) from the bottom of Bed 22 to the
bottom of Bed 25 before returning to less positive values at the upper part of the interval.

The pyrite abundances are generally lower than 2.0 wt%, with only two samples (GPS13
and GPS150) exceeding this threshold. Data from Bisnaire (2018) show that the abundances of
Al, Th, rare earth elements (3 REE), and Fe span from 3.2 to 7.9 wt%, 3.6 to 10.0 ug/g, 52.9 to
186.5 ng/g, and 1.9 to 4.0 wt%, respectively. The TOC and organic 8'*Corg values vary between
0.1 and 8.1 wt% and —30.1 and —26.0%o, respectively. The K and Ca contents range from 1.8 to
6.8 wt% and 0.7 to 13.7 wt%, respectively. Interestingly, no significant changes in the pyrite
abundance and TOC are observed during the positive 8°*Spy shift. Instead, this §**Spy excursion is
accompanied by a decline in Fe and in terrigenous elements such as Al, Th, and > REE (Figure
3.6, Table 3.2). Moreover, there are significant negative correlations between the §**Spy records

and the abundances of Al (R*> = 0.24, p <0.01, Figure 3.7a), Th (R? = 0.40, p <0.01, Figure 3.7b),
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YREE (R? = 0.38, p <0.01, Figure 3.7¢), and Fe (R?> = 0.29, p <0.01, Figure 3.7d). A positive

correlation is observed between the abundances of Al and Fe (R? = 0.38, p <0.01, Figure 3.7e).
3.5. Discussion

3.5.1. Origin of the pyrite and evaluation of the 3°‘Spy preservation

Pyrite found in sedimentary rocks can have various origins, including organic matter
catagenesis (e.g., Amrani et al., 2005; Amrani, 2014; Rennie et al., 2018; Siedenberg et al.,
2018), volcanic/hydrothermal activities (e.g., Williford et al., 2011; Diehl et al., 2012; Young et
al., 2013; Paiste et al., 2018; Slack et al., 2019), and microbial sulfate reduction (e.g., Soliman
and Goresy, 2012; Schobben et al., 2017; Blood et al., 2019; Stebbins et al., 2019a; Thomazo et
al., 2019; Liao et al., 2020; Decraene et al., 2023).

In the case of pyrite formed through reaction of H2S generated by organic matter thermal
degradation with iron in porewaters, such pyrite is commonly isotopically heavier than the
surrounding pyrite derived from MSR by ~10 to 20%. (Canfield et al., 2001a; Amrani et al.,
2005; Amrani, 2014; Rennie et al., 2018; Siedenberg et al., 2018). Typically, if pyrite was
primarily formed through organic matter catagenesis, we would expect a positive relationship
between 8**Spy and 8'°Corg values, as organic matter catagenesis enriches the residue in '*C by
expelling '2C-depleted hydrocarbons (Tissot and Welte, 1984; Faure and Mensing, 2005).
However, when examining the Green Point shale, we find no correlations between TOC and
pyrite content or 3°*Spy signals (R? = 0.16, p >0.05, and 0.06, respectively, Figure 3.8a,b), and
there is also no correlation between §**Spy values and pyrite content (R* = 5x1073, Figure 3.8c).
Notably, we observe a negative relationship between the §**Spy and 8> Corg values (R? = 0.47, p
<0.01, Figure 3.8d). These observations suggest minimal accumulation of catagenic pyrite in the

shale.
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Moreover, the Green Point Formation in western Newfoundland lacks hydrothermal fluid
alteration products (e.g., pyrite veins, James and Stevens, 1986), and the shale exhibits low
thermal maturity with Ro values below 0.8%, as inferred from Tmax measurements (Schwangler et
al., 2020). Therefore, the influence of hydrothermal alteration on the pyrite is unlikely. Taken
together, these observations strongly suggest that organic matter catagenesis and hydrothermal
processes have made limited contributions to pyrite in the Green Point shale, with microbial

sulfate reduction likely serving as the primary source.

3.5.1.1. Origin of the pyrite

The precipitation of pyrite associated with MSR can occur in the water column under
euxinic bottom-water conditions, near the sediment-water interface, and in sediments (Wijsman
et al., 2001; Jargensen et al., 2004, 2019; Gomes and Hurtgen, 2013, 2015; Fike et al., 2015).
Pyrite formed in the water column is known as syngenetic pyrite, while pyrite precipitated near
the SWI and in sediments is termed diagenetic pyrite. It is noteworthy that diagenetic and
syngenetic pyrites differ in terms of size and morphology. Diagenetic pyrite formed in sediments
is commonly subhedral to euhedral, whereas syngenetic pyrite precipitated in the water column
and diagenetic pyrite formed close to the SWI are typically framboidal (Raiswell, 1982; Wilkin et
al., 1996; Wilkin and Arthur, 2001; Stebbins et al., 2019a; Wang et al., 2021).

The precipitation of framboidal pyrite has been attributed to the presence of abundant
reactive iron and supersaturation of both mackinawite and pyrite (Raiswell, 1982; Taylor and
Macquaker, 2000). Although framboidal pyrite precipitated in both syngenetic and diagenetic
settings shares the same morphology, notable differences exist in framboids’ sizes. Studies on
sedimentary pyrite revealed that syngenetic framboids are commonly small and exhibit limited

size variation (~3—7 pm, e.g., Wilkin et al., 1996; Wignall and Newton, 1998). This size
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consistency has been attributed to the inherently limited duration that framboids of a certain size
can remain entrained in euxinic water columns (Wilkin et al., 1996). In contrast, diagenetic
framboids precipitated near the SWI tend to display a wider range of diameters, spanning from
approximately one to several tens of microns due to variable growth rates and growth times
(Wilkin et al., 1996; Wignall and Newton, 1998).

The formation of subhedral to euhedral pyrite has been interpreted to be the result of
decreased iron availability and the supersaturation of pyrite alone in sediments (Raiswell, 1982;
Taylor and Macquaker, 2000). Non-framboidal (anhedral to euhedral) pyrite grains, however, can
also develop through the integration of individual framboids after their precipitation during early
and burial diagenesis (Wilkin et al.,1996; Sawtowicz, 2000; Soliman and Goresy, 2012; Wei et
al., 2015, 2016). According to Soliman and Goresy (2012), framboids in sediments are likely in a
colloform state, allowing them to deform and adjust to compaction and the boundaries of adjacent
materials. The evolution sequence, as described by Wilkin et al. (1996), Soliman and Goresy
(2012), and Wei et al. (2015, 2016), typically involves the transformation of framboids into
grouped multiple-framboids, infilled framboids, anhedral to subhedral pyrite mass, and ultimately
euhedral pyrite. During this process, diagenetic pyrite precipitated in sediments is often
incorporated into framboidal aggregates by filling interstitial spaces between framboids (Wilkin
et al., 1996; Wilkin and Arthur, 2001; Soliman and Goresy, 2012). Usually, the integrated pyrite
grains retain relict framboidal textures and often achieve larger sizes relative to individual
framboids (Wilkin et al.,1996; Soliman and Goresy, 2012; Wei et al., 2016; Zou et al., 2018).

In the Green Point Shale, all thin-sectioned samples contain both framboidal (type 1) and
non-framboidal (type 2a and 2b) pyrite. The framboids have broad size distributions from ~1 to

30 pum (Table 3.1). Although occasional underestimations of framboids’ diameters may occur due
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to imperfect halving, research by Cashman and Ferry (1988), Wilkin et al. (1996), Tian et al.
(2014), and Wei et al. (2016) consistently reports deviations from actual sizes to be generally <
10%. The broad size distributions of framboids, together with non-euxinic bottom conditions
indicated by wide ranges of the authigenic §**Mo values and depletions of Mo, U, and Re
compared to Phanerozoic euxinic shales (Tripathy et al., 2014; Li et al., 2022), suggest that
framboids in the Green Point shale were precipitated near the SWI with free diffusive connection
to the overlying seawater.

The non-framboidal pyrite, as mentioned above, is categorized into two types: type 2a and
2b pyrite. The presence of relict framboidal textures and large sizes of type 2a pyrite (Figure
3.5c¢,d) suggest that it was probably formed through the integration of framboids during early and
burial diagenesis (e.g., Soliman and Goresy, 2012; Wei et al., 2016; Zou et al., 2018; Wang et al.,
2021). In contrast, because of the absence of framboidal textures, its smaller size, and subhedral
to euhedral morphology, type 2b pyrite is interpreted to be precipitated in sediments with limited
access to overlying seawater sulfate (e.g., Raiswell, 1982; Stebbins et al., 2019a; Wang et al.,

2021).

3.5.1.2. Preservation of the 34S,, signals

Burial diagenesis of mudstone commonly leads to the enrichment of K and depletion of
Ca due to illitization and calcite dissolution, respectively (Wintsch and Kvale, 1994). Three clay-
mineral suites, including the illite-14A chlorite, the illite-expandable chlorite, and the corrensite-
illite-smectite suites, have been recognized in the Green Point shale (Suchecki et al., 1977).
However, the shale shows poor correlations of the K/Ca ratios with the pyrite abundance and **S
values (R? = 6x107 and 0.08, respectively, Figure 3.8¢,f), arguing against substantial impact of

burial diagenesis on the 8°*Spy records. Furthermore, a geologically reasonable Re-Os age of
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484 + 16 Ma obtained from the Green Point shale supports minimum disturbance by weathering
and postdepositional diagenesis (Tripathy et al., 2014). These observations, along with the
absence of hydrothermal influence in the study area and the shale’s low thermal maturity suggest
that the 6°*S values represent at least near-primary signatures of pyrite originated from

microbial sulfate reduction during early diagenesis.

3.5.2. Interpretation of the 5**S,y records

The bulk 3**Spy signals in the Green Point shale are characterized by a significant scatter
(16 = 10.62%0) and display a notable positive shift near the €-O boundary (Figure 3.6). The
observed positive §*#Spy excursion may have several potential contributing factors. One possible
explanation is the enhanced pyrite burial linked to expanded marine anoxia (e.g., Hurtgen et al.,
2009; Gill et al., 2011; Stebbins et al., 2019b; Young et al., 2020). However, there is no
significant perturbation in the global C cycle and marine redox conditions observed across the €-
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O transition (e.g., Saltzman et al., 2015; Rasmussen et al., 2019; Goldberg et al., 2021),
suggesting that oceanic redox oscillations may not be the cause of the §**Spy variability.

Alternatively, this excursion could be driven by an increased sedimentation rate or
elevated organic matter rain rate, both of which promote the development of more restricted
sedimentary porewater conditions and the precipitation of **S-enriched pyrite (e.g., Pasquier et
al., 2017; Liu et al., 2019). Nonetheless, the Green Point shale, interpreted as hemipelagites
(James and Stevens, 1986), shows a decline in terrigenous elements (Al, Th, and Y REE) during
the 3*Spy shift (Figure 3.6), challenging the scenario of an increased sedimentation rate. The
absence of a noticeable increase in TOC as well as the pyrite abundance throughout the §*#Spy
excursion (Figure 3.6), coupled with the decrease in terrestrial input, also argues against the
hypothesis of an elevated organic matter loading rate. Additionally, if the scatter of $**Spy was
driven by fluctuations in sedimentation rate or organic matter rain rate, one would expect positive
correlations with TOC or the abundances of terrigenous elements. However, the absence of the
anticipated correlations (Figure 3.7a-c and Figure 3.8b) suggests that changes in sedimentation
and organic matter rain rates may not explain the considerable scatter of §**Spy.

The possibilities of fluctuations in marine redox conditions, sedimentation rate, organic
matter loading rate appear less likely as the primary drivers of the 8**Spy variability. Therefore,
our investigation turns to discerning the impact of the pyrite formation stage and the water
chemistry of this semi-restricted basin, including sulfate and Fe levels, on the observed

variability.

3.5.2.1. Influence of biological pyrite formation stage on the 84S,y variation
The morphology of biological pyrite, as discussed above, is influenced by the diagenetic

stage of pyrite formation (e.g., Raiswell, 1982; Taylor and Macquaker, 2000; Stebbins et al.,
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2019a; Wang et al., 2021), which, in turn, may affect the pyrite §°*S signatures (e.g., Gomes and
Hurtgen, 2015; Jorgensen et al., 2019; Raven et al., 2019). Precisely, in a particular sedimentary
layer, framboidal syngenetic pyrite is expected to be less enriched in **S relative to diagenetic
pyrite because the latter is formed under more confined conditions with slower sulfate renewal
rates (e.g., Gomes and Hurtgen, 2015; Shawar et al., 2018; Raven et al., 2019; Wang et al., 2021).
Moreover, subhedral to euhedral pyrite precipitated in sediments tends to be more enriched in S
than framboids formed near the SWI due to increased sulfate limitation (e.g., Stebbins et al.,
2019a; Bryant et al., 2020; Wang et al., 2021). Although both type 1 framboidal pyrite and type
2a framboid-integrated pyrite in the shale may incorporate portions of interstitial pyrite
precipitated in sediments with potentially higher 6°*S signatures (e.g., Wilkin et al., 1996; Wilkin
and Arthur, 2001; Soliman and Goresy, 2012; Bryant et al., 2020), in each sample, type 2b
subhedral to euhedral pyrite is expected to have a higher enrichment in 3*S as it was entirely
precipitated in sediments with much slower sulfate renewal rates (e.g., Wang et al., 2021).

Since most of the samples contain abundant type 1 or 2a pyrite but with variable amounts
of type 2b pyrite (Table 3.1), we would expect to see a potential correlation between the
abundance of type 2b pyrite and the §**S values in our samples. In line with this hypothesis, the
abundance of type 2b pyrite generally mimics the §**Spy variability, with only minor divergences
(Figure 3.9). As a result, we propose that the significant §**Spy variability and the distinct §3*Spy
excursion may, at least in part, be attributed to the mixed signals of pyrite formed at different
stages during early diagenesis.
3.5.2.2. Influence of terrestrial sulfate and iron inputs on the 84S, variability

While a general parallel behavior is observed between the bulk 8**Spy values and the

abundance of type 2b pyrite, this relationship falls short in adequately explaining the pronounced
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Figure 3.9: Profiles of the bulk §**Spy signals and the relative abundance of type 2b subhedral to
euhedral pyrite. Solid green lines in (a) and (b) represent the bulk §**Spy variability. In figure (a),
samples sharing the same colors (excluding those in black) have identical relative abundances of
the pyrite types. The solid red line in (b) represents the variation of relative abundance of type 2b
pyrite. Rare = very few of the pyrite type can be found (~<10%). A few = some of the pyrite type
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found but its percentage (~20 to 40%) is still significantly lower than the other two types.
Abundant = one of the pyrite types is significantly more abundant (>40%) than the other two, or
two of the pyrite types have similar percentages (~50%). Abbreviation: abst = absent, abdt =
abundant. Details in Table 3.1.

positive 3**Spy excursion near the €-O boundary and the apparent difference in the §**Spy mean
values between the Martin Point and Broom Point members (Table 3.1, Figure 3.9). In addition,
notable differences in 8°*Spy are evident among different sample groups (Table 3.1, Figure 3.9).
These variations are observed in samples containing abundant type 1 and type 2b pyrite (GPS41,
53,75, and 79), as well as in samples with abundant type 1, a few type 2a, and rare type 2b pyrite
(GPS7 and 150). Differences can also be observed in samples with abundant type 1, rare type 2a,
and quite a few type 2b pyrite (GPS 49 and 66). Consequently, these observations suggest the

presence of other factor(s) contributing to the §**Spy variation.
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It has been proposed that the investigated interval of the Green Point Formation was
deposited in a semi-restricted basin with variable connectivity to open oceans (Li et al., 2022).
Specifically, the shale records an inverse relationship between authigenic §*Mo and §**%U values
analogous to those observed from modern semi-restricted basins such as the Black Sea, the
Cariaco Basin, and the Mediterranean (Andersen et al., 2018; Briiske et al., 2020, Figure 3.10).
This pattern has been explained by variable anoxia resulting from sea-level fluctuations and
varying connectivity between semi-restricted basins and open oceans (e.g., Andersen et al.,2018;
Briiske et al., 2020). Supporting this presumption, a recent tectonic study by White and Waldron
(2022) revealed that the Green Point Formation was deposited within a retroarc basin known as
the Taconic Seaway. This basin was encircled by a series of off-margin microcontinents, which
likely contributed to the isolation of seawater within the Taconic Seaway from open oceans.

We suggest that variations in the 3**Spy of the Green Point shale were also, in part, driven
by local changes in the sulfate input to the semi-restricted Taconic seaway. Our observations
reveal statistically significant inverse correlations between the §**Spy values and the abundance of
terrigenous elements (Al, Th, and ) REE, Figure 3.7a-c). Given that terrestrial input has been
recognized as the primary source for oceanic sulfate pool (e.g., Paytan et al., 2004; Canfield and
Farquhar, 2009), and that the sulfate level plays an important factor affecting the A**S (§**Ssw —
534Spy) in semi-restricted systems (e.g., Algeo et al., 2015; Gomes and Hurtgen, 2015; Kurzweil
et al., 2015; Paiste et al., 2020), these inverse correlations suggest that riverine fluxes may have
played a role in regulating the local seawater sulfate levels, thereby influencing the pyrite 5°*S
signatures. It is plausible that a decrease in terrestrial sulfate input facilitated porewater sulfate
distillation, leading to the suppression of A**S and precipitation of **S-enricehd pyrite. In

contrast, high sulfate levels resulting from increased riverine input likely augmented the A**S,
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Figure 3.10: The Green Point shales record an inverse correlation between 6”*Moaut and §***Uaut
(R?=0.3, p <0.05, data collected from Li et al., 2022), which is analogous to those observed in
several modern semi-restricted basins. Data (available in Appendix 3.3) of sediments from the
Black Sea, the Cariaco Basin, and the Mediterranean Sea are collected from Andersen et al.
(2018) and Briiske et al. (2020).

resulting in the formation of pyrite less enriched in **S. This presumption is supported by a
general positive relationship between the A**S (8**Swater — **Ssuifide) and [SO4? ]aq observed in
various natural aqueous systems, including semi-restricted and restricted environments (e.g.,
Algeo et al., 2015; Gomes and Hurtgen, 2015).

Furthermore, we observe a considerable positive relationship between [Al] and [Fe] and
an inverse correlation between the **Spy and [Fe] (Figure 3.7d,¢), suggesting that the availability
of Fe in the regional seawater might have also contributed the 3**Spy fluctuation. Presumably, a
reduction in terrestrial input led to the drop of both sulfate and reactive Fe levels in the
waterbody. This change facilitated porewater sulfate distillation, increased the accumulation of
aqueous sulfide, and lowered the A**S (8**Ssw — 8**Ssufice) offset, ultimately favoring the
precipitation of 3*S enriched pyrite in sedimentary porewater. On the other hand, an increase in

terrigenous input could have favored the precipitation of pyrite less enriched in3*S. As a result,
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the prominent positive §**Spy excursion of ~20%o near the €-O boundary, accompanied by a
significant decline in terrigenous input, can be reasonably explained, at least in part, by the
shrinkage of the basinal sulfate and reactive Fe pools.

In summary, the significant 8°**Spy scatter might be associated with differing proportions
of type 2b pyrite in the collected samples, while the change in basinal sulfate and iron levels may
have greater influence on the comprehensive §**Spy pattern since we observe generally opposing
trends, indicated by the LOWESS smoothed curves, between the 6°*Spy values and the

abundances of Al, Th, > REE, and Fe (Figure 3.6).

3.5.3. Possible explanation for the negative 8'*C.ary excursion at the €-O boundary

Limestone 8'*Ccar variations are often interpreted to be linked to oceanic redox
oscillations driven by elevated/decreased marine primary productivity (e.g., Zhang et al., 2010;
Gill et al., 2011; Algeo et al., 2016; Li et al., 2018; Adiatma et al., 2019; Dahl et al., 2019; Li et
al., 2019). In the Green Point limestone, a significant negative §'3Ccarb shift of ~6.0%o is observed
near the €-O boundary (Azmy et al., 2014). Notably, this 8'*Cecars shift contrasts with low
amplitude positive 8'*Ceab excursions reported in age-equivalent stratigraphic sections on several
other continents (Figure 3.11, Ripperdan et al., 1992; Buggisch et al., 2003; Hong et al., 2011,
Miller et al., 2011). This discrepancy, coupled with the lack of significant oscillations of the
oceanic carbon cycle observed during this time interval (Saltzman et al., 2015; Rasmussen et al.,
2019; Goldberg et al., 2021), raises a reasonable inference that this negative 8'*Cearb excursion
may not result from global-scale carbon cycle perturbations.

Negative 8'*Cear shifts are also at times attributed to upwelling of nutrient-rich deep
seawater and the subsequent oxidation of organic matter in shelf/slope environments (e.g.,
Howley and Jiang, 2010; Pagés and Schmid, 2016; Li et al., 2019). However, the absence of

101



increased TOC, [Mo], and [U] observed in both shale and limestone from Beds 22 to 23 (Azmy et
al., 2014, 2015; Li et al., 2022) argues against the notion of upwelling of organic-rich waters, as
this would typically lead to temporary enhancements in organic matter burial and the preservation
of redox-sensitive elements (e.g., Maloof et al., 2010; Pages and Schmid, 2016; Li et al., 2019).
Considering that the sampled interval was deposited in a semi-restricted basin
characterized by varying riverine fluxes and the fact that primary productivity in continental
margin areas is significantly influenced by terrestrial nutrient input (e.g., Buggisch et al., 2003;
Horacek et al., 2010; Zaffos et al., 2017; Adiatma et al., 2019; Pruss et al., 2019), it is plausible to
infer that the primary productivity within the semi-restricted Taconic Seaway may have been
impacted by terrestrial input. The current study reveals significant positive correlations between
the 8'Corg values and [Al] and YREE (R?= 0.25 and 0.32, respectively, p <0.05, Figure 3.12a,b).
This observation, together with an inverse relationship between the §**Spy and §'*Corg values
(Figure 3.8d), suggests that a decline in the influx of riverine nutrients might have potentially
reduced the local primary productivity, resulting in decreased §'*Corg and a decline in §'3C of the
local inorganic carbon budget (e.g., Ripperdan et al., 1992; Zhang et al., 2010). Conversely, an
increase in riverine discharge could have triggered a rise in primary productivity, resulting in an
increase in 8'*Corg. Given the notable reduction in terrestrial input near the €-O boundary
suggested by declines in Al, Th, and REE abundances (Figure 3.6), the pronounced negative

813Cearb excursion, thus, could plausibly be explained by decreased local primary productivity.
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Figure 3.11: Global conodont zone and carbonate carbon isotope (8'3Ccar) correlations across the
Cambrian—Ordovician boundary. The 8!*Ccarb of the Green Point Formation displays a
remarkable negative shift close to the €-O boundary (Azmy et al., 2014), which is distinct from
positive §'3Cearb excursions reported from several other age-equivalent sections around the world,
including the Lawson Cove section in the USA (Miller et al., 2011), the La Silla Formation in
Argentina (Buggisch et al., 2003), the Black Mountain section in Australia (Ripperdan et al.,
1992), and the Yeongweol Unit in South Korea (Hong et al., 2011). Locations of these
stratigraphic sections at the €-O transition are shown in Figure 3.2.

3.5.4. Implications for reconstructing paleo-oceanic redox states using bulk pyrite
84S signals

The variability in bulk biological §**Spy signals is often regarded as indicative of
fluctuations in the global sulfur cycle and oceanic redox conditions (e.g., Hurtgen et al., 2005,
2009; Gill et al., 2011; Dahl et al., 2014). For instance, positive shifts in bulk §**Spy values have
been attributed to enhanced burial of seawater 32S associated with intensified MSR and expanded
marine anoxia (e.g., Gill et al., 2011; Dahl et al., 2014). Additionally, bulk §**Spy signals have
been employed to constrain paleo-oceanic sulfate levels through the MSR-trend method (e.g.,

Song et al., 2014; Shi et al., 2018; Stebbins et al., 2019a,b; Thomazo et al., 2019). This method is
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Figure 3.12: Crossplots of (a) §"*Corg vs. [Al], R? = 0.25, p <0.05 and (b) 8"*Corg vs. YREE, R? =
0.32, p <0.05, excluding an outlier GPS166. Black solid lines are regression lines.
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established on the basis of a general positive relationship between A*S (8**Swater — 8>*Ssuifiae®) and
[SO4? Jaq observed in modern depositional systems, which depicts an increase in the A**S from
~5%o at 0.1 mM sulfate to ~30—60%o at 29 mM sulfate (Algeo et al., 2015). However, a caveat
with utilizing ancient bulk biological 8°*Spy signals is that they usually represent mixed signals
from pyrite precipitated at different stages during early diagenesis, which significantly influences
the pyrite 5**S signatures (Section 3.5.2.1).

Variations in bulk sedimentary §**Spy can also be linked to changes in aqueous sulfate and
iron levels in partially restricted basins. For example, positive 6°*Spy shifts could be explained by
decreased terrestrial sulfate and iron inputs and reservoir effect in a semi-restricted basin (e.g.,
this study, Kurzweil et al., 2015; Paiste et al., 2020).

As aresult, it is crucial to consider factors such as the stage of biological pyrite formation

and the basin isolation effect before interpreting the variability of bulk §**Spy signals as evidence

% The §**Ssuifice denotes the 5**S of aqueous HzS in the bottom water or sedimentary sulfides located
within a few centimeters of the SWI, which helps to minimize the influence of sulfate distillation in
sediments on &**S of sulfides (Algeo et al., 2016).

104



of global sulfur cycle fluctuations and applying the MSR trend method to estimate ancient marine

sulfate levels.
Conclusions

The Green Point Formation at Green Point in western Newfoundland consists primarily of
slope rhythmites of alternating lime mudstone and shale interbeds. Several lines of evidence point
out that this interval was deposited in a partially isolated basin situated within the Taconic
Seaway. Two major types of pyrite are identified in the Green Point shale: (1) framboidal pyrite
and (2) anhedral to euhedral pyrite. Type 2 pyrite is subdivided into type 2a anhedral to subhedral
pyrite characterized by relict framboidal textures and larger sizes (~10 to 300 pm), and type 2b
subhedral to euhedral pyrite with smaller sizes (typically <10 microns). Type 1 pyrite was formed
in sedimentary porewaters close to the SWI with free diffusive connections to the overlying
seawater. In contrast, type 2b subhedral to euhedral pyrite was precipitated in sediments with
slower sulfate renewal rates. The type 2a anhedral to subhedral pyrite was probably evolved from
framboids during early and burial diagenesis.

Bulk §**Spy values of the shale are characterized by a significant scatter (¢ = 10.62%o) and
display a remarkable positive shift of ~20%o near the €-O boundary. The lack of correlations
between the §**Spy values and the K/Ca, TOC, and pyrite contents, along with the absence of
hydrothermal fluid alteration products in the study area and low maturity of the shale, support
negligible influence of postdepositional diagenesis on the 3**Spy signals. Interestingly, we
observe general parallel changes in the $**Spy values and the abundance of type 2b pyrite,
suggesting that the 8°*Spy variation may be partially driven by the prevalence of pyrite formed
within sediments. This is not surprising, as type 2b pyrite in a given sample is expected to be

more enriched in 3*S than the other two types since it was precipitated below the SWI with
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limited access to the overlying seawater sulfate. Moreover, significant inverse relationships exist
between the §**Spy values and the contents of Al, Th, YREE, and Fe, indicating that terrestrial
sulfate and Fe influxes might have influenced the 5°*S offset between seawater and the pyrite. A
decline in terrigenous input may have suppressed the A**Sscawater - pyrite Since the drop of sulfate
and Fe levels would facilitate porewater sulfate distillation, favoring the precipitation of 34S-
enriched pyrite. Given that the positive §**Spy shift of ~20%o near the €-O boundary is
accompanied by significant declines in the abundances of terrigenous elements and Fe, this shift
may therefore be attributed to the contraction of basinal sulfate and Fe reservoir sizes. In
addition, a negative 8'*Cecar shift is also observed during the positive §**Spy excursion and
declines in Al, Th, and } REE, implying that the reduction of terrigenous input could have
contributed to decreased primary productivity in the regional water column.

The bulk biological 5°**Spy variability recorded by the Green Point shale may be attributed
to a combination of varying proportions of pyrite formed at different diagenetic stages and the
changes in A*Sseawater - pyrite impacted by terrestrial sulfate and Fe inputs. The general contrasting
relationship between the 6°*Spy values and the abundances of Al, Th, Y REE, and Fe revealed by
the LOWESS smoothed curves, however, indicate that fluctuations in terrestrial inputs might
have played a more substantial role in shaping the general $**Spy trend. These findings indicate
that relying solely on the fluctuation in bulk sedimentary §**Syy may not offer dependable

evidence for the global sulfur cycle perturbation.
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Chapter 4

4. Expanded marine anoxia at the Cambrian-Ordovician
transition: Evidence from lime mudstone I/Ca and 8*%U

signatures of the GSSP in western Newfoundland, Canada

This chapter is a reformed version of a paper published in the journal Marine and Petroleum
Geology in 2023. Dr. Karem Azmy supervised this research and assisted with the review and

editing of this manuscript.
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Abstract

The early Paleozoic holds two spectacular radiations of marine organisms—the Cambrian
(€) Explosion and the Great Ordovician (O) Biodiversification Event. However, the period
between them was characterized by a marine biodiversity plateau attributed to recurring biocrises.
In the current study, we present the I/Ca records from slope lime mudstone of the Green Point
Formation in western Newfoundland, along with a three-sink U-isotope mass balance model and
previously reported limestone §**%Ucars signals of the same interval, to further explore oceanic
redox conditions at the €-O boundary. The I/Ca ratios of the lime mudstone, deposited along the
eastern Laurentian (western lapetan) continental slope, exhibit a narrow range between 0.02 and
0.33 umol/mol. Poor correlations between the I/Ca values and their [Sr], §'%0, Mn/Sr, Fe/Sr,
Mg/Ca, and §"*Corg counterparts, together with near-micritic textures of the limestone, argue
against any significant influences of postdepositional alteration on the I/Ca signatures. The
iodine-depleted lime mudstones, with I/Ca values well below the Proterozoic Eon baseline I/Ca
ratios (~0.5 to 1 umol/mol), suggest the presence of shallow marine oxic-anoxic interface along
the regional continental margin. Substantially low carbonate I/Ca ratios (<0.5 pmol/mol) and
dysoxic to anoxic depositional conditions have also been reported from several other age-
equivalent sections deposited along the shelf and slope of ancient lapetan and Laurentian
continental margins. As a result, seawater surrounding the lapetan and Laurentian continental
margins at the €-O transition might have been poorly oxygenated with shallow oxyclines or
expanded oxygen minimum zones in the shelf and/or slope areas. This interpretation is further
supported by our three-sink U mass balance modeling, which predicts widespread marine anoxia
at the €-O boundary with anoxic to euxinic water covering 1.0 to 21.1% of the ocean floor.

Furthermore, the wide range of the estimated oceanic §***Uoc (—1.22 to —0.25%o) might reflect
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marine redox oscillations during this period. However, the §***Uoc fluctuation could also be
attributed to variable accumulations of the *U-enriched authigenic U phases. The overall
evidence in this study aligns with earlier viewpoints that the slowness of marine biodiversity
accumulation during the late Cambrian and the Early Ordovician was linked to widespread

oceanic anoxia.
4.1. Introduction

During the early Paleozoic, there were notable surges in the diversity of marine life, with
the Cambrian Explosion (CE) and the Great Ordovician Biodiversification Event (GOBE) being
the most well-known (Servais et al., 2010; Nowak et al., 2015; Buatois et al., 2016; Stigall et al.,
2019). Rises in oceanic and atmospheric oxygen levels have been regarded as major drivers of
these two radiations (Sperling et al., 2013; Algeo et al., 2016; Lenton et al., 2016; Marenco et al.,
2016; Servais et al., 2019; Dahl et al., 2019), although a recent study by del Rey et al. (2022)
argues that the GOBE was likely linked to a general stable marine redox condition rather than
increased ocean oxygenation. In addition, other factors like elevated nutrient supply from
continental weathering, increased interplay between faunas, and the great continental dispersal
could have also played roles in the early Paleozoic marine biodiversifications (Servais et al.,
2008, 2010; Zaffos et al., 2017; Rasmussen et al., 2019; Fan et al., 2021).

Between the CE and the GOBE (~Epoch 3 to early Tremadocian, e.g., Buatois et al.,
2016; Stigall et al., 2019) was a time of intense volcanism (McKenzie et al., 2016) and
greenhouse climates (Trotter et al., 2008; Goldberg et al., 2021; Zhao et al., 2022). Evidence
from sediment iron-speciation data and marine Mo and U isotope signatures indicates that oceans
at that time were less oxygenated than the present day (Dahl et al., 2010, 2014; LeRoy et al.,

2021). The marine biodiversity during this time interval reached a plateau (Buatois et al., 2016;
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Rasmussen et al., 2019; Stigall et al., 2019; Deng et al., 2021, 2023), which has been attributed to
expanded marine anoxia linked to greenhouse climates (e.g., Saltzman et al., 2015; LeRoy et al.,
2021). However, further geochemical studies are necessary to substantiate this explanation. In
this study, we aim to shed light on this issue by investigating the I/Ca and §***U signatures of the
continental slope lime mudstone of the Green Point Formation, as well as using a three-sink U-
isotope mass balance model to better understand the local continental margin seawater and global
marine redox conditions at the Cambrian—Ordovician (€-O) transition.
4.1.1. Geochemistry of iodine and carbonate I/Ca ratios

Iodine (I) in modern oceans has a residence time of ~300 kyr and a uniform concentration
of ~0.45M (Lu et al., 2010, 2016; Hardisty et al., 2014). The marine iodine inputs primarily
include riverine discharge, hydrothermal influx, and atmospheric precipitation, while the outputs
are mainly associated with carbonate precipitation and organic matter burial (Lu et al., 2010;
Fehn, 2012; Zhou et al., 2014; Alvarez et al., 2016). Iodine exists in oxygenated ocean waters as
soluble iodate (1037), which is readily reduced to iodide (I") under anoxic conditions
predominantly by bacteria (Wong and Brewer, 1977; Rue et al., 1997; Councell et al., 1997,
Farrenkopf et al., 1997; Truesdale and Bailey, 2000; Amachi et al., 2007; Babbin et al., 2017).
The reduced I is oxidized back to 103~ under well-oxygenated conditions, but this process is
much slower than the 103~ reduction (Hardisty et al., 2021 and references therein). It has been
reported that 103™ is the sole iodine species that can incorporate into calcite by replacing the
carbonate ion (CO3%"), making the carbonate I/Ca ratio a potential redox proxy for ocean waters
(Lu et al., 2010; Feng and Redfern, 2018).

Studies on the modern and Holocene planktonic foraminifera suggest that the I/Ca values

lower than ~2.6 pmol/mol are signals for the presence of subsurface seawater (depth >50m) with
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[I03 Jaqg <0.25 umol/L and [O2]aq <~70—-100 pmol/kg near sites where the foraminifera
precipitated (Lu et al., 2016; Lu et al., 2019, 2021). Consistent with this finding, the I/Ca records
of the Bahamas bank top primary bulk carbonates (>6.0 umol/mol, Hardisty et al., 2017), formed
in well-oxygenated shelf areas, are well above the maximum value of ~2.6 pmol/mol recorded by
foraminifera precipitated near oxygen deficient zones (Lu et al., 2016; Lu et al., 2019, 2020,
2021). It is noteworthy that the I/Ca < ~2.6 pmol/mol does not necessarily indicate the depletion
of oxygen within the foraminifera habitats or where the carbonates formed. This is because the
[IO3 Jaq of seawater in a specific area is determined by two processes: 1) the in-situ processes of
iodine oxidation-reduction and 2) the mixing of regional water masses with [103 ]aq gradients (Lu
etal., 2016; Lu et al., 2018, 2019; Hardisty et al., 2021). Although it is still debatable whether the
threshold I/Ca value of ~2.6 umol/mol can be applied to ancient bulk carbonates in
reconstructing paleo-marine redox conditions, multiple studies suggest that ancient limestones (or
dolomicrites) with near-primary I/Ca (or I/(Mg+Ca) signatures below 0.5—1 pmol/mol (the
Proterozoic baseline values) could serve as evidence for the presence of shallow marine oxic-
anoxic interfaces and reducing subsurface seawater (e.g., Hardisty et al., 2017; Shang et al., 2019;
Wei et al., 2019; He et al., 2020a,b).

Oceanic anoxic events were generally accompanied by declines in carbonate I/Ca ratios to
low values due to decreased 103™ reservoir sizes of seawater, whereas the marine oxygenation
episodes coincided with rises in the carbonate I/Ca ratios owing to increased oceanic 103~
budgets (Lu et al., 2010, 2016; Hardisty et al., 2014, 2017; Zhou et al., 2014, 2015; Edwards et
al., 2018; Wei et al., 2019; He et al., 2020b). The effectiveness of the carbonate I/Ca ratio as a
paleo-redox proxy is also supported by the covariation of curves of the maximum carbonate I/Ca

ratio, the marine biodiversity, and the atmospheric oxygen level over geological time (Hardisty et
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al., 2017; Lu et al., 2018; Shang et al., 2019). However, caution must be taken when using this
redox proxy as postdepositional diagenesis (e.g., meteoric diagenesis, recrystallization, and
dolomitization) can only lower the primary carbonate I/Ca ratios by excluding 103 ions bound in
calcite (Zhou et al., 2015; Hardisty et al., 2017). In other words, the maximum carbonate I/Ca
ratio for a given section should be the minimum estimate of the oxygen availability of local water
masses (Hardisty et al., 2017).

4.1.2. Geochemistry of uranium and uranium isotopes

Uranium (U) exists in oxygenated seawater primarily as soluble uranyl complexes
(Djogi¢ et al., 1986; Morford and Emerson, 1999). It has a homogenous concentration of ~14
umol/m? (Sarmiento and Gruber, 2006) and a uniform §2*%U value of ~—0.39%o (Tissot and
Dauphas, 2015) in the present-day oceans. The modern oceanic U input is dominated by riverine
discharge (>90%), with a small contribution (<10%) from hydrothermal systems and aeolian
crustal dust (Barnes and Cochran, 1993; Morford and Emerson, 1999; Henderson and Anderson,
2003). The modern marine U sinks consist primarily of oxic, oxygen-poor (dysoxic to suboxic)
continental margin, and anoxic/euxinic sediments, with a minor sink associated with
hydrothermal circulation and seafloor alteration (Dunk et al., 2002; Henderson and Anderson,
2003; Tissot and Dauphas, 2015).

Under oxidizing ocean waters, dissolved uranium (U%") is removed from seawater through
adsorption onto Mn-Fe (oxyhydr)oxides or fixation into carbonates and pelagic clays, which are
isotopically offset from seawater by average values of ~—0.24%o, +0.25%o, and +0.04%e,
respectively (Tissot and Dauphas, 2015; Chen et al., 2018; Tissot et al., 2018; Bura-Naki¢ et al.,
2020). Aqueous U%" is reduced to U*" by bacteria at the Fe*’—Fe*" redox boundary primarily

within sedimentary porewaters, and a portion of the reduced U*" is buried into sediments as
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organic matter-associated U species or uraninite precipitates (Zheng et al., 2002a,b; Algeo and
Tribovillard, 2009; Stirling et al., 2015; Bura-Naki¢ et al., 2018). Theoretically, the bacterial
uranium reduction can cause an intrinsic isotopic fractionation (AZ*¥Uu*"_ %) of ~1.2%o;
however, the observed fractionations in natural aqueous systems are much lower than this value
because of U diffusive-reactive processes in porewaters (Andersen et al., 2014; Lau et al., 2020).
Sediments formed under oxygen-poor (dysoxic to suboxic) and anoxic to euxinic environments
have been reported to be heavier than seawater in §***U by average values of ~0.1%o and 0.6%o,

respectively (Weyer et al., 2008; Tissot and Dauphas, 2015).
4.2. Geological background

The Green Point Formation in western Newfoundland (Figure 4.1), part of the Humber
Arm Allochthon in the northern Appalachian Orogen, includes the Global Stratotype Section and
Point (GSSP) for the Cambrian—Ordovician boundary on Laurentia (James and Stevens, 1986;
Cooper et al., 2001). The ancient Laurentian Plate was separated from west Gondwana cratons by
rifting during ~570 to 550 Ma, which led to the opening of the lapetus Ocean (Cawood et al.,
2001) and the development of a pre—platform shelf along the eastern Laurentian margin. The
shelf was then covered by clastic sediments during the Neoproterozoic and the early Cambrian
(James et al., 1989). A major transgression between the early Cambrian and Early Ordovician
flooded the Laurentian platform margin and resulted in the accumulation of thick carbonate
deposits (Lavoie et al., 2012). The platform high-energy carbonates were deposited during the
middle-late Cambrian and similarly the coeval carbonate/shale slope deposits of the Cow Head
Group. They were later buried under the low-energy carbonates of the St. George Group from the
Early Ordovician to the earliest Middle Ordovician (Knight et al., 2007, 2008; Lavoie et al.,

2012). The platform and slope sediments were subsequently deformed and transported westward
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by the Late Ordovician Taconic, Silurian Salinian, and Early Devonian Acadian orogenic events

(Jacobi, 1981; Knight et al., 1991; Waldron et al., 1998; van der Velden et al., 2004).

The Green Point Formation was deposited along the low paleolatitude (~30°S, Figure 4.2,

Scotese, 2014) southeastern Laurentian continental margin at a water depth of ~200m during the

late Cambrian and the Early Ordovician (Jansa, 1974; James and Stevens, 1986; Waldron et al.,

1998). The lithostratigraphy of the currently investigated €-O boundary section (Figure 4.3) has

been studied and discussed in detail by James and Stevens (1986), and it is therefore only

summarized here. The GSSP boundary section at Green Point, part of the Green Point Formation
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Figure 4.2: The paleogeographic reconstruction of the Cambrian-Ordovician boundary
(~488.3Ma) showing locations of the Green Point Formation in western Newfoundland (GP) and
the age-equivalent slope/shelf sediments in New York (NY), Quebec (QC), and the Great Basin
of western USA (GB) deposited along the Laurentian continental margin (Landing, 2012;
Edwards et al., 2018). The slope deposits in NY and QC are primarily dark mudstones (Landing,
2012). Coeval black shales formed along the eastern and southern Iapetan continental margin
currently exposed in New Brunswick (NB) in eastern Canada, Wales (WS) in southwest Great
Britain, Norway (NO), and Sweden (SE) (Berry et al., 1986; Wilde et al., 1989; Nielsen and
Schovsbo, 2006; Zhao et al., 2022; Kozik et al., 2023). Modified from Scotese (2014).

of the Cow Head Group, spans the upper Cambrian Martin Point Member and the lower
Ordovician Broom Point Member. This interval is dominated by hemipelagic shale, ribbon and
parted lime mudstone with minor conglomerate beds and a few layers of siltstone. The shale,
siltstone, and ribbon/parted limestone were deposited by gravity flows and/or pelagic fallout,
with the carbonate materials primarily derived from the shallow water carbonate platform. The
conglomerate beds may occur and contain debris of shallow-water carbonates or early lithified
upper slope deposits that were transported into deep-water facies along the slope by turbidity
currents (James and Stevens, 1986; Coniglio and James, 1990). A study by Tripathy et al. (2014)
suggests that shale of this interval have an average Re-Os age of 484 + 16 Myr. An inverse

correlation between the shale 8**Moauthigenic and $**¥Uauthigenic values (Appendix 4.1), analogous to
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those observed from the Black Sea and Cariaco Basin, indicates that the local basin was probably
partially isolated from the open ocean during this interval (Li et al., 2022).

The conodont zonation scheme (Figure 4.3) of the studied interval includes, from bottom
to top, the Cordylodus proavus, Cordylodus caboti, Cordylodus intermedius, lapetognathus
Sfluctivagus, and Cordylodus angulatus zones (Barnes, 1988; Cooper et al., 2001; Zhang and
Barnes, 2004). The golden spike marking the €-O boundary in the GSSP section at Green Point
is placed within Bed 23, which is defined by the first appearance of the conodont lapetognathus

Sfluctivagus (Cooper et al., 2001).

4.3. Methodology

4.3.1. Petrographic evaluation and the iodine content analysis

Thirty-three lime mudstone samples were collected from the Green Point Formation (€-O
GSSP boundary section, 49° 40" 51" N; 57° 57" 36" W, Figure 4.1 and Figure 4.3) at Green Point,
western Newfoundland, Canada. Samples were thin-sectioned, and the mirror-image slabs were
polished. The thin sections were examined using a Zeiss Axioscope 5 at Memorial University of
Newfoundland. For each thin section, over one hundred grains of a representative small aera are
measured using ImagelJ to estimate the average grain size (Appendix 4.2). The slabs were cleaned
with deionized water and dried overnight at 50 °C before extracting the finest-grained material.
Guided by the petrographic examination of thin sections under a polarized microscope, ~5 mg
powder of each sample was extracted from the most micritic spots of the slab using a low-speed
hand-held microdrill under a binocular microscope.

Measurements of the iodine content were performed at the Bureau de Recherches
Géologiques et Minieres (BRGM), France, using an Agilent 8900 triple quadrupole ICP-MS

based on the methodology outlined in Lu et al. (2010) and Hardisty et al. (2017). For each
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Figure 4.3: Stratigraphic framework of the Cambrian-Ordovician GSSP boundary section at
Green Point (western Newfoundland, Canada) showing bed numbers, a detailed measured section
with positions of the near-micritic limestone samples, and the reconstructed sea-level variation
(modified from Cooper et al., 2001; Azmy et al., 2014). Abbreviations: HST = high stand
systems tract, LST = low stand systems tract, TST = transgressive systems tract, MRS =
maximum regressive surface, MFS = maximum flooding surface, and SQB = sequence boundary.

sample, ~5 mg powder was rinsed and centrifuged three times with deionized water to remove

any potential soluble iodine salt and clay minerals (Zhou et al., 2015; Liu et al., 2020). The
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powder was dried overnight at 50 °C, weighed using a microgram balance, and then reacted with
3% nitric acid to completely dissolve all carbonate. The solution was centrifuged to obtain
supernatant after the samples stopped bubbling. A 3% tertiary amine solution was added to the
supernatant to stabilize iodine and then diluted to 0.5% with MQ water. The iodine concentration
was measured within 48 hours to avoid any iodine loss (Lu et al., 2010). The accuracy of the
calibration was validated by the Inorganic Venture single element iodine and the pure iodate
potassium solution, and the standard reference GSD-11 was used to assess the long-term
instrumental accuracy. Uncertainties of the measurements are better than 3% (10).

The [Ca], [Mg], [Sr], [Mn], [Fe], [Al], TOC, §'*Corg (VPDB), and 8'3Ocab (VPDB) values
of the lime mudstone have been reported by Azmy et al. (2014, 2015). The data examined here
were obtained by testing powders microdrilled from the adjacent most micritic spots of the same
slabs.

4.3.2. Approximation of seawater 8>33U at the €-O boundary

The §*38U (8?*®Ucar) values and U contents of the lime mudstone have been evaluated and
reported by Azmy et al. (2015) and Li et al. (2022). The §*3%U values of bulk carbonates,
deposited in shallow-water platform, shelf, and slope environments, are reported to be higher
than seawater by an average value of ~0.25%o (AZ**Ubulk carbonates-scawater) OWing to the addition of
early diagenetic reduced U phases (Chen et al., 2018; Tissot et al., 2018). A study by Bura-Naki¢
et al. (2020) shows a similar average A?*8U offset between seawater and bulk carbonates formed
under dysoxic to anoxic conditions. The §?*3U values of the regional shallow basin water
(82*8Usw) were thus calculated by subtracting 0.25%o from the §***Ueca values (Li et al., 2022,
Table 4.1). However, in the present study the average value of 8***Usw (—0.70 % 0.24%, 10) is

employed to represent the shallow basin water. This is because the observed A?*®Ubuik carbonates-
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Table 4.1:

Geochemical attributes of the lime mudstone.

Average

Sample 1 Ca Mg I/Ca 8'%0 Sr Mn Fe TOC  8"Corg Al Uarn U ¥Upwioc ~ grain size
1)) pg/g  wt% wt%  Mg/Ca  (pmol/mol) %0 pg/g  pg/lg  Mn/Sr pg/lg Fe/Sr wt% %0 ng/eg  nglg %0 26 n %0 pm
GP2 0.02 364 0.3 0.009 0.02 -7.21 285 800 2.80 1049 3.68 1.50 -26.97 372 1.56 -0.27 004 4 -0.52 6.1
GP5 0.16 359 0.5 0.015 0.14 -7.25 296 489 1.65 3102 10.49 2.21 -26.09 1328  0.93 5.2
GP7 0.03 368 0.3 0.009 0.03 -6.89 261 346 1.32 1006 3.85 4.14 -26.44 520 2.44 -0.46 005 3 -0.71 7.7
GP9 0.12 430 0.4 0.009 0.08 -7.08 266 389 1.47 1114 4.19 2.37 -26.37 568 0.84 7.1
GP10 0.03 377 0.3 0.009 0.03 -7.56 239 579 2.42 1548 6.47 0.97 -29.03 633 0.62 8.3
GP13 0.37 38.2 0.3 0.007 0.31 -6.87 211 267 1.27 661 3.13 302 0.54 9.5
GP14 0.03 342 0.3 0.009 0.02 -7.45 227 671 2.95 2871 12.64 0.80 -28.92 878 2.53 -0.18 0.08 4 -0.43 20.0
GP18 030 375 0.3 0.009 0.25 -6.98 297 280 0.94 1289 4.34 2.39 -26.55 640 1.62 -0.23 1 -0.48 7.3
GP20 036 380 0.3 0.008 0.30 -7.12 272 371 1.36 981 3.61 1.15 -28.17 483 0.70 4.8
GP22 026 408 0.4 0.009 0.20 -7.09 250 369 1.48 748 2.99 1.62 -28.54 371 3.10 -0.19 001 3 -0.44 12.2
GP25 0.02  36.1 0.4 0.011 0.02 -7.37 190 628 3.31 2105  11.10 0.74 -25.95 1083  0.78 -0.37 1 -0.62 7.3
GP26 0.04 25.5 0.5 0.018 0.05 -7.19 175 558 3.18 3194 18.21 1.52 -25.89 1558 0.78 14.7
GP28 0.06 34.1 0.5 0.014 0.06 -8.37 482 365 0.76 3620 7.52 0.83 -27.78 1104  1.83 -0.41 009 3 -0.66 *
GP29 0.04  36.1 0.4 0.010 0.03 -7.38 179 405 2.26 1482 8.28 0.43 -28.38 766 0.46 -0.49 0.10 4 -0.74 7.0
GP30 0.03 390 0.4 0.010 0.02 -7.37 246 376 1.53 1560 6.34 0.44 -28.59 703 0.24 -0.70 004 3 -0.95 4.7
GP33 0.04 332 0.5 0.015 0.04 -8.04 397 273 0.69 9370  23.59 0.34 -26.37 1571 1.19 -0.21 1 -0.46 52
GP34 0.18 338 0.4 0.011 0.17 -6.98 222 325 1.46 1472 6.63 0.27 -26.21 920 0.60 -0.69 012 4 -0.94 4.8
GP35 0.05 333 0.4 0.012 0.04 -6.92 180 474 2.63 1786 9.91 0.23 -29.36 1188  2.08 0.00 005 3 -0.25 6.7
GP37 0.10 372 0.5 0.013 0.09 -6.84 189 193 1.02 1573 8.30 -26.37 1142 1.19 4.0
GP38 0.05 349 0.4 0.011 0.05 -1.2 379 122 0.32 1098 2.90 0.13 -28.75 706 0.35 -0.63 009 4 -0.88 39
GP40 0.08 33.8 0.4 0.011 0.08 -7.44 286 273 0.95 1624 5.67 1010 0.30 -0.97 0.15 4 -1.22 5.5
GP41A  0.04 387 0.8 0.020 0.03 -7.11 243 210 0.86 1032 4.24 579 0.30 -0.41 0.02 3 -0.66 4.4
GP43 022 389 0.6 0.015 0.18 -6.98 367 94 0.26 489 1.33 0.11 -26.98 671 0.15 6.5
GP45 0.05  39.1 0.4 0.011 0.04 -6.86 189 824 4.37 422 2.24 427 0.24 -0.82 002 3 -1.07 8.3
GP46 0.02  39.1 0.4 0.009 0.02 -6.83 213 834 3.92 287 1.35 0.33 -26.31 286 0.20 -0.41 1 -0.66 7.0
GP47 0.12  39.1 0.4 0.009 0.09 -6.91 211 385 1.82 380 1.80 644 0.41 -0.53 006 3 -0.78 7.2
GP48 0.17  39.0 0.5 0.014 0.14 -7.49 232 449 1.94 349 1.51 0.72 -28.02 1371 0.77 -0.44 009 2 -0.69 4.9
GP51 032  39.1 0.4 0.009 0.25 -7.29 272 149 0.55 683 2.51 1036 043 7.5
GP53 0.06  39.0 0.5 0.012 0.05 -6.91 325 128 0.39 1407 4.32 0.22 -28.12 406 0.11 -0.66 0.11 4 -0.91 10.1
GP55 0.21 39.1 0.4 0.009 0.17 -7.12 309 148 0.48 723 2.34 0.26 -26.24 783 0.72 43
GP57 0.41 39.2 0.3 0.009 0.33 -7.92 269 179 0.67 697 2.59 0.36 -28.27 677 1.21 14.5
GP59 037 387 0.8 0.021 0.30 -7.38 295 129 0.44 1861 6.30 1.43 -28.97 487 1.25 -0.33 0.13 4 -0.58 23.1
GP60 0.22  39.0 0.5 0.013 0.18 -7.6 279 138 0.50 1433 5.14 0.85 -28.81 690 2.14 52

TOC = total organic carbon, org = organic, carb = carbonate, BW = basin water, OC = ocean, §***Uswioc = 8?**Ucarb — 0.25%o, *: thin

section missing.

141



seawater has a wide range from ~0.1 to 0.5%0 (Romaniello et al., 2013; Tissot et al., 2018; Bura-
Naki¢ et al., 2020, Appendix 4.3), and thus for a specific bulk carbonate sample, an average value
of 0.25%0 may not be a very accurate estimate for the §*3*U shift caused by the accumulation of
authigenic U phases.

Although the local basin was likely partially isolated from open seawater during the
sampled interval deposition (Li et al., 2022), the §?*3U of the shallow water may be close to open
ocean. This inference is based on findings that the §**®U of modern semi-restricted basin waters
(except for waters deep below the chemocline in strongly restricted basins) have been reported to
be comparable to open oceans (Noordmann et al., 2015; Tissot and Dauphas, 2015; Rolison et al.,
2017; Li and Tissot, 2023, Appendix 4.4) and the limestone was not deposited under euxinic
conditions (Azmy et al., 2014, 2015). Therefore, the mean value of ***Usw (—0.70 £ 0.24%o, 10)
is utilized to represent the value of open oceans (8***Uoc) at the €-O boundary. Given the fact
that no 8**Ucab values have been reported from other age-equivalent stratigraphic sections, we
consider —0.70 £ 0.24%o (10) to be the best estimate that is currently available for the marine
82°8U signature during the €-O transition, albeit with a relatively large standard deviation.

4.3.3. The three-sink U-isotope mass balance model

The U-isotope mass balance models have been widely applied to study ancient oceanic
redox conditions (e.g., Brennecka et al., 2011; Lau et al., 2016; Lu et al., 2017; Zhang et al.,
2018a,b, 2020; Dahl et al., 2019; Gilleaudeau et al., 2019; Tostevin et al., 2019; Wei et al., 2021).
In this study, we employ a three-sink U-isotope mass balance model (following Lau et al., 2016;
Zhang et al., 2018a,b; Gilleaudeau et al., 2019; Tostevin et al., 2019) to investigate the oceanic
redox conditions during the €-O transition. This model is established based on the following

assumptions:
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e constant 3**¥U signature of the riverine input over geologic time, and riverine discharge
is the sole source of the oceanic U;

e the oceanic U sinks consist of only oxic, oxygen-poor (dysoxic to suboxic), and
anoxic/euxinic sediments;

e fixed 5?*%U fractionations between ocean waters and the three U sinks over geologic
time;

e constant U removal rate constants (see discussion below) under oxic, dysoxic to
suboxic, and anoxic/euxinic conditions over geologic time;

e oceans during the studied time interval were in a steady state, i.e., the oceanic U input
was equal to the U output.

The relationship among the oceanic redox condition, the oceanic U reservoir size, and the

8238U values can be described by the following differential mass balance equations:

dQOC —
T a QriV - Qox - Qoxp - Qanox (1)

4Q,, 58Uy
dt

= Qi 8 Uriy = Quy 8 Uy = Q8" Uy = Qo 8™ Unnox 2)
where the Qoc, Qriv, 8>>%Uoc, and 82*¥Usiv refer to the oceanic U reservoir size (mol), the riverine U
input (mol), the oceanic §?*%U signature, and the $**®U of discharged river waters, respectively.
The Qox, Qoxp, and Qanox are the marine oxic, oxygen-poor (dysoxic to suboxic), and

anoxic/euxinic U sinks (mol), respectively, and their ***U signatures are denoted by 6***Uox,

82*8Uoxp, and 8**®Uanox, respectively.

In equations (1) and (2):
ro = Voc'Coc, U (3)
Qriv = VriV'CriV, U (4)
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Qox = kox'ro'fox'Aoc (5)

Qoxp = Koxp*Qocfoxp*Aoc (6)
Qanox = Kanox*Qocfanox* Aoc (7)
8238Uox = 8% Uoc + Aox (8)
8238Uoxp = 6%8Uoc + Aoxp 9)
87 Uanox = 8" Uoc + Aanox (10)
fox + foxp + fanox = 1, and fox, foxp, and fanox €[0,1] (11)

where the Voc, Coc, U, Vriv, and Ciiv, u refer to the volume of ocean waters, the seawater U
concentration, the volume of river waters discharged into oceans, and the U concentration of river
waters, respectively. The Kox, koxp, and kanox are the rate constants for U removal under oxic,
oxygen-poor, and anoxic/euxinic conditions, respectively, which are calculated from the modern
U system. The fox, foxp, and fanox represent the fractions of the ocean floor covered by oxic,
oxygen-poor, and anoxic/euxinic waters, respectively. The Aoc denotes the area of the ocean
floor. The Aox, Aoxp, and Aanox refer to the U isotopic fractionations between seawater and the
oxic, oxygen-poor, and anoxic/euxinic sinks, respectively. The values of parameters used in this
modeling are summarized in Error! Reference source not found..

Assuming that the ocean was in a steady state, then we have:

dQy _ dQu 3" Uge

a a0 (12)

Therefore, equations (1) and (2) can be simplified to:
Qriv = Qox + Qoxp + Qanox (13)
Quiy 8 Uriv = Q3 Uy + Q3 Upp + Qo 8 U (14)

By solving equations (13) and (14) using equations (3) to (10), we obtain:
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8238U0C — 8238Uriv _ Kox foxAox + Koxpfoxp Boxp + Kanox Tanox Aanox (1 5)

Kox Tox + koxp'foxp + Kanox fanox
Considering that fox + foxp + fanox = 1, the following relations can be expressed as:
fox and foxp V8. fanox:

fanox [( Kanox _koxp) (623 8Uriv _523 8Uoc )+k0xp ‘onp — Kanox 'Aanox] +koxp( 5238Uriv _6238Uoc _onp)

.o 16
oX kox'on_koxp'onp_(6238Uriv_5238Uoc)(kox _koxp) ( )
238 238 238 238
f _ fanox [( Kanox —Kox) (8" " Uriy—=6"""Ugc)tkox Aox— kanox'Aanox]+kox( 3" Uiy =6"""Upe—Aox) ( 1 7)
- 238 238
oxp koxp 'onp —Kox"Aox—(6"""Urjy—3 Uoc)(koxp —kox)
fox and fanox vs. foxp:
£ = foxp [( koxp —Kanox) (523 8Uriv _523 8Uoc +Kanox Aanox — koxp 'onp] +ranox( 5238Uriv _6238Uoc —Aanox) ( 1 8)
ox Kox"Aox —Kanox Aanox _(5238Uriv_6238Uoc)(kox —Kanox)
2 2 2 2
. foxp [( koxp_kox)(8 38Uriv_6 38Uoc)+kox'on_kcvxp'onp]"'kox( 3 38Uriv_8 38Uoc —Aox)
fanox - Kk A koo A —(8238U~ _5238Qy )k —Koy) (19)
anox "‘Banox ~ Kox 'Box riv oc)Kanox ~Kox

This model predicts a ***U value of ~—0.40%o for the modern ocean, which is in good
agreement with the reported modern oceanic §?°®U signature of ~—0.39%o (Tissot and Dauphas,
2015). The minimum and maximum values of the fanox and foxp for a given §?*%Ucc value are
determined using equations (16) to (19) based on restrictions that fanox and foxp €[0,1], fox + foxp <

1, and fox + fanox S 1

4.4. Results

The geochemical attributes of the lime mudstone are listed in Table 4.1 and shown in
Figure 4.4. The iodine concentrations range from 0.02 to 0.41 pg/g, and the corresponding I/Ca
ratios fall within a narrow range between 0.02 and 0.33 pmol/mol. The limestone with Mn/Sr <2
exhibits the same range in I/Ca ratios (Section 4.5.1). The [Sr] and the carbonate §'0 (8'¥Ocarv)
values span from 175 to 482 ng/g and —8.37 to —6.83%o, respectively. The Mn, Fe, Mg, and Al

concentrations vary between 94 and 834 pg/g, 287 and 9370 pg/g, 0.3 and 0.8 wt%, and 286 and
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Table 4.2: The list of parameters and values for the three-sink U-isotope mass balance model.

Parameter Meaning Present value Fixed value References
5?38 Uoc The oceanic 628U signature —0.39%o 1

Aoc The area of the ocean floor 3.6184x10'm? 2

Voe The volume of the ocean water 1.3324x10"¥ m? 2

Coc,u The seawater U concentration 14 pmol m™3 3

Qriv The riverine U input 40 Mmol/yr 4

fox The fraction of ocean floor covered by oxic water ~91.8%*

foxp The fraction of ocean floor covered by dysoxic to suboxic water ~8.0% 4,5

fanox The fraction of ocean floor covered by anoxic/euxinic water ~0.2% 1,6
Qox,u The marine oxic U sink ~9 Mmol U/yr 4

Qoxp,u The marine oxygen-poor (continental margin) U sink ~25 Mmol U/yr**

Qanox,u The marine anoxic/euxinic sink ~6 Mmol U/yr 4
8238Uriv The riverine 233U signature ~0.24%o 1

Kox The rate constant for oceanic U removal under oxic condition 1.45%1 Q7215

Koxp The rate constant for oceanic U removal under oxygen-poor condition 4.63%1(720 #kxx

Kanox The rate constant for oceanic U removal under anoxic/euxinic condition 4. 4451 (7 19kkkk

Aox The isotopic fractionation between seawater and the oxic sink +0.02%0 ****** 1,7,8,9
Aoxp The isotopic fractionation between seawater and the oxygen-poor sink +0.1%o 1

Aanox The isotopic fractionation between seawater and the anoxic/euxinic sink +0.6%o 1

* Calculated using equation 11

** Calculated at the steady state condition

*#% Calculated using equation 5

*#%% Calculated using equation 6

*A%k% Calculated using equation 7

###%%% The average value of AZ*¥Ucarb seds-sw (0.25%o0), A?*®Upelagic red clay-sw (0.04%o), and
AP8Unmetalic seds-sw (—0.24%o); carb = carbonate, seds = sediments, SW = seawater.

References: 1 Tissot and Dauphas, 2015; 2 Charette and Walter, 2010; 3 Sarmiento and Gruber,
2006; 4 Morford and Emerson, 1999; 5 Klinkhammer and Palmer, 1991; 6 Lau et al., 2016; 7
Chen et al., 2018; 8 Tissot et al., 2018; 9 Bura-Naki¢ et al., 2020.

1571 pg/g, respectively. The TOC and the §'°C of organic carbon (5'*Corg) values range from
0.11 to 4.14 wt% and —29.36 to —25.89%o, respectively. The carbonate §?*%U (6***Ucary) and the
inferred oceanic §***Uoc (>**Uoc = §?**Ucarb — 0.25%o) values span widely from —0.97 to 0.00%o
and —1.22 to —0.25%o, respectively. The inferred 6***Uoc values display moderate variations
below Bed 22, followed by a serious of oscillations from Beds 23 to 25 before returning to less
negative values in Bed 26. The estimated average 3***Uoc for the Cambrian-Ordovician transition
1s —0.70 + 0.24%o (10).

Petrographic examination shows that the carbonates are fabric retentive lime mudstone

with near micritic textures and average grain sizes between ~4 and 23 pm (Figure 4.5a-r, Table
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4.1). All samples have undergone complete recrystallization, as indicated by the presence of
relatively large grains (up to ~40 um, Figure 4.5). The original fine crystals (probably <5 um)
may have been coarsened through aggrading neomorphism. However, it is important to note that
the extracted materials were microdrilled from the most micritic spots, and there is no significant
correlation between the average grain sizes and the I/Ca ratios (R?> =0.06, Error! Reference

source not found.).
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Figure 4.4: Stratigraphic profile and geochemical trends across the Cambrian-Ordovician GSSP
boundary of the Green Point Formation in western Newfoundland, Canada. The dashed
horizontal black line marks the level of the golden spike of the Cambrian-Ordovician
biostratigraphic boundary (Cooper et al., 2001). The filled red squares are I/Ca ratios of samples
with Mn/Sr >2.

4.5. Discussion

4.5.1. Evaluation of the I/Ca signature preservation

The iodine bound in calcite has been reported to be susceptible to diagenetic alteration

oucetal., ; Hardisty et al., . Carbonates commonly lose the 1sotope and Sr but
Zh 1., 2015; Hardisty et al., 2017). Carb ly lose the '*0 isotope and Sr b
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become enriched in Mn, Fe, and Mg due to postdepositional diagenesis such as recrystallization,

meteoric alteration, and dolomitization (Brand and Veizer, 1980; Al-Aasm and Veizer, 1986;

At i

Fgre .5: Potoicgraphs (plne olarized lgt, 2>< agniﬁcation, scale bar = 50 pm) of
the lime mudstone samples, (a): GP2, (b): GP7, (¢): GP10, (d): GP14, I: GP18, (f): GP 22, (g):

GP26, (h): GP29, (i): GP30, (j): GP34, (k): GP37, (1): GP41A, (m): GP45, (n): GP46, (0): GP48,
(p): GP51, (q): GP55, (I): GP59.
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Banner and Hanson, 1990; Gao and Land, 1991; Azmy et al., 2011). Significant '30 isotopic

exchange between carbonates and meteoric fluids can happen at very low porewater/rock ratios
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Figure 4.6: Crossplots of the average carbonate grain sizes and the I/Ca ratios (R? = 0.06). The
solid black line is the regression line.

(Banner and Hanson, 1990; Algeo et al., 1992). Therefore, the lack of correlations between the
I/Ca ratios and their [Sr], §'%0, Fe/Sr, and Mg/Ca counterparts (R>=0.01, 2x107, 0.11, and
0.004, respectively, Figure 4.7a-d), along with the invariable 3'%0 values and strong depletions of
Mg (<0.9 wt%, Figure 4.4 and Table 4.1), argue against significant influences of diagenetic
alteration on the 1/Ca signals. The absence of correlation between the 1/Ca ratios and the §'*Corg
values (R? = 0.01, Figure 4.8a) also suggests negligible influence from organic matter
catagenesis. These observations are consistent with the overall good preservation of the limestone
as indicated by micritic to near-micritic textures and non- to dull-luminescence under a cold
cathodoluminoscope (Azmy et al., 2014, 2015).

It is noteworthy that there is a weak negative correlation between the I/Ca ratios and

Mn/Sr values (R? = 0.23, Figure 4.8b), implying that a few of the I/Ca signals might have been
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slightly altered by postdepositional diagenesis like recrystallization. Considering that the

limestone with Mn/Sr >2 might have experienced a degree of diagenetic alteration (e.g., Song et
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Figure 4.7: Scatter diagrams of (a) [Sr] vs. I/Ca (Rl samples= 0.01, R*Mmwsr<2 = 0.05), (b) 8" Ocarb
vs. I/Ca (R samples= 2% 107>, R2wmwssr<2 = 0.003), (c) Fe/Sr vs. I/Ca (Rt samples= 0.11, p >0.05;
R2Mus<2 = 0.10, p >0.05), and (d) Mg/Ca vs. I/Ca (Rt samples= 0.004, R*Mmwsr<2 = 0.03). The filled
black circles are samples without differentiating Mn/Sr ratios, and the red crosses are samples
with Mn/Sr <2. Black and red solid lines represent the regression lines of all samples and the
samples with Mn/Sr <2, respectively.

al., 2014; Bartlett et al., 2018; Decraene et al., 2023), the I/Ca ratios of these samples are thus

excluded from this study. The I/Ca ratios of samples with Mn/Sr <2, which also range from 0.02

to 0.33 pmol/mol, exhibit poor correlations with their [Sr], §!%0, Fe/Sr, Mg/Ca, §'*Corg, and

Mn/Sr counterparts (R = 0.05, 0.003, 0.10, 0.03, 0.05, and 0.01 respectively, Figure 4.7a-d and
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Figure 4.8a,b). Although minor iodine loss due to postdepositional diagenesis cannot be entirely
ruled out for the lime mudstone, the overall evidence suggests that samples with Mn/Sr <2 are
likely to have been insignificantly affected by diagenetic alteration. Therefore, these samples may
retain at least near-primary I/Ca signals.

Iodine also exists in rocks as organic iodine and iodide (Togo et al., 2016), which might
contaminate carbonate associated I/Ca signatures (e.g., He et al., 2020b). However, the poor
correlation between the I/Ca values and TOC concentrations (R? of all samples and the samples
with Mn/Sr <2 = 0.003 and 0.001, respectively, Figure 4.8c) demonstrates that negligible
organically-bound iodine was released to solutions during sample dissolutions. Limestones of this
interval are hemipelagic sediments with minor clay minerals coming from the continent (James
and Stevens, 1986). In this study, the powders were rinsed three times with deionized water to
minimize the contamination from clay minerals, which is supported by the absence of correlation
between the I/Ca ratios and their [Al] counterparts (R? of all samples and the samples with Mn/Sr
<2 =0.04 and 0.09, respectively, Figure 4.8d).

4.5.2. Interpretation of the limestone I/Ca ratios

Near-primary carbonate I/Ca ratios below ~0.5 to 1 umol/mol have been regarded as
indicators for the presence of reducing subsurface waters (depth >50m) and shallow oxic-anoxic
interfaces in ancient oceans (Hardisty et al., 2017; Shang et al., 2019; Wei et al., 2019; He et al.,
2020a,b). Edwards et al. (2018) further suggested that near-zero lime mudstone I/Ca values could
be evidence for regional seawater anoxia. The lime mudstone of the Green Point Formation is
strongly depleted in iodine, with I/Ca ratios (0.02 to 0.33 umol/mol) lower than the background
I/Ca ratios of ~0.5 to 1 pmol/mol during the Proterozoic Eon which was a time of expanded

marine anoxia (Hardisty et al., 2017; Lu et al., 2018). Therefore, the significantly low I/Ca ratios
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in the lime mudstone, with a narrow range, may indicate relatively invariable redox conditions

and shallow marine oxycline along the regional continental slope throughout the studied interval.
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Figure 4.8: Crossplots of (a) '3Corg vs. I/Ca (Rt samples= 0.01, R2mnisr<2 = 0.05), (b) Mn/Sr vs.
I/Ca (Rzall samples™ 023, RzMn/Sr<2 = 001), (C) TOC vs. I/Ca (Rzall samples™ 0003, R2Mn/Sr<2 = 0001),
and (d) [Al] vs. I/Ca (Rl samples= 0.04, R*Mmuise<2 = 0.09). The filled black circles are samples
without differentiating Mn/Sr ratios, and the red crosses are samples with Mn/Sr <2. Black and
red solid lines represent the regression lines of all samples and the samples with Mn/Sr <2,
respectively.

This interpretation agrees with earlier findings that the limestone was deposited under dysoxic to
suboxic bottom conditions as suggested by their dark colors and relatively low Ce/Ce* values

(<I) (Jansa, 1974; James and Stevens, 1986; Azmy et al., 2015). Some near-zero I/Ca ratios
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might indicate episodes of localized expanded seawater anoxia (e.g., Edwards et al., 2018). The
positive/negative I/Ca shifts could be evidence of slight fluctuations in oxygen levels of local
seawater. However, the caveat with this interpretation is that carbonate I/Ca ratios become less
sensitive to oxygen availability of seawater when I/Ca ratios are lower than ~2.6 pumol/mol (Lu et
al., 2016; Lu et al., 2019, Appendix 4.5).

Similar to the Green Point Formation in western Newfoundland, the coeval eastern
Laurentian (western lapetan) continental slope sediments, currently exposed in New York and
Quebec (Figure 4.2), are dominated by black mudstone, suggesting dysoxic to anoxic
depositional conditions (Landing, 2012). In addition, the earliest Tremadocian shelf limestone in
the Great Basin region of western USA, deposited along the western Laurentian continental
margin (Figure 4.2), were reported to be strongly depleted in iodine with I/Ca ratios commonly
<0.5 pumol/mol, implying widespread anoxia along the regional continental margin (Edwards et
al., 2018). Furthermore, black shales also dominate the latest Cambrian to the earliest Ordovician
outer shelf to slope sediments deposited along the southern and eastern Iapetan margin currently
exposed in New Brunswick (eastern Canada), Wales (southwest Great Britain), Norway, and
Sweden (Berry et al., 1986; Wilde et al., 1989; Nielsen and Schovsbo, 2006; Zhao et al., 2022;
Kozik et al., 2023, Figure 4.2).

As aresult, it is likely that seawater surrounding the lapetan and Laurentian continental
margins at the €-O transition was generally poorly oxygenated with a shallow oxic-anoxic
interface or expanded oxygen minimum zones in shelf and/or slope areas (e.g, Kozik et al.,
2023). This is not surprising since greenhouse climates during this time interval (Trotter et al.,
2008; Goldberg et al., 2021) could have reduced latitudinal thermal gradients and inhibited ocean

circulations, favoring the buildup and expansion of oxygen minimum zones (e.g., Elrick et al.,
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2011; Landing, 2012; Algeo et al., 2016). However, oceanic redox conditions in the early
Paleozoic were likely variable due to differences in ocean circulation patterns (e.g., LeRoy et al.,
2021; Pohl et al., 2021; Kozik et al., 2022). Therefore, the above inference needs to be proved by
further investigations on redox conditions of seawater covering other parts of the Laurentian and
[apetan continental margins.
4.5.3. The oceanic redox condition at the €-O transition

The average oceanic 8**%U signature during the €-O transition, inferred from the §**%Ucar
values, was approximately —0.70 = 0.24%o (1o, see Section 4.3.2). If we take the §?*®Uc at the €-
O boundary as —0.70%o, our three-sink U-isotope mass balance model produces a maximum
value of 21.1% and a minimum value of 1.0% for the fanox (Figure 4.9), suggesting that the €-O
transition was a time of expanded marine anoxia relative to the modern day (fanox = ~0.2%, Tissot
and Dauphas, 2015; Lau et al., 2016). The modeling result agrees with the relatively low marine
5°8Mo signature (<+1.4%o, the modern 8”®Moscawater = +2.34%o, Dahl et al., 2010; Nigler et al.,
2013), intense greenhouse conditions, persistent oceanic anoxia (Trotter et al., 2008; Saltzman et
al., 2015; Goldberg et al., 2021), and the conclusion of Section 4.5.2 that seawater with a shallow
oxycline or expanded oxygen minimum zones likely surrounded the Laurentian and Iapetan
continental margins at the €-O transition. Our model also predicts a maximum value of 78.9%
and a minimum value of 0% for the foxp in this time period (Figure 4.9). However, the broad
range of the predicted foxp does not allow a solid evaluation of the fraction of ocean floor overlain
by dysoxic to suboxic seawater.

The model output is highly sensitive to the §***Uriv and Aanox values. The predicted extent
of ocean anoxia becomes smaller when more negative §?*®Uriv and more positive Aanox values are

employed. Given the wide range of reported average 8***Usiv values (from —0.24 to —0.34%o,
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Tissot and Dauphas, 2015; Andersen et al., 2016, 2017), we test possibilities when the §***Usiy

equals —0.30%o and —0.34%o. For a given §**%Uoc value of —0.70%o, the solutions for funox range

100 T T T T T T 100
oc™
90 70% 190
- foxp
80 - ef . max = 78.9% - f 180

oxp anox

70 170

60 [ 160

(%)
(%)

50 150

anox
oxp

40 40

30 130

f,

anox Max = 21.1%

ol | e {920

110

. I . 0
05 -04 -03 -02 -01 0

5°%°U_ (%)
Figure 4.9: Solutions for the three-sink U-isotope mass balance model. The solid blue and red
lines are solutions for fanox and foxp, respectively. This model predicts that fanox equals 0% and 100
% when §?*8Uqc = —0.34%o0 and —0.84%o (respectively). The predicted minimum foxp equals 0%
when the §**¥U,c is in the range of —0.84 to —0.26%o. For a given §?*%U value of —0.70%o, the
solutions for the fanox and foxp range from 1.0 to 21.1% and 0 to 78.9%, respectively. The
MATLAB codes are available in Appendix 4.6.

from 0.6 to 13.5% and 0.5 to 10.1% when the §**8Usiv equals —0.30%o and —0.34%o, respectively
(Figure 4.10a), which still points to large scale ocean anoxia relative to the present day.

We also explore the model’s sensitivity to the Aanox value in the range of 0.4 to 0.8%o,
where the Aanox value of 0.8%o (close to the reported maximum Aanox) is only observed in
sediments formed under strongly euxinic bottom conditions (Lau et al., 2020). The Aanox value of
0.4%o is not reconciled with our model because a 100% of seafloor covered by anoxia/euxinic
waters cannot produce a 8***Uoc value of —0.70%o (Figure 4.10b). For Aanox = 0.8%o, this model
produces the minimum and maximum fanox values of 0.4% and 9.9%, respectively (Figure 4.10b).
In an extreme scenario that 8***Usiv = —0.34%0 and Aanox = 0.8%o, the modeled minimum and

maximum fanox values are 0.3% and 5.8% (respectively) when §?*3U.c equals —0.70%o (Figure
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4.10c). It should be noted that the Aanox values higher than 0.6%o have been only observed in
euxinic sediments (Weyer et al., 2008; Lau et al., 2020), which means that the result of this
model should be a solution for the extent of ocean euxinia if the Aanox >0.6%o0. As a result, the
smallest estimate fanox of 0.3% in the extreme scenario (8**®Uriy = —0.34%o, Aanox = 0.8%o0) should
still indicate large-scale ocean anoxia. In summary, despite the high sensitivity of our model to
parameters like 5**®Uriv and Aanox, the predicted expanded ocean anoxia during the €-O transition
cannot be simply explained by the variability of §?*®Usiv and Aanox.

4.5.4. Interpretation of the estimated §>**Uoc variation

Below Bed 22, the estimated marine §***Uoc values display moderate fluctuations, with
several values resembling the modern seawater 3**3U signature. However, from Beds 23 to 25,
the 8*8Uoc exhibits strong oscillations and reaches a minimum value of —1.22% before
returning to less negative values in Bed 26 (Figure 4.4). The §***Uoc fluctuation of the sampled
interval may be explained by either of the following possible scenarios.

First, the recommended average §**3U offset (AZ**Upulk carbonate-seawater) 0f 0.25%o (Chen et
al., 2018; Tissot et al., 2018) could not be a universally applicable estimate for the §**3U shift
caused by the addition of authigenic U precipitates (see Section 4.3.2). In other words, for a
particular bulk carbonate sample, the average value of 0.25%o could be either an underestimation
or an overestimation of the true AZ*Upuik carbonate-scawater. Consistent with this inference, there is a
positive correlation between the §***Ueca values and U contents (R? = 0.49, p <0.01, Figure 4.11)
analogous to modern primary aragonite precipitates in the Bahamas (Romaniello et al., 2013,
Appendix 4.7). This pattern indicates that the true A?*®Ubulk carbonate-seawater values for the limestone
may be variable owing to differential accumulations of 2*®U-enriched authigenic U phases during

early diagenesis, which probably contributes to strong fluctuations of the inferred §***Uoc values.
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In addition, this positive relationship implies that samples with least enrichments of 2*3U

(8**8Ucarb = —0.82 and —0.97) are most likely representative of seawater as they could have seen
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Figure 4.10: Model sensitivity analysis. (a) Solutions for the funox when §**¥Uriy equals —0.24%o
(blue), —0.30%o (green), and —0.34%o (black), respectively. (b) Solutions for the fanox when Aanox
equals 0.4%o (red), 0.6%o (blue), and 0.8%o (black), respectively. (¢) Solution for the fanox in an
extreme scenario when 8**¥Uriv = —0.34%0 and Aanox = 0.8%o, and the modeled minimum and
maximum fanox values are 0.3% and 5.8% (respectively) for a given §***Uoc value of —0.70%o.
Details in Section 4.5.3. The MATLAB codes are available in Appendix 4.6.

the least addition of diagenetic U phases. If this is the case, marine anoxia might have been more
prevalent than the modelling result in Section 4.5.3. However, further investigations on seawater

82%8U during this time interval are required to verify this assumption.
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Second, the §?*®Uoc variations of this interval might be linked to marine redox
fluctuations (e.g., Dahl et al., 2014; Kendall et al., 2015; Wei et al., 2018). The high amplitude

8238U fluctuation near the €-O boundary (from ~0.2 to 1.0%o, Figure 4.4), similar to or even

o
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Figure 4.11: Lime mudstone of the Green Point Formation displaying a positive correlation
between the §?*8Ucan values and U contents (R? = 0.49, p <0.01), which is analogous to modern
primary aragonite precipitates in the Bahamas (Romaniello et al., 2013, Appendix 4.7). Green
and red solid lines represent the regression lines of samples from the Green Point Formation and

the Bahamas, respectively.

greater than those associated with other globally recognized oceanic anoxic events, should have
coincided with drastic oscillations of the global carbon cycle and severe oceanic mass extinctions
(e.g., Brennecka et al., 2011; Dahl et al., 2014, 2019; Bartlett et al., 2018; Cheng et al., 2020).
However, neither globally recognized pronounced carbonate §'*Ccars excursions nor dramatic
mass extinctions have been reported at the €-O transition (Rasmussen et al., 2019; Stigall et al.,
2019; Goldberg et al., 2021). Instead, only several globally recognized low amplitude §'*Cecarb
excursions and low-level marine biocrises have been observed during this time period (Saltzman
et al., 2015). Therefore, marine redox oscillations at the €-O boundary may not be as strong as
shown by the estimated 6***Uoc values. Perhaps, the §***Uoc variation is amplified because the
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8238Uoc values are estimated using the average A?*8Ubulk carbonate-seawater Value. Several modern
seawater-like 8***Uoc values of this interval could be either evidence of episodic marine
oxygenation events or the result of using an inexact A>**Ubuik carbonate-scawater €Stimate.

However, neither of the above possibilities for fluctuations in the estimated 5***Uoc
values could be ruled out in the present study. Further studies on the $***U of carbonates from
other correlated equivalent stratigraphic sections will contribute to the reconstruction of oceanic
redox states at the €-O transition and the refinement of the method for estimating marine 6***U

signatures using bulk carbonate $***U records.
Conclusions

The slope lime mudstone of the Green Point Formation (GSSP of the €-O boundary) in
western Newfoundland are strongly depleted in iodine, with I/Ca ratios spanning narrowly from
0.02 to 0.33 umol/mol. Lack of correlations between the I/Ca ratios and the [Sr], §'*O, Mn/Sr,
Fe/Sr, Mg/Ca, and §'3Corg values, along with near-micritic textures and dull to non-luminescence
of the limestone, demonstrate that the I/Ca signatures are insignificantly affected by diagenetic
alteration.

The substantially low lime mudstone I/Ca ratios, which fall well below the background
ratios of ~0.5 to 1 pmol/mol during the Proterozoic Eon, indicate the presence of a shallow
marine oxic-anoxic interface along the regional continental margin during the studied time
interval. Similarly, significantly low limestone I/Ca ratios and dysoxic to anoxic depositional
conditions have been reported from several other age-equivalent shelf and slope sediments
deposited along the lapetan and Laurentian continental margins. This observation implies that
seawater covering the shelf and/or slope areas along the Iapetan and Laurentian continental

margins was probably commonly weakly oxygenated with a shallow oxycline or expanded
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oxygen minimum zones at the €-O transition. Consistent with this interpretation, our three-sink
U-isotope mass balance model predicts that the €-O boundary was a time of expanded marine
anoxia with anoxic to euxinic water covering 1.0 to 21.1% of the ocean floor, which is

substantially higher than the modern ocean (fanox =~ 0.2%). Furthermore, the large variation of

oceanic §**¥Uoc (—1.22 to —0.25%o) values, inferred from the limestone §**®Ucarb signals, might
reflect oceanic redox oscillations during this time interval. However, these variations could also
be attributed to the utilization of an inexact average A***Ubulk carbonate-scawater €Stimate.

The current study provides further evidence for previous viewpoints that the slowness of
marine biodiversity accumulation from the late Cambrian to the Early Ordovician was associated
with expanded marine anoxia. The near-primary lime mudstone I/Ca signals of the GSSP €-O
boundary in western Newfoundland provide a more comprehensive picture of oceanic redox

states in the early Paleozoic and a valuable complement to the existing carbonate I/Ca records.
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Chapter 5
5. Conclusions and suggestions for future work

5.1. Conclusions

In this thesis, the isotopic and elemental signals of Mo and U, I/Ca ratios, and pyrite
textures and §°*Spy signals in shale and/or limestone from the €-O boundary GSSP section at
Green Point in western Newfoundland (Canada) were employed to investigate the depositional
environments and contemporaneous marine redox states. The following section provides a
summary of the key findings and general conclusions derived from this research:

1. The wide range of the shale §**Moauh values (—0.40 to +3.16%o) points to variable and
less intensely reducing (~dysoxic/suboxic to anoxic) bottom water conditions during the
deposition. A strong positive correlation between the [Mo]auth and [UJauth values, together with
relatively low Mo concentrations compared to Phanerozoic euxinic shale, further suggests that
the dissolved sulfide was mainly confined to sedimentary porewaters. Instead of being evidence
for minor episodes of ocean oxygenation, two extraordinarily high shale §°*Moaut values
(+2.25%o and +3.16%o) might be attributed to a combination of 1) the diffusion of *Mo-enriched
shallower weak sulfidic porewaters into more intensely sulfidic deeper porewaters and 2) the
subsequent (near)quantitative removal of aqueous Mo during early diagenesis.

2. The highly fluctuated §**Mocars values (—0.30 to +2.34%o) imply variable H2Saq levels
in sedimentary porewaters during the deposition. Substantially low Mo concentrations in the
limestone ([Mo]carb = 0.25 + 0.80 pg/g, 20) and a lack of correlation between [Mo]carb and
8’ Mocars values point to weak sulfidic ([H2S]aq < 11 uM) porewater conditions during early

diagenesis.
179



3. Several lines of evidence suggest that the investigated interval was likely deposited in a
semi-restricted basin. Firstly, the shale exhibits an inverse relationship between the authigenic
5%Mo and 8**%U values, similar to those observed in modern semi-restricted basins such as the
Black Sea, the Cariaco Basin, and the Mediterranean. Secondly, the lime mudstone displays a
prominent negative 8'*Cearb shift near the €-O boundary, which contrasts with the positive
8"3Cearb excursions reported in age-equivalent stratigraphic sections on other continents.
Moreover, the shale records significant negative correlations (R?> = 0.2 to 0.4) between the §°*Spy
values and their [Al], [Th], and } REE counterparts, suggesting that regional terrestrial sulfate
inputs likely regulated seawater sulfate levels along the continental margin. Furthermore, the
eastern Laurentian continental margin at that time was surrounded by a series of off-margin
microcontinents, which could have potentially separated the regional continental marginal
seawater within the Taconic Seaway from the open ocean. The changeable connectivity between
the local water mass and open ocean may have influenced the variability of authigenic Mogr/UEr
ratios recorded in the shale.

4. Two types of sedimentary biological pyrite are identified in the shale: (1) framboidal
pyrite and (2) anhedral to euhedral pyrite. The latter is further categorized into two subtypes: type
2a anhedral to subhedral pyrite characterized by relict framboidal textures and larger sizes (~10
to 300 um), and type 2b smaller (typically <10 um) subhedral to euhedral pyrite. Type 1 pyrite
was precipitated near the sediment-water interface (SWI), whereas type 2b pyrite was formed in
sediments below the SWI with limited access to the overlying seawater sulfate. Type 2a pyrite
was evolved from framboids during early and burial diagenesis.

5. The abundance of type 2b pyrite generally mimics the changes in §°*Spy, suggesting

that the substantial §**Spy dispersion could be partially attributed to differing proportions of type
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2b pyrite within the samples. Moreover, notable negative correlations exist between the §**Spy
values and the abundances of Al, Th, Y REE, and Fe, indicating that riverine fluxes might have
influenced the A**Sscawater — pyrite by modulating the regional sulfate and iron reservoir sizes.

6. The bulk sedimentary °*Spy fluctuation may be attributed to a combination of changes
in regional terrigenous input and varying amounts of pyrite formed at different diagenetic stages
within the samples. The general opposing trends between the §**Spy signals and the abundances
of Al, Th, Y REE, and Fe, however, imply that fluctuations in riverine influxes might exert a
stronger influence on the major 3**Spy trend. As a result, it is not recommended to use the bulk
sedimentary §>*Spy variability alone as evidence for perturbations in global sulfur cycle.

7. The substantially low lime mudstone I/Ca ratios, which fall below the background
ratios of ~0.5 to 1 umol/mol during the Proterozoic Eon, indicate the presence of a shallow
marine oxic-anoxic interface along the regional continental margin. Significantly low carbonate
I/Ca ratios (<0.5 umol/mol) and dysoxic to anoxic depositional conditions have also been
reported from several other age-equivalent sections deposited along the shelf and slope of ancient
Iapetan and Laurentian continental margins. Therefore, seawater along the lapetan and
Laurentian continental margins at the €-O transition might have been generally poorly
oxygenated with a shallow oxycline or expanded oxygen minimum zones in the shelf and/or
slope areas. This inference aligns with the greenhouse climates and suppressed ocean circulations
at that time.

8. The average oceanic 8***U signature during the €-O transition, estimated from the
limestone 8***Ucary values, was approximately —0.70 + 0.24%o (1c). Using this estimate, our
three-sink U-isotope mass balance model predicts that this time interval experienced extensive

marine anoxia, with anoxic to euxinic water covering ~ 1.0 to 21.1% of the ocean floor. This
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finding is consistent with earlier viewpoints that the slowness of marine biodiversity
accumulation from the middle-late Cambrian to the Early Ordovician was linked to expanded
marine anoxia.

9. Large variations of the estimated oceanic §***Uoc (—1.22 to —0.25%o) potentially
indicate marine redox oscillations during the €-O transition. However, it is important to consider
that these fluctuations could also be attributed to variable accumulations of the 2**U-enriched
authigenic U phases in the limestone and the application of an approximate average estimate for

the A238Ubulk carbonate-seawater.
5.2. Suggestions for future work

The §**S signals of carbonate-associated sulfate have played a significant role in studying
variations in sulfur isotope records of paleo-seawater. Given that lime mudstone of the sampled
interval is well preserved with near-micritic textures, analyzing the 8°*S signatures of carbonate-
associated sulfate may provide valuable insights into the global marine sulfur cycle during the €-
O transition. Additionally, measuring coeval seawater sulfate levels can be achieved if coupled
with analyzing the pyrite $**S signals in the lime mudstone. However, it is important to exercise
caution in interpreting these results, as these limestones were likely deposited in a partially
restricted basin.

The wide range of the §**3U offset between bulk carbonates and seawater presents
challenges when approximating paleo-seawater 5**%U signatures using bulk carbonate §***U
values. Therefore, it is crucial to develop a refined and more reliable method for estimating
ancient oceanic 6***U signatures using bulk §***Ukcar signals. This advancement will contribute to
more accurate reconstructions of 83U variations over geological time, enhancing our

understanding of past oceanic redox conditions.
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Appendices

Appendix 3.1: Pyrite SEM and optical microscopic images

This file can be downloaded through the following google drive link:
https://docs.google.com/document/d/1 CR519jIEovkrUKBIAsg81S6u7ujx9g4/edit?usp=sharing&
ouid=110832369128749161575&rtpof=true&sd=true

Appendix 3.2: The original chromium-reducible sulfur extraction result

Mass Corrected Purity Average Yield S Compiled
Sample ID  Material extracted/g  8°*S/%o % 5*S/%0 SD  AgS/mg  wt%  §**S CRS/%o
GPS1 CRS 0.214 -6.6 95.4 -6.8 0.3 11.344 0.7 -6.8
GPS1rpt CRS -6.9 102.0
GPS3 CRS 0.529 -12.9 98.8 20.619 0.5 -12.9
GPS4 CRS 0.522 -10.7 106.7 39.62 1.0 -10.7
GPS7 CRS 0.522 -15.1 98.1 7.835 0.2 -15.1
GPS8 CRS 0.493 -9.5 112.4 -9.5 0.04 17.413 0.5 -9.5
GPS8rpt CRS -9.5 97.1
GPS10 CRS 0.220 -3.9 103.8 -3.3 0.9 14.68 0.9 -33
GPS10rpt CRS -2.7 106.6
GPS13 CRS 0.526 -13.4 96.9 46.09 1.1 -13.4
GPS14 CRS 0.491 2.2 98.3 -2.1 0.1 20.96 0.6 -2.1
GPS14rpt CRS -2.0 106.5
GPS16 CRS 0.301 -1.8 109.4 14.47 0.6 -1.8
GPS19 CRS 0.306 -10.7 89.8 19.79 0.8 -10.7
GPS26 CRS 0.315 -4.8 106.0 -4.6 0.3 14.88 0.6 -4.6
GPS26rpt CRS -4.4 98.1
GPS27 CRS 0.319 -13.9 98.5 5.20 0.2 -13.9
GPS30 CRS 0.315 -14.3 85.7 -14.4 0.2 1.90 0.1 -14.4
GPS30rpt CRS -14.6 97.6
GPS34 CRS 0.296 -10.7 99.5 7.43 0.3 -10.7
GPS39 CRS 0.309 -6.8 99.5 -6.4 0.5 8.64 0.4 -6.4
GPS39rpt CRS -6.1 107.8
GPS41 CRS 0.261 -2.4 100.1 9.54 0.5 -2.4
GPS44 CRS 0.238 -12.0 99.8 8.68 0.5 -12.0
GPS47 CRS 0.230 -17.4 98.5 10.17 0.6 -17.4
GPS49 CRS 0.274 -17.6 100.6 10.74 0.5 -17.6
GPS53 CRS 0.229 9.3 97.6 9.6 0.4 4.16 0.2 9.6
GPS53rpt CRS 9.8 102.7
GPS57 CRS 0.211 11.4 104.6 9.67 0.6 11.4
GPS61 CRS 0.213 0.9 98.0 1.1 0.4 9.136 0.6 1.1
GPS61rpt CRS 1.4 97.8
GPS63 CRS 0.230 34 104.3 32 0.3 6.65 0.4 32
GPS63rpt CRS 3.0 102.9
GPS66 CRS 0.208 1.9 106.5 10.08 0.6 1.9
GPS68 CRS 0.246 13.9 109.2 10.94 0.6 13.9
GPS71 CRS 0.211 7.0 96.9 10.322 0.6 7.0
GPS75 CRS 0.214 13.7 95.5 9.541 0.6 13.7
GPS79 CRS 0.246 6.1 104.8 3.413 0.2 6.1
GPS82 CRS 0.201 22.4 107.2 5.02 0.3 22.4
GPS84 CRS 0.226 14.5 98.6 14.4 0.1 8.159 0.5 14.4
GPS84rpt CRS 14.3 102.1
GPS149 CRS 0.261 12.2 95.9 12.4 0.3 9.05 0.4 12.4
GPS149rpt  CRS 12.6 96.9
GPS150 CRS 0.217 -1.4 107.2 -1.3 0.2 22.35 1.3 -1.3
GPS150rpt  CRS -1.2 105.1
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Table continued

Mass Corrected Purity Average Yield S Compiled
Sample ID  Material extracted/g  8°*S/%o % 5*S/%0 SD  AgS/mg  wt%  §**S CRS/%o
GPS151 CRS 0.210 3.9 99.8 12.23 0.8 3.9
GPS157 CRS 0.241 12.0 103.6 11.6 0.6 17.33 0.9 11.6
GPS157rpt  CRS 11.1 103.8
GPS166 CRS 0.213 2.0 95.5 11.23 0.7 2.0

Rpt = replicate analysis.
CRS = chromium-reducible sulfur
SD = standard deviation

Appendix 3.3: Mo and U isotopic data of semi-restricted basins’ sediments

Mo and U isotopic data of the Black Sea sediments (Briiske et al., 2020):

8’ Mobuik | °*Moauth | 628 Ubuik | 8*3¥Uaumn

Locality Station / %0 / Y0 / %0 / %o
Black Sea 29-11 1.98 2.00 0.03 0.09
Black Sea 30-4 1.57 1.60 -0.08 -0.02
Black Sea 31-4 1.73 1.74 0.01 0.05
Black Sea 22-1 1.72 1.76 0.02 0.15
Black Sea 32-23 1.46 1.47 0.04 0.08
Black Sea 46-8 0.23 0.00 0.05 0.28
Black Sea 47-1 -0.52 -0.55 0.19 0.39
Black Sea 49-1 1.81 1.83 0.03 0.17
Black Sea 44-1 1.70 1.72 -0.02 0.05
Black Sea 43-6 1.52 1.54 0.01 0.05
Black Sea 42-3 1.14 1.14 0.07 0.11
Black Sea 59-1 0.56 0.56 0.00 0.18
Black Sea 55-2 1.44 1.45 0.17 0.27
Black Sea 54-1 1.06 1.07 0.08 0.22
Black Sea 51-1 1.51 1.52 0.21 0.29
Black Sea 29-11 0.81 0.82 0.00 0.09
Black Sea 30-4 1.65 1.67 0.03 0.07
Black Sea 31-4 1.68 1.70 0.03 0.06
Black Sea 22-1 1.99 2.04 0.01 0.11
Black Sea 46-8 0.02 -0.51 0.24 0.43
Black Sea 47-1 -0.10 -0.12 0.26 0.43
Black Sea 45-11 0.61 0.61 -0.07 0.01
Black Sea 49-1 1.97 1.99

Black Sea 44-1 1.74 1.76 0.03 0.08
Black Sea 43-6 1.68 1.69 0.04 0.07
Black Sea 42-3 1.55 1.56 0.08 0.11
Black Sea 59-1 0.61 0.61 0.23 0.38
Black Sea 55-2 1.40 1.41 0.17 0.25
Black Sea 54-1 1.20 1.20 0.35 0.43
Black Sea 51-1 1.46 1.47 0.23 0.30
Black Sea | 32MUC24 1.69 1.71 -0.03 -0.01
Black Sea | 32MUC24 1.91 1.94 0.03 0.05
Black Sea | 32MUC24 1.86 1.89 -0.04 -0.03
Black Sea | 32MUC24 1.94 1.97 -0.05 -0.03
Black Sea | 32MUC24 2.01 2.04 -0.04 -0.03
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Table continued

8°8Mobuik | 8**Moauth | 8*38Upuik | 8**¥Uaum
Locality Station / %0 [ Y0 !/ %o ! %o
Black Sea | 32MUC24 1.97 1.99 -0.03 -0.02
Black Sea | 32MUC24 2.00 2.03 -0.08 -0.07
Black Sea | 32MUC24 2.01 2.03 -0.25 -0.25
Black Sea | 32MUC24 2.23 2.24 -0.17 -0.17
Black Sea | 32MUC24 2.38 24 0.04 0.05
Black Sea | 32MUC24 2.18 2.27 -0.21 -0.18
Black Sea | 32MUC24 1.23 1.23 0.47 0.55

Auth = authigenic

Mo and U isotopic

data of the Cariaco Basin sediments (Briiske et al., 2020):
Mobuk | 8%*Moautn | 8%¥Upuik | 82*3Uaun
Locality Station / %0 / %0 / %0 / %0
Cariaco Basin 22BX 2.8 2.92 -0.05 0.23
Cariaco Basin 89BX 1.53 1.56 -0.05 0.09
Cariaco Basin 82BX 2.03 2.06 0.02 0.19
Cariaco Basin 105BX 1.16 1.19 -0.03 0.27
Cariaco Basin 67BX 1.6 1.62 0.02 0.22
Cariaco Basin 69BX 1.83 1.85 -0.01 0.13
Cariaco Basin 12GGC 1.51 1.53 -0.06 0.04
Cariaco Basin 12GGC 1.55 1.57 0.03 0.15
Cariaco Basin 12GGC 1.47 1.49 0.02 0.15
Cariaco Basin 12GGC 1.48 1.51 0.01 0.13
Cariaco Basin 12GGC 1.53 1.55 0.02 0.13
Cariaco Basin 12GGC 1.53 1.56 0.00 0.12
Cariaco Basin 12GGC 1.34 1.35 0.00 0.16
Cariaco Basin 12GGC 1.5 1.52 -0.01 0.12
Cariaco Basin 12GGC 1.47 1.49 -0.01 0.12
Cariaco Basin 12GGC 1.3 1.32 0.02 0.18
Cariaco Basin 12GGC 0.96 0.96 0.04 0.11
Cariaco Basin 12GGC 1.4 1.41 -0.11 0.01
Cariaco Basin 12GGC 1.49 1.5 -0.17 -0.12
Cariaco Basin 12GGC 1.58 1.59 -0.21 -0.18
Cariaco Basin 12GGC 1.28 1.29 -0.13 -0.04
Cariaco Basin 12GGC 1.31 1.31 -0.11 -0.01
Cariaco Basin 12GGC 1.33 1.34 -0.12 -0.05
Cariaco Basin 12GGC 1.4 1.41 -0.12 -0.02
Cariaco Basin 70GGC 1.49 1.51 -0.06 0.01
Cariaco Basin 70GGC 1.4 1.41 0.00 0.06
Cariaco Basin 70GGC 1.43 1.44 0.01 0.07
Cariaco Basin 70GGC 1.38 1.39 0.01 0.06
Cariaco Basin 70GGC 1.55 1.57 0.02 0.08
Cariaco Basin 70GGC 1.48 1.49 0.00 0.05
Cariaco Basin 70GGC 1.77 1.78 -0.03 0.04
Cariaco Basin 70GGC 1.44 1.45 -0.06 0.02
Cariaco Basin 70GGC 1.79 1.81 -0.07 0.01
Cariaco Basin 70GGC 1.03 1.04 -0.06 -0.01
Cariaco Basin 70GGC 1.56 1.58 -0.05 0.01
Cariaco Basin 70GGC 1.58 1.59 -0.01 0.04
Cariaco Basin 70GGC 1.61 1.62 -0.07 -0.02
Cariaco Basin 70GGC 1.28 1.28 0.05 0.12
Cariaco Basin 70GGC 1.76 1.78 -0.14 -0.09
Cariaco Basin 70GGC 1.1 1.1 0.20 0.25
Cariaco Basin 1002B 1.17 1.17 0.09 0.12
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Table continued

0% Mobuik | 6*®Moauth | 6%3Upuik | 8%¥Uautn

Locality Station / %o ! %o / %o / %o
Cariaco Basin 1002B 1.08 1.08 0.06 0.10
Cariaco Basin 1002B 1.15 1.15 0.11 0.16
Cariaco Basin 1002B 0.98 0.99 0.09 0.11
Cariaco Basin 1002B 0.91 0.91 0.11 0.16
Cariaco Basin 1002B 0.9 0.9 0.13 0.18
Cariaco Basin 1002B 1.05 1.05 0.10 0.16
Cariaco Basin 1002B 1.2 1.21 0.05 0.08
Cariaco Basin 1002B 1.3 1.3 0.04 0.05
Cariaco Basin 1002B 1.18 1.19 -0.08 -0.07
Cariaco Basin 1002B 1.62 1.63 -0.11 -0.08
Cariaco Basin 1002B 1.58 1.59 -0.14 -0.12
Cariaco Basin 1002B 1.59 1.6 -0.07 -0.04
Cariaco Basin 1002B 1.72 1.73 -0.10 -0.07
Cariaco Basin 1002B 1.67 1.68 -0.09 -0.08

Auth = authigenic

Mo and U isotopic data of the Cariaco Basin sediments (Andersen et al., 2018):

Auth = authigenic

Sample | 8**Moauth | 8?*¥Usutn

Locality ID / %0 / %0
Mediterranean Sea 70-71 1.62 -0.35
Mediterranean Sea 71-72 1.70 -0.28
Mediterranean Sea 72-73 1.90 -0.29
Mediterranean Sea 76-77 2.31 -0.14
Mediterranean Sea 78-79 2.03 -0.14
Mediterranean Sea 84-85 2.05 -0.11
Mediterranean Sea 85-86 2.05 -0.13
Mediterranean Sea 86-87 2.06 -0.07
Mediterranean Sea 87-88 2.25 -0.04
Mediterranean Sea 90-91 2.20 -0.13
Mediterranean Sea 93-94 1.99 0.08
Mediterranean Sea 94-95 1.84 0.03
Mediterranean Sea 96-97 1.54 0.12
Mediterranean Sea 97-98 1.32 0.11
Mediterranean Sea 101-102 1.29 0.11
Mediterranean Sea 106-107 2.40 -0.31
Mediterranean Sea 107-108 2.03 -0.21
Mediterranean Sea 108-109 2.10 -0.28
Mediterranean Sea 109-110 2.28 -0.33

Mo and U isotopic data of the Green Point shale (This study, Li et al., 2022)

Sample | 8®*Moautn | 823¥Uautn

Locality ID / %0 %0
Green Point GPS1 -0.04 -0.28
Green Point GPS3 0.34 -0.42
Green Point GPS4 0.08 -0.07
Green Point GPS10 0.37 -0.26
Green Point GPS13 0.24 -0.04
Green Point GPS14 0.82 -0.26
Green Point GPS19 0.54 -0.29
Green Point GPS26 0.48
Green Point GPS30
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Auth = authigenic

Table continued

Sample | 8*Moautn | 8*33Uautn

Locality ID / %0 / %o
Green Point GPS41 0.73 -0.37
Green Point GPS49 3.16
Green Point GPS53 -0.14 0.12
Green Point GPS57
Green Point GPS61 2.25
Green Point GPS63 1.31 -0.18
Green Point GPS66 -0.08 0.12
Green Point GPS68 0.47 -0.30
Green Point GPS71 0.70 0.03
Green Point GPS75 0.92 -0.62
Green Point GPS79 0.07 -0.18
Green Point GPS82 0.69 -0.42
Green Point GPS149
Green Point GPS151 0.54 -0.31
Green Point GPS157 -0.40 -0.09
Green Point GPS166 1.51 -0.07
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Appendix 4.1: Inverse correlations between the 3°*Moautm and 8*33U,um values

observed from the Green Point shale and partially restricted basins’ sediments
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The Green Point shale displaying an inverse correlation of §**Moauh with §***Uaun (R = 0.3, p
<0.05), which is analogous to those observed in semi-restricted basins’ sediments (Li et al.,
2022). The isotopic data of deposits in the Black Sea, the Cariaco Basin, and the Mediterranean
Sea are collected from Andersen et al. (2018) and Briiske et al. (2020). Auth = authigenic.

Appendix 4.2: The average limestone grain size

The excel file with measured grain sizes and photomicrographs can be downloaded via the

following google drive link:

https://docs.google.com/spreadsheets/d/1MgZe2 GvUHGbD-

xwQkMy5zzHVmAdkjK3GH/edit?usp=drive_link&ouid=110832369128749161575&rtp

of=true&sd=true

188


https://docs.google.com/spreadsheets/d/1MgZe2GvUHGb-xwQkMy5zzHVmAdkjK3GH/edit?usp=drive_link&ouid=110832369128749161575&rtpof=true&sd=true
https://docs.google.com/spreadsheets/d/1MgZe2GvUHGb-xwQkMy5zzHVmAdkjK3GH/edit?usp=drive_link&ouid=110832369128749161575&rtpof=true&sd=true
https://docs.google.com/spreadsheets/d/1MgZe2GvUHGb-xwQkMy5zzHVmAdkjK3GH/edit?usp=drive_link&ouid=110832369128749161575&rtpof=true&sd=true

Appendix 4.3: Diagenetic effect on bulk carbonate 63U signatures

The **8U of modern bulk carbonates, and the current oceanic $***U signature is ~—0.39%o (Tissot
and Dauphas, 2015).

Sample §238235y

Study Sample location Sample depth /%0 26 | n
Romaniello et al., 2013 Bahamas, Core 1 Bulk carbonates 0-3 cm -0.19 0.14 | 3
Romaniello et al., 2013 Bahamas, Core 1 Bulk carbonates 4-6 cm -0.12 029 | 3
Romaniello et al., 2013 Bahamas, Core 1 Bulk carbonates 8-11 cm -0.15 0.09 | 3
Romaniello et al., 2013 Bahamas, Core 1 Bulk carbonates 12-14 cm -0.13 004 | 3
Romaniello et al., 2013 Bahamas, Core 1 Bulk carbonates 16-18 cm -0.16 0.05| 3
Romaniello et al., 2013 Bahamas, Core 1 Bulk carbonates 24-26 cm 0.03 0.17 | 3
Romaniello et al., 2013 Bahamas, Core 1 Bulk carbonates 32-34 cm 0.07 0.19| 3
Romaniello et al., 2013 Bahamas, Core 1 Bulk carbonates | 40-42 cm 0.14 025 3
Romaniello et al., 2013 Bahamas, Core 2 Bulk carbonates 0-3cm | -0.16 0.04 | 3
Romaniello et al., 2013 Bahamas, Core 2 Bulk carbonates 6-9cm | -0.13 0.03 | 3
Romaniello et al., 2013 Bahamas, Core 2 Bulk carbonates 12-15 cm -0.21 0.11| 3
Romaniello et al., 2013 Bahamas, Core 2 Bulk carbonates 18-21 cm -0.19 005 | 3
Romaniello et al., 2013 Bahamas, Core 2 Bulk carbonates 21-24 cm -0.12 0.16 | 3
Romaniello et al., 2013 Bahamas, Core 3 Bulk carbonates 1-4 cm -0.23 0.15| 3
Romaniello et al., 2013 Bahamas, Core 3 Bulk carbonates 6-9 cm -0.24 0.14 | 3
Romaniello et al., 2013 Bahamas, Core 3 Bulk carbonates 10-14 cm -0.16 0.17 | 3
Romaniello et al., 2013 Bahamas, Core 3 Bulk carbonates 17-21 cm -0.18 0.09| 3
Romaniello et al., 2013 Bahamas, Core 3 Bulk carbonates 19-22 cm -0.18 0.15] 3
Romaniello et al., 2013 Bahamas, Core 4 Bulk carbonates 0-4cm | -0.22 0.10 | 3
Romaniello et al., 2013 Bahamas, Core 4 Bulk carbonates 4-8cm | -0.17 0.04 | 3
Romaniello et al., 2013 Bahamas, Core 4 Bulk carbonates 8-12cm | -0.03 013 | 3
Romaniello et al., 2013 Bahamas, Core 4 Bulk carbonates 12-16 cm -0.06 0.11| 3
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 0.32m 0.01 003 | 7
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 0.01 003 | 4
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 5.12m 0.10 002 | 5
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 0.11 003 | 5
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 9.62 m 0.09 003 | 7
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 0.09 001] 6
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 14.62 m -0.10 0.03 | 8
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 19.12 m -0.31 002 9
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 35.12m -0.14 0.03 | 8
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 53.62m | -0.11 0.03 | 8
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 58.12m | -0.03 0.02| 9
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates -0.08 0.02 | 8
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 61.62 m -0.12 004 | 9
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 64.62 m -0.23 003 | 7
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 69.12 m -0.11 0.02] 8
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 74.12 m 0.15 003 | 7
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 0.13 003 | 4
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 78.62 m -0.23 0.03 | 8
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 89.62 m -0.18 002 9
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 94.12 m -0.16 0.03 | 8
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 108.62m | -0.02 0.02| 9
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 0.01 0.03 | 7
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 113.59m | -0.32 0.02| 9
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates -0.32 003 | 7
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 115.62 m -0.17 004 | 9
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Table continued

Sample 5238/235U

Study Sample location Sample depth /%o 20 n
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates -0.18 002 4
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 120.12 m -0.10 0.03 | 12
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates -0.11 0.03 | 7
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 12532 m | -0.37 0.03| 9
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates -0.33 003 | 5
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 0.03| 9
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 142.82 m -0.12 0.03 | 12
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 14581 m -0.16 003 ]| 7
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates -0.18 003 | 4
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 161.82 m 0.02 0.02 ] 8
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 0.04 004 | 4
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 166.32 m -0.15 0.03 | 12
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates -0.19 002 | 4
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 172.62 m 0.02 0.03 | 7
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 0.01 001 | 6
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 177.12m | -0.28 0.02| 9
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates -0.26 0.04 | 4
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 181.92 m -0.15 002 | 5
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates -0.15 004 | 4
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 191.22 m -0.08 004 | 9
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 197.22 m -0.13 0021] 9
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 201.82 m -0.07 0021] 9
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 207.92 m -0.10 003 | 7
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 21242 m -0.06 002 9
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 216.92 m -0.12 0.03 | 8
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates 219.26 m -0.26 003 | 6
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates -0.24 0.03 | 4
Tissot et al., 2018 Bahamas, Core 166 Bulk carbonates | 222.26 m 0.00 0.02| 9
Bura-naki¢ et al., 2020 Adriatic Sea, Core C3 | Bulk carbonates 1cm -0.06 0.02 | n/a
Bura-nakié et al., 2020 Adriatic Sea, Core C3 | Bulk carbonates 5 cm -0.10 0.03 | n/a
Bura-nakié et al., 2020 Adriatic Sea, Core C3 | Bulk carbonates 9cm -0.10 0.03 | n/a
Bura-nakié et al., 2020 Adriatic Sea, Core C3 | Bulk carbonates 13 cm -0.09 0.03 | n/a
Bura-nakié et al., 2020 Adriatic Sea, Core C3 | Bulk carbonates 15 cm -0.10 0.03 | n/a
Bura-nakié et al., 2020 Adriatic Sea, Core C3 | Bulk carbonates 17 cm -0.08 0.05 | n/a
Bura-nakié et al., 2020 Adriatic Sea, Core C3 | Bulk carbonates 19 ¢cm -0.10 0.05 | n/a
Bura-naki¢ et al., 2020 Adriatic Sea, Core C3 | Bulk carbonates 21 cm -0.12 0.04 | n/a
Bura-naki¢ et al., 2020 Adriatic Sea, Core C3 | Bulk carbonates 23 cm -0.06 0.03 | n/a
Bura-naki¢ et al., 2020 Adriatic Sea, Core C3 | Bulk carbonates 25 cm -0.11 0.05 | n/a
Bura-nakic¢ et al., 2020 Adriatic Sea, Core C3 | Bulk carbonates 27cm | -0.13 0.05 | n/a
Bura-nakic¢ et al., 2020 Adriatic Sea, Core C3 | Bulk carbonates 29cm | -0.05 0.05 | n/a
Bura-nakic¢ et al., 2020 Adriatic Sea, Core C3 | Bulk carbonates 31cm | -0.07 0.05 | n/a
Bura-nakié et al., 2020 Adriatic Sea, Core C3 | Bulk carbonates 33 cm -0.15 0.05 | n/a
Bura-nakié et al., 2020 Adriatic Sea, Core C3 | Bulk carbonates 35cm -0.12 0.05 | n/a
Bura-nakié et al., 2020 Adriatic Sea, Core C3 | Bulk carbonates 37 cm -0.15 0.04 | n/a
Bura-nakié et al., 2020 Adriatic Sea, Core C3 | Bulk carbonates 39 cm -0.08 0.05 | n/a

Appendix 4.4: The $**®U of semi-restricted basins and open oceans

The 6*3%U of semi-restricted basins:
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6238U

Study Standard | Station Sample location Water depth/m | Sample | /%o 206

Tissot and Dauphas, 2015 | CRM-112a n/a SW Mediterranean Sea n/a Water | -0.40 | 0.04
Tissot and Dauphas, 2015 | CRM-112a n/a SW Mediterranean Sea n/a Water | -0.39 | 0.05
Tissot and Dauphas, 2015 | CRM-112a n/a SW Mediterranean Sea n/a Water | -0.36 | 0.06
Tissot and Dauphas, 2015 | CRM-112a n/a SW Mediterranean Sea n/a Water | -0.39 | 0.04
Noordmann et al. 2015 CRM-112a n/a Kyllaren fjord, Norway 2 Water | -0.35 | 0.01
Noordmann et al. 2015 CRM-112a n/a Kyllaren fjord, Norway 3 Water | -0.37 | 0.02
Noordmann et al. 2015 CRM-112a n/a Kyllaren fjord, Norway | 3.5 (Chemocline) Water | -0.41 | 0.02
Noordmann et al. 2015 CRM-112a n/a Kyllaren fjord, Norway 4 Water | -0.44 | 0.08
Noordmann et al. 2015 CRM-112a n/a Kyllaren fjord, Norway 4.6 Water | -0.49 | 0.08
Noordmann et al. 2015 CRM-112a n/a Kyllaren fjord, Norway 7 Water | -0.60 | 0.03
Noordmann et al. 2015 CRM-112a n/a Kyllaren fjord, Norway 15 Water | -0.73 | 0.01
Noordmann et al. 2015 CRM-112a n/a Kyllaren fjord, Norway 20 Water | -0.70 | 0.04
Noordmann et al., 2015 CRM-112a | 342390 | Landsort Deep, Baltic Sea 45 Water | -0.33 | 0.03
Noordmann et al., 2015 CRM-112a | 342390 | Landsort Deep, Baltic Sea 73 Water | -0.39 | 0.08
Noordmann et al., 2015 CRM-112a | 342390 | Landsort Deep, Baltic Sea 76 Water | -0.43 | 0.11
Noordmann et al., 2015 CRM-112a | 342390 | Landsort Deep, Baltic Sea | 85 (Chemocline) Water | -0.36 | 0.01
Noordmann et al., 2015 CRM-112a | 342390 | Landsort Deep, Baltic Sea 112 Water | -0.39 | 0.04
Noordmann et al., 2015 CRM-112a | 342390 | Landsort Deep, Baltic Sea 436 Water | -0.41 | 0.02
Noordmann et al., 2015 CRM-112a | 342370 Gotland Deep, Baltic Sea 110 Water | -0.36 | 0.07
Noordmann et al., 2015 CRM-112a | 342370 Gotland Deep, Baltic Sea | 130 (Chemocline) Water | -0.40 | 0.01
Noordmann et al., 2015 CRM-112a | 342370 Gotland Deep, Baltic Sea 134 Water | -0.43 | 0.08
Noordmann et al., 2015 CRM-112a | 342370 Gotland Deep, Baltic Sea 140 Water | -0.44 | 0.04
Noordmann et al., 2015 CRM-112a | 342370 Gotland Deep, Baltic Sea 150 Water | -0.50 | 0.07
Rolison et al., 2017 CRM-145 | 2.1.24 Black Sea 9 Water | —0.35 | 0.06
Rolison et al., 2017 CRM-145 | 2.1.22 Black Sea 39 Water | —0.52 | 0.06
Rolison et al., 2017 CRM-145 2.1.18 Black Sea 99 (Chemocline) Water | —0.44 | 0.06
Rolison et al., 2017 CRM-145 | 2.1.16 Black Sea 129 Water | —0.45 | 0.06
Rolison et al., 2017 CRM-145 | 2.1.12 Black Sea 204 Water | —0.48 | 0.05
Rolison et al., 2017 CRM-145 2.1.10 Black Sea 300 Water | —0.55 | 0.07
Rolison et al., 2017 CRM-145 2.1.8 Black Sea 498 Water | —0.55 | 0.06
Rolison et al., 2017 CRM-145 2.1.6 Black Sea 999 Water | —0.69 | 0.06
Rolison et al., 2017 CRM-145 2.14 Black Sea 1499 Water | —0.86 | 0.07
Rolison et al., 2017 CRM-145 2.1.3 Black Sea 1749 Water | —0.77 | 0.06
Rolison et al., 2017 CRM-145 2.1.2 Black Sea 2070 Water | —0.68 | 0.06
Rolison et al., 2017 CRM-145 2.1.1 Black Sea 2120 Water | —0.63 | 0.06
Rolison et al., 2017 CRM-145 5.1.24 Black Sea 10 Water | —0.39 | 0.06
Rolison et al., 2017 CRM-145 5.1.22 Black Sea 40 Water | —0.49 | 0.07
Rolison et al., 2017 CRM-145 5.1.18 Black Sea | 100 (Chemocline) Water | —0.43 | 0.06
Rolison et al., 2017 CRM-145 | 5.1.16 Black Sea 130 Water | —0.45 | 0.06
Rolison et al., 2017 CRM-145 | 5.1.12 Black Sea 205 Water | —0.41 | 0.06
Rolison et al., 2017 CRM-145 | 5.1.10 Black Sea 300 Water | —0.52 | 0.07
Rolison et al., 2017 CRM-145 5.1.8 Black Sea 500 Water | —0.55 | 0.06
Rolison et al., 2017 CRM-145 5.1.6 Black Sea 1000 Water | —0.74 | 0.07
Rolison et al., 2017 CRM-145 5.14 Black Sea 1500 Water | —0.75 | 0.07
Rolison et al., 2017 CRM-145 5.1.3 Black Sea 1751 Water | —0.84 | 0.05
Rolison et al., 2017 CRM-145 5.1.2 Black Sea 1989 Water | —0.66 | 0.06
Rolison et al., 2017 CRM-145 5.1.1 Black Sea 2040 Water | —0.73 | 0.08
Rolison et al., 2017 CRM-145 | 9.1.24 Black Sea 10 Water | -0.33 | 0.09
Rolison et al., 2017 CRM-145 | 9.1.23 Black Sea 25 Water | -0.41 | 0.08
Rolison et al., 2017 CRM-145 | 9.1.22 Black Sea 46 Water | -0.37 | 0.09
Rolison et al., 2017 CRM-145 | 9.1.21 Black Sea 55 Water | -0.41 | 0.08
Rolison et al., 2017 CRM-145 9.1.20 Black Sea 70 Water | -0.37 | 0.09
Rolison et al., 2017 CRM-145 9.1.19 Black Sea 85 Water | -0.43 | 0.08
Rolison et al., 2017 CRM-145 9.1.18 Black Sea | 100 (Chemocline) Water | -0.43 | 0.06
Rolison et al., 2017 CRM-145 | 9.1.17 Black Sea 115 Water | -0.40 | 0.08
Rolison et al., 2017 CRM-145 | 9.1.16 Black Sea 130 Water | -0.43 | 0.09
Rolison et al., 2017 CRM-145 | 9.1.15 Black Sea 150 Water | -0.46 | 0.09
Rolison et al., 2017 CRM-145 | 9.1.14 Black Sea 175 Water | —0.50 | 0.09
Rolison et al., 2017 CRM-145 | 9.1.13 Black Sea 200 Water | —0.55 | 0.10
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Table continued

6238U
Study Standard | Station Sample location Water depth/m | Sample | /%o 20
Rolison et al., 2017 CRM-145 9.1.12 Black Sea 300 Water | —0.54 | 0.09
Rolison et al., 2017 CRM-145 9.1.11 Black Sea 400 Water | —0.52 | 0.10
Rolison et al., 2017 CRM-145 9.1.10 Black Sea 501 Water | —0.54 | 0.09
Rolison et al., 2017 CRM-145 9.1.9 Black Sea 750 Water | —0.56 | 0.09
Rolison et al., 2017 CRM-145 9.1.8 Black Sea 1000 Water | —0.71 | 0.10
Rolison et al., 2017 CRM-145 | 9.1.7 Black Sea 1250 | Water | —0.67 | 0.10
Rolison et al., 2017 CRM-145 9.1.6 Black Sea 1500 Water | —0.75 | 0.09
Rolison et al., 2017 CRM-145 9.1.5 Black Sea 1750 Water | —0.72 | 0.11
Rolison et al., 2017 CRM-145 9.14 Black Sea 2000 Water | —0.66 | 0.09
Rolison et al., 2017 CRM-145 9.1.3 Black Sea 2050 Water | —0.60 | 0.11
Rolison et al., 2017 CRM-145 9.1.2 Black Sea 2101 Water | —0.69 | 0.07
Rolison et al., 2017 CRM-145 9.1.1 Black Sea 2157 Water | —0.74 | 0.09
The §**3U of open oceans.
Study Standard Location Sample | 3*%U | 20
Tissot and Dauphas, 2015 | CRM-145 | Makarov Basin weighted mean Seawater | -0.44 | 0.06
Tissot and Dauphas, 2015 | CRM-145 | North Sea weighted mean Seawater | -0.53 | 0.06
Tissot and Dauphas, 2015 | SRM-950a | Bermuda Seawater | -0.40 | 0.06
Tissot and Dauphas, 2015 | SRM-950a | Bermuda Seawater | -0.41 | 0.03
Tissot and Dauphas, 2015 | SRM-950a | Bermuda Seawater | -0.38 | 0.05
Tissot and Dauphas, 2015 | CRM-112a | Arguin, France, SW Atlantic Ocean Seawater | -0.39 | 0.04
Tissot and Dauphas, 2015 | CRM-112a | Miami, FL, SW Atlantic Ocean Seawater | -0.35 | 0.06
Tissot and Dauphas, 2015 | CRM-112a | Gravelines, France, SW English Channel Seawater | -0.35 | 0.05
Tissot and Dauphas, 2015 | CRM-112a | Guaymas, Mexico, SW Gulf of California | Seawater | -0.38 | 0.06
Tissot and Dauphas, 2015 | CRM-112a | SW Gulf of Mexico Seawater | -0.36 | 0.03
Tissot and Dauphas, 2015 | CRM-112a | SW Gulf of Mexico Seawater | -0.37 | 0.05
Tissot and Dauphas, 2015 | CRM-145 | Oeno Pacific Seawater | -0.41 | 0.04
Tissot and Dauphas, 2015 | CRM-145 | Henderson Pacific Seawater | -0.50 | 0.07
Tissot and Dauphas, 2015 | SRM-950a | Hawaii Pacific Seawater | -0.41 | 0.02
Tissot and Dauphas, 2015 | SRM-950a | Hawaii Pacific Seawater | -0.41 | 0.02
Tissot and Dauphas, 2015 | SRM-950a | Hawaii Pacific Seawater | -0.42 | 0.10
Tissot and Dauphas, 2015 | CRM-145 | SW Pacific/Atlantic Seawater | -0.39 | 0.02
Tissot and Dauphas, 2015 | CRM-145 | SW Pacific/Atlantic Seawater | -0.39 | 0.01
Tissot and Dauphas, 2015 | CRM-112a | SW Pacific Ocean Seawater | -0.39 | 0.03
Tissot and Dauphas, 2015 | CRM-112a | SW Pacific Ocean Seawater | -0.41 | 0.05
Tissot and Dauphas, 2015 | CRM-112a | SW Pacific Ocean Seawater | -0.41 | 0.03
Rolison et al., 2017 CRM-145 | Pacific SW Seawater | -0.40 | 0.08
Rolison et al., 2017 CRM-145 | Pacific SW Seawater | -0.38 | 0.09
Rolison et al., 2017 CRM-145 | Pacific SW Seawater | -0.39 | 0.08
Rolison et al., 2017 CRM-145 | Pacific SW Seawater | -0.36 | 0.08
Rolison et al., 2017 CRM-145 Pacific SW Seawater | -0.39 | 0.07
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Appendix 4.5: The relationship between planktic I/Ca ratios and the nearby

seawater oxygen availability
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The modern and Holocene core-top planktic I/Ca ratios vs. minimum Oz concentrations in nearby
subsurface seawater with depth >50m, data from Lu et al. (2016) and Lu et al. (2019). The
carbonate I/Ca <2.6 pmol/mol marks the boundary of poorly oxygenated subsurface seawater
(depth >50m) with [O2]aq <~70—100 pmol/kg (Lu et al., 2016; Lu et al., 2019).

Appendix 4.6: The three-sink U isotope mass balance model MATLAB codes

The code can be downloaded via the following google drive link:

https://drive.google.com/drive/folders/1oUcljUlfamlJilz8 Bpe EPTfI82a0Opzid?usp=share_link

Appendix 4.6.1: MATLAB codes for the three-sink U mass balance model

%parameters and values

ko=1.45*10"-21;% The rate constant for U removal under oxic condition.
kop=4.63*10"-20;% The rate constant for U removal under oxygen-poor condition.
ka=4.44*10"-19;% The rate constants for U removal under anoxic/euxinic condition.
do=0.02;% The U isotopic fractionation between seawater and the oxic sink.

dop=0.1;% The U isotopic fractionation between seawater and the oxygen-poor sink.
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da=0.6;% The U isotopic fractionation between seawater and the anoxic/euxinic sink.

Ur=-0.24;% The §**8U of discharged river waters.

% The following is the calculation of the max and min values of fanox of by using equations 16
and 17 in the manuscript, which is based on restrictions that fanox is @ member of set [0,1]
and fox + foxp<=1

x=linspace(-0.84,0)% The range of the oceanic §***U, this model produces negative values when
8238U<-0.84%o.

yl=linspace(0,1);% yl=-b1/kl, the y or x intercept, is the maximum value of fanox for a given
82°8U value.

y2=linspace(0,1);% y2=-b2/k2, the y or x intercept, is the minimum value of fanox for a given
8238U value.

k1=[(ka-kop)*(Ur-x)+kop*dop-ka*da]./[ko*do-kop*dop-(Ur-x)*(ko-kop)];% k1 and b1 are
calculated using equation 16.

b1=[kop*(Ur-x-dop)]./[ko*do-kop*dop-(Ur-x)*(ko-kop)];

yl=-bl./kl1;

k2=[(ka-ko)*(Ur-x)+ko*do-ka*da]./[kop*dop-ko*do-(Ur-x)*(kop-ko)];% k2 and b2 are
calculated using equation 17.

b2=[ko*(Ur-x-do)]./[kop*dop-ko*do-(Ur-x)*(kop-ko)];

y2=-b2./k2;

% The following is the calculation of the max and min value of foxp using equations 18 and 19
in Section 4.3.3, which is based on restrictions that foxp is a member of set [0,1] and fox +

fanox <=1
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x1=linspace(-0.84,-0.34);% The range of the oceanic §***U is (-0.84,0), there is an incontinuity at
-0.34, therefore we divided §?*%U into two sets: (-0.84,-0.34) and (-0.34,0).

x2=linspace(-0.34,0);

y3=linspace(0,1);% y3=-b3/k3, the y or x intercept, denotes the max estimate of foxp when §*38U
1s a member of set (-0.84,-0.34).

y4=linspace(0,1);% y4=-b4/k4, the y or x intercept, denotes the max estimate of foxp when §**¥U
is a member of set (-0.34,0).

k3=[(kop-ka)*(Ur-x1)+ka*da-kop*dop]./[ko*do-ka*da-(Ur-x1)*(ko-ka)];% k3 and b3 are
calculated using equation 18.

b3=[ka*(Ur-x1-da)]./[ko*do-ka*da-(Ur-x1)*(ko-ka)];

y3=-b3./k3;

k4=[(kop-ko)*(Ur-x2)+ko*do-kop*dop]./[ka*da-ko*do-(Ur-x2)*(ka-ko)];% k4 and b4 are
calculated using equation 19.

b4=[ko*(Ur-x2-do)]./[ka*da-ko*do-(Ur-x2)*(ka-ko)];

y4=-b4./k4;

% The estimated minimum values of foxp are negative, so the min of foxp should be 0 because foxp
is a member of set [0,1]

%graphing code

yyaxis left

plot(x,y1,'b-',x,y2,'b-"); axis([-0.9 0 0 1]);

ylabel('f {anox}(%)");

xlabel('6"{238}U_{oc}(%o)');

set(gca,'yticklabel',{'0','10', 20", '30", '40' ,'50','60', '70', '80'", '90' ,'100'} );
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yyaxis right

plot(x1,y3,'r-',x2,y4,'r-"); axis([-0.9 0 0 1]);

set(gca,'yticklabel',{'0",'10", 20", '30', '40' ,'50",'60', '70'", '80', '90' ,'100'} );
ylabel('f_{oxp}(%)");

ax=gca,

exportgraphics(ax,'fred anox Max and Min.jpg','Resolution',600)

Appendix 4.6.2: MATLAB codes for analysis of model sensitivity to the U of

river water

% The max and min values of fanox are calculated by using equations 16 and 17 in Section 4.3.3,
which is based on restrictions that fanox is @ member of set [0,1] and fox + foxp<=1

%parameters and values

ko=1.45*10"-21;% The rate constant for U removal under oxic condition.

kop=4.63*10"-20;% The rate constant for U removal under oxygen-poor condition.

ka=4.44%*10"-19;% The rate constant for U removal under anoxic/euxinic condition.

do=0.02;% The U isotopic fractionation between seawater and the oxic sink.

dop=0.1;% The U isotopic fractionation between seawater and the oxygen-poor sink.

da=0.6;% The U isotopic fractionation between seawater and the anoxic/euxinic sink.

% The calculation of the max and min values of fanox under different $*38U,;, scenarios.

Ur1=-0.24;% The §**%U of river = -0.24%o

x=linspace(-0.84,0);% The range of the oceanic §**3U, this model produces negative values when
§%38U<-0.84.

yl=linspace(0,1);% yl=-b1l/kl, the y or x intercept, is the maximum value of fanox for a given

&%38U value.
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y2=linspace(0,1);% y2=-b2/k2, the y or x intercept, is the minimum value of fanox for a given
828U value.

k1=[(ka-kop)*(Url-x)+kop*dop-ka*da]./[ko*do-kop*dop-(Ur1-x)*(ko-kop)];% k1 and b1 are
calculated using equation 16.

b1=[kop*(Url-x-dop)]./[ko*do-kop*dop-(Url-x)*(ko-kop)];

yl=-bl./kl1;

k2=[(ka-ko)*(Url-x)+ko*do-ka*da]./[kop*dop-ko*do-(Url-x)*(kop-ko)];% k2 and b2 are
calculated using equation 17

b2=[ko*(Ur1-x-do)]./[kop*dop-ko*do-(Url-x)*(kop-ko)];

y2=-b2./K2;

Ur2=-0.3;% The §**3U of river = -0.3%o

x1=linspace(-0.9,0);% The range of the oceanic 6***U, this model produces negative values when
§238U<-0.9.

y3=linspace(0,1);%y3=-b3/k3, the y or x intercept, is the maximum value of fanox for a given
828U value.

y4=linspace(0,1);% y4=-b4/k4, the y or x intercept, is the minimum value of fanox for a given
828U value.

k3=[(ka-kop)*(Ur2-x1)+kop*dop-ka*da]./[ko*do-kop*dop-(Ur2-x1)*(ko-kop)];% k3 and b3 are
calculated using equation 16.

b3=[kop*(Ur2-x1-dop)]./[ko*do-kop*dop-(Ur2-x1)*(ko-kop)];

y3=-b3./k3;

k4=[(ka-ko)*(Ur2-x1)+ko*do-ka*da]./[kop*dop-ko*do-(Ur2-x1)*(kop-ko)];% k4 and b4 are
calculated using equation 17.
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b4=[ko*(Ur2-x1-do)]./[kop*dop-ko*do-(Ur2-x1)*(kop-ko)];

yd=-b4./k4;

Ur3=-0.34;% The 6***U of river = -0.34%o

x2=linspace(-0.94,0);% The range of the oceanic §**%U, this model produces negative values
when §2°8U<-0.94.

yS=linspace(0,1);% y5=-b5/kS5, the y or x intercept, is the maximum value of fanox for a given
828U value.

y6=linspace(0,1);% y6=-b6/k6, the y or x intercept, is the minimum value of fanox for a given
828U value.

k5=[(ka-kop)*(Ur3-x2)+kop*dop-ka*da]./[ko*do-kop*dop-(Ur3-x2)*(ko-kop)];% k5 and b5 are
calculated using equation 16.

b5=[kop*(Ur3-x2-dop)]./[ko*do-kop*dop-(Ur3-x2)*(ko-kop)];

y5=-b5./kS;

k6=[(ka-ko)*(Ur3-x2)+ko*do-ka*da]./[kop*dop-ko*do-(Ur3-x2)*(kop-ko)];% k6 and b6 are
calculated using equation 17.

b6=[ko*(Ur3-x2-do)]./[kop*dop-ko*do-(Ur3-x2)*(kop-ko)];

y6=-b6./k6;

%graphing code
plot(x,y1,'b-'x,y2,'b-",x1,y3,'g-",x1,y4,'g-',x2,y5,'k-',x2,y6,'k-"); axis([-1 0 0 1]);
ylabel('f {anox}(%)');

xlabel('0" {238} U_{oc}(%o)");

set(gca,'yticklabel',{'0','10', 20", '30", '40' ,'50','60", '70', '80'", '90" ,'100'});
set(gca,'XTick',-1.0:0.1:0);
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ax=gca,

exportgraphics(ax,'fred anox Max and Minl.jpg','/Resolution’',600)

Appendix 4.6.3: MATLAB codes for analysis of model sensitivity to the U isotopic

fractionation between seawater and the anoxic/euxinic sink

% The max and min values of fanox are calculated by using equations 16 and 17 in Section 4.3.3,
which is based on restrictions that fanox is @ member of set [0,1] and fox + foxp<=1.

%parameters and values

ko=1.45*10"-21;% The rate constant for U removal under oxic condition.

kop=4.63*10"-20;% The rate constant for U removal under oxygen-poor condition.

ka=4.44%*10"-19;% The rate constant for U removal under anoxic/euxinic condition.

do=0.02;% The U isotopic fractionation between seawater and the oxic sink.

dop=0.1;% The U isotopic fractionation between seawater and the oxygen-poor sink.
p p ygen-p

Ur1=-0.24;% The 8***U of riverine= -0.24%o.

%the calculation of the max and min values of fiyox under different A, scenarios

da=0.6;% The U isotopic fractionation between seawater and the anoxic/euxinic sink, danox=0.6%o

x=linspace(-0.84,0);% The range of the oceanic §**3U, this model produces negative values when
8238U<-0.84%o.

yl=linspace(0,1);% yl=-b1l/kl, the y or x intercept, is the maximum value of fanox for a given
8238U value.

y2=linspace(0,1);% y2=-b2/k2, the y or x intercept, is the minimum value of fanox for a given
8238U value.

k1=[(ka-kop)*(Url-x)+kop*dop-ka*da]./[ko*do-kop*dop-(Ur1-x)*(ko-kop)];% k1 and b1 are

calculated using equation 16.
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bl=[kop*(Url-x-dop)]./[ko*do-kop*dop-(Url-x)*(ko-kop)];

yl=-bl./kl;

k2=[(ka-ko)*(Url-x)+ko*do-ka*da]./[kop*dop-ko*do-(Url-x)*(kop-ko)];% k2 and b2 are
calculated using equation 17

b2=[ko*(Ur1-x-do)]./[kop*dop-ko*do-(Url-x)*(kop-ko)];

y2=-b2./K2;

da2=0.4;% The U isotopic fractionation between seawater and the anoxic/euxinic sink,
danox=0.4%eo.

x1=linspace(-0.64,0);% The range of the oceanic 6***U, this model produces negative values
when §2*8U<-0.64%o.

y3=linspace(0,1);% y3=-b3/k3, the y or x intercept, is the maximum value of fanox for a given
828U value.

y4=linspace(0,1);% y4=-b4/k4, the y or x intercept, is the minimum value of fanox for a given
828U value.

k3=[(ka-kop)*(Url-x1)+kop*dop-ka*da2]./[ko*do-kop*dop-(Url-x1)*(ko-kop)];% k3 and b3
are calculated using equation 16.

b3=[kop*(Url-x1-dop)]./[ko*do-kop*dop-(Url-x1)*(ko-kop)];

y3=-b3./k3;

k4=[(ka-ko)*(Url-x1)+ko*do-ka*da2]./[kop*dop-ko*do-(Url-x1)*(kop-ko)];% k4 and b4 are
calculated using equation 17.

b4=[ko*(Ur1-x1-do)]./[kop*dop-ko*do-(Url-x1)*(kop-ko)];

ya4=-b4./k4;
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da3=0.8;% The U isotopic fractionation between seawater and the anoxic/euxinic sink,
danox=0.8%o.

x2=linspace(-1.04,0);% The range of the oceanic §**%U, this model produces negative values
when §2*8U<-1.04%o.

yS=linspace(0,1);% y5=-b5/k5, the y or x intercept, is the maximum value of fanox for a given
82°8U value.

y6=linspace(0,1);% y6=-b6/k6, the y or x intercept, is the minimum value of fanox for a given
8238U value.

k5=[(ka-kop)*(Ur1-x2)+kop*dop-ka*da3]./[ko*do-kop*dop-(Url-x2)*(ko-kop)];% k5 and b5
are calculated using equation 16.

b5=[kop*(Url-x2-dop)]./[ko*do-kop*dop-(Ur1-x2)*(ko-kop)];

y5=-b5./k5;

k6=[(ka-ko)*(Url-x2)+ko*do-ka*da3]./[kop*dop-ko*do-(Url-x2)*(kop-ko)];%k6 and b6 are
calculated using equation 17.

b6=[ko*(Ur1-x2-do)]./[kop*dop-ko*do-(Url-x2)*(kop-ko)];

y6=-b6./k6;

%graphing code

plot(x,y1,'b-'x,y2,'b-",x1,y3,r-'x1,y4,'r-'x2,y5,k-'x2,y6,'k-"); axis([-1.1 -0.1 0 1]);
ylabel('f {anox}(%)");

xlabel('0" {238} U_{oc}(%o)");

set(gca,'yticklabel',{'0','10', 20", '30", '40' ,'50','60', '70', '80'", '90" ,'100'} );
set(gca,'XTick',-1.3:0.1:-0.1);

ax=gca;
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exportgraphics(ax,'fred_anox Max and Min_anoxic fractionation_0.8.jpg','Resolution',600)

Appendix 4.6.4: MATLAB codes for analysis of model sensitivity to an extreme

scenario when the 8*3%U of river water = —0.34%o and A, = 0.8%o

% The max and min values of fanox are calculated by using equations 16 and 17 in Section 4.3.3,
which is based on restrictions that fanox is @ member of set [0,1] and fox + foxp<=1.

%parameters and values

ko=1.45*10"-21;% The rate constant for U removal under oxic condition.

kop=4.63*10"-20;% The rate constant for U removal under oxygen-poor condition.

ka=4.44%*10"-19;% The rate constant for U removal under anoxic/euxinic condition.

do=0.02;% The U isotopic fractionation between seawater and the oxic sink.

dop=0.1;% The U isotopic fractionation between seawater and the oxygen-poor sink.

da=0.8;% The U isotopic fractionation between seawater and the anoxic/euxinic sink.

Ur1=-0.34;% The 6°**U of river = -0.34%o.

%the calculation of the max and min values of fanox

x=linspace(-1.14,0);% The range of the oceanic 6238U, this model produces negative values
when oceanic §*¥U<-1.14.

yl=linspace(0,1);% yl=-bl/k1, the y or x intercept, is the maximum value of fanox for a given
oceanic 5**¥U value.

y2=linspace(0,1);% y2=-b2/k2, the y or x intercept, is the minimum value of fanox for a given
oceanic 6**3U value.

k1=[(ka-kop)*(Url-x)+kop*dop-ka*da]./[ko*do-kop*dop-(Url-x)*(ko-kop)];% k1 and bl are
calculated using equation 16.

bl=[kop*(Url-x-dop)]./[ko*do-kop*dop-(Url-x)*(ko-kop)];
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yl=-bl./kl;

k2=[(ka-ko)*(Url-x)+ko*do-ka*da]./[kop*dop-ko*do-(Url-x)*(kop-ko)];%k2 and b2 are
calculated using equation 17.

b2=[ko*(Ur1-x-do)]./[kop*dop-ko*do-(Ur1-x)*(kop-ko)];

y2=-b2./k2;

%graphing code

plot(x,y1,'k-",x,y2,'k-"); axis([-1.2 -0.2 0 1]);

ylabel('f {anox}(%)');

xlabel('0" {238} U_{oc}(%o)");

set(gca,'yticklabel', {'0','10", '20', '30', '40','50','60", '70', '80', '90" ,'100'} );
set(gca,'XTick',-1.2:0.1:-0.2);

ax=gca;

exportgraphics(ax,'fred anox Max and Min_anoxic fractionation_0.34 0.8.jpg','Resolution’,600)

Appendix 4.7: The 6**¥Ucar, values and U contents of the Green Point Formation
limestone and the modern Bahamas primary aragonite precipitates

The §?*3Ucarb values and U contents of the Green Point Formation limestone (this study).

Sample U 28y

ID Mg/Ca pg/g %0 +20 n
GP 2 0.009 1.56 -0.27 0.04 4
GP 7 0.009 2.44 -0.46 0.05 3
GP 14 0.009 2.53 -0.18 0.08 4
GP 18 0.009 1.62 -0.23 1
GP 22 0.009 3.10 -0.19 0.01 3
GP 25 0.011 0.78 -0.37 1
GP 28 0.014 1.83 -0.41 0.09 3
GP 29 0.010 0.46 -0.49 0.10 4
GP 30 0.010 0.24 -0.70 0.04 3
GP 33 0.015 1.19 -0.21 |
GP 34 0.011 0.60 -0.69 0.12 4
GP 35 0.012 2.08 0.00 0.05 3
GP 38 0.011 0.35 -0.63 0.09 4
GP 40 0.011 0.30 -0.97 0.15 4
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Table continued

Sample U 8238y

ID Mg/Ca ugl/g %0 +20 n
GP 41A 0.020 0.30 -0.41 0.02 3
GP 45 0.011 0.24 -0.82 0.02 3
GP 46 0.009 0.20 -0.41 1
GP 47 0.009 0.41 -0.53 0.06 3
GP 48 0.014 0.77 -0.44 0.09 2
GP 53 0.012 0.11 -0.66 0.11 4
GP 59 0.021 1.25 -0.33 0.13 4

The modern primary aragonite precipitates in the Great Bahamas (Romaniello et al., 2013).

Depth U B8y
Location cm Mg/Ca ngl/g %0 +20 n
Core 1 0-3 0.041 2.99 -0.19 0.14 3
T. testudium Flat 4-6 0.043 3.35 -0.12 0.29 3
8-11 0.043 3.61 -0.15 0.09 3
12-4 0.042 4.15 -0.13 0.04 3
16-18 0.041 4.69 -0.16 0.05 3
24-26 0.038 5.00 0.03 0.17 3
32-34 0.041 4.73 0.07 0.19 3
40-42 0.043 5.44 0.14 0.25 3
Core 2 0-3 0.018 3.78 -0.16 0.04 3
Tidal Flat 6-9 0.018 391 -0.13 0.03 3
12-15 0.020 3.98 -0.21 0.11 3
18-21 0.020 3.97 -0.19 0.05 3
21-24 0.020 3.96 -0.12 0.16 3
Core3 1-4 0.057 3.12 -0.23 0.15 3
T. testudium Flat 6-9 0.052 3.44 -0.24 0.14 3
10-14 0.055 343 -0.16 0.17 3
17-21 0.056 3.52 -0.18 0.09 3
19-22 0.053 3.92 -0.18 0.15 3
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